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ABSTRACT

This dissertation examines the interplay between tectonic and magmatic processes that
influence the nature of volcanically active regions. In particular, I address how faulting, fluid
transport, and magma intrusion interact in a variety of settings, including continental rifts,

large igneous provinces (LIPs), and monogenetic volcanic fields.

In the East African Rift (EAR), I combine structural measurements and field
observations with geochronology, geochemistry, and seismicity data to investigate how
continental breakup initiates and evolves. Analyses of volcanic cone lineaments illustrate
variations in the geometries and distributions of dike intrusions along the rift. In early stage
basins (<10 Ma), upper crustal dikes are confined to transfer zones — then, as rifting
progresses (>10 Ma), dikes begin to accommodate extension along the entire length of the

basin.

Measurements of diffuse gas flux in the EAR demonstrate that significant volumes of
magmatic CO, (>4 Mt yr'l) are rising along faults from upper mantle/lower crustal magma
bodies. Over the entire EAR, this tectonic degassing (~71£33 Mt yr'l) contributes
significantly to Earth’s natural CO, budget. Moreover, the release of magmatic volatiles
assists strain localization and the development of new rift segmentation within existing half-
graben depressions. Newly developing segments become kinematically linked with existing
rift segments through the reactivation of rift-oblique basement fabrics. Resulting transverse
faults postdate rift-parallel fault systems, indicating that preexisting weaknesses play a critical

role at all stages of rift development.
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A regional synthesis of sill-fed dikes of the Ferrar LIP, Antarctica, and field and
remote-sensing analysis of the Hopi Buttes volcanic field, Arizona, highlights the role of
interconnected dike-sill systems in feeding eruptions. Measurements reveal a previously
unrecognized feeder system to LIP eruptions—analogous to a “cracked 1lid” atop a sill
network—that may be the archetypal model for LIPs that intrude sedimentary basins
undergoing negligible regional extension. At Hopi Buttes, several characteristic shallow
feeder systems are identified: (1) dike-dominated, (2) sill-dominated, and (3) interconnected
dike-sill networks. Dike-fed eruptions are common, but sills also modulate the flow of magma
toward and away from eruptive conduits, providing a novel mechanism for lateral vent

migration and changes in magma-water ratios that lead to explosive volcanism.
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CHAPTER 1: INTRODUCTION

Volcano-tectonic systems are responsible for the growth of lithosphere, buildup of
mountains, and rifting of continents. They produce hazardous volcanic eruptions and
earthquakes, release mantle-derived gases that modulate Earth’s climate, and provide natural
resources such as rare-earth minerals and hydrothermal energy. Over the past few decades, the
research community has increasingly emphasized that the observed complexity of volcano-
tectonic systems results from not one or two primary drivers, but from dynamic feedbacks
among many processes—particularly among regional tectonics, inherited crustal weaknesses,
magma intrusion, and volatile release (Buck, 2004; Ebinger, 2005; Rowland et al., 2010;
Rowland and Simmons, 2012; Wright et al., 2012). Understanding how these interrelated
processes operate and evolve is of fundamental importance to both hazards resilience and

access to valuable resources.

To investigate tectonic-magmatic interactions, we require an understanding of the sub-
surface architecture of volcanically active regions. However, the inaccessibility of magma
plumbing systems limits our ability to visualize their geometry, depth extent, and relationship
to fault networks. As a result, volcanic systems are often viewed through the lens of igneous
geology and petrology — which typically envisages the buoyant rise magma through sub-
vertical dikes extending upward from deep magma reservoirs directly underlying volcanoes
(Tibaldi, 2015, and references therein). However, a fuller picture emerges at the intersection
of volcanology-petrology, structural geology, and geophysical methods that illuminate active
magma pathways in the subsurface. More specifically, this includes considering field
observations of exposed intrusions in the context of geophysical (e.g., seismic tomography;

Keranen et al., 2004; Keir et al., 2009a), geochemical (e.g., magma geochemistry, mineral



diffusion modelling; Rooney et al., 2011; Cooper et al., 2012; Barker et al., 2016), geodetic
(e.g., InSAR; Biggs et al., 2009a; Wauthier et al., 2013), and volcano-structural observations
(e.g., volcanic lineament analyses; Condit and Connor, 1996) of both active and inactive

volcanic-tectonic systems.

Recently, interdisciplinary studies have revealed a spectrum of complexly
interconnected magma networks in extensional tectonic settings. At volcanically active rifts
(e.g., Taupo Rift, New Zealand), dikes can intrude laterally for 10s to possibly even 100s of
kilometers, and can link magma systems with >50 km horizontal separations (Rowland et al.,
2007; Biggs et al., 2016). These diking events are triggered by magma replenishment from
below (i.e, the mantle) or from changes in the tectonic stress state in the upper crust (Buck et
al., 2006; Rowland et al., 2010; Allan et al., 2012; Barker et al., 2016; Biggs et al., 2016). The
intrusions themselves may accommodate 100s of years of accumulated extensional strain and
drive static stress changes that initiate shallow (<10 km) normal faulting. Dike intrusion thus
plays a key role in controlling rift basin architecture and surface topography (Buck et al.,
2005; Rowland et al., 2007; Pinzuti et al., 2010; Wright et al., 2012). Intrusive swarms at
spreading ridge centers in Iceland also exhibit varying geometrical arrangements, such as
radial dike or cone sheet patterns (Gudmundsson, 1995a; Paquet et al., 2007). However, it is
currently unknown how the geometries of upper crustal dike networks vary within continental
rift settings as they evolve through time, even in well-studied and volcanically active areas

like the East African Rift.

Seismic reflection and field studies of sill complexes also illustrate that magma can
travel within interconnected sill networks for upwards of 12 kilometers vertically (Cartwright

and Hansen, 2006), and for 100s to even 1000s of kilometers laterally (Aspler et al., 2002;



Leat, 2008; Magee et al., 2016). In support of these assertions, geodetic and seismicity data
from the 2010 Eyjafjallajokull eruption, Iceland, show that magma traversed a network of sills
that extended to the base of the crust (~20 km; Sigmundsson et al., 2010; Tarasewicz et al.,
2012). Some authors even suggest that interconnected sill complexes, rather than giant dikes,
can feed flood basalts, although such claims are currently contested (cf., Larsen and

Marcussen, 1992; Hald and Tegner, 2000; Cartwright and Hansen, 2006).

Volatiles released from these subsurface magma systems may also interact with
tectonic systems and assist continental rift processes. Fluids are known to mechanically
weaken lithosphere through increases in pore fluid pressures (Sibson, 2000; Reyners et al.,
2007) and hydration mineral reactions (Harte, 1983; Menzies, 1983; Moore and Rymer,
2007). Earthquake swarms signaling brittle failure in the crust and upper mantle have been
detected beneath cratonic lithosphere in the East African Rift, and interpreted as the rise of
volatiles through the plate (Seno and Saito, 1994; Lindenfeld et al., 2012; Albaric et al.,
2014). However, the volumes of fluids released from magma bodies in extensional rift

systems, and the role these fluids play in strain localization, is yet to be resolved.

In this dissertation, I examine a broad range of volcanic-tectonic systems, including
continental rifts, large igneous provinces, and monogenetic volcanic fields (Fig. 1.1). The
purpose of this work is to investigate how structural and magmatic processes interact in
complex and interesting ways to control the nature of faulting, magmatic strain
accommodation, fluid transport, and eruption. More specifically, I address the following

topics:



1. How do the orientations and spatial occurrences of upper crustal dike networks
vary over the course of continental rift evolution?

2. What is the volume of fault-controlled magmatic CO, released along the East
African Rift, and the role of magmatic volatiles in driving rift basin
development?

3. How do preexisting structures affect faulting and strain localization during rift
initiation and evolution?

4. What is the typical geometrical arrangement of LIP feeder systems and are sill
networks capable of feeding voluminous lava eruptions?

5. What processes govern the intrusive architecture of monogenetic fields, and

how does their development affect eruptive style and vent location?

Below, I introduce the various tectonic-magmatic settings investigated in this

dissertation, and summarize the salient points motivating each topic.

1.1 Continental rifts

Continental rifts are zones of tectonic extension, often accompanied by magmatism.
Extensional tectonic forces at continental rift settings are primarily accommodated by a
combination of normal faulting and dike intrusion in the upper crust, and ductile thinning and
magmatism at lower crustal levels (Buck, 1991; Ebinger and Casey, 2001; Ebinger, 2005;
Behn et al., 2006; Corti, 2009). Examples of active continental rifts include the Basin and
Range (USA), Taupo (New Zealand), Baikal (Russia), Rio Grande (USA), and East African
rifts (Fig. 1.1). Some continental rifts undergo stretching and strain localization to the point of

continental breakup, transitioning to seafloor spreading to create new oceanic lithosphere.
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Figure 1.1. (previous page). Distribution of Earth’s continents (white), and passive margins (color gradients)
modified from Magee et al. (2016). Also shown are the locations of volcanic and magma-poor rifted margins,
continental rifts, large igneous provinces, and monogenetic fields discussed in Section 1. The target sites for this
dissertation are shown as red-filled circles. VF = volcanic field. LIP = large igneous province.

Once seafloor spreading initiates, the continental rift zone becomes a passive margin, like
those observed today along the eastern margins of North and South America (Fig 1.1). These

margins eventually subside below sea level as the lithosphere cools post-rifting.

1.1.1 Magma-poor vs volcanic rifted margins

Much of the geological record of continental rifting comes from seismic reflection and
field studies of passive margins (O’Reilly et al., 1996; Eldholm et al., 2000; Whitmarsh et al.,
2001; Manatschal, 2004; Masini et al., 2011; Franke, 2013). Two end-member margin types
are recognized: volcanic rifted margins and magma-poor rifted margins (Franke, 2013) (Fig.
1.2). Magma-poor rifted margins are characterized by extensive zones (>100 km wide) of
rotated fault blocks and fault surfaces that may extend to the base of the continental crust
(Whitmarsh et al., 2001). They do not have significant syn-rift volcanism, although
magmatism does become prevalent after continental breakup has taken place (Franke, 2013).
Examples include the Alpine-Tethys Margin (central Europe) and the Senegal basin (offshore

NW Africa) (Manatschal, 2004; Hansen et al. 2008).

In contrast, volcanic rifted margins are characterized by widespread syn-rift
magmatism (Eldholm et al., 2000). The normal fault systems are less widespread compared to
their magma-poor counterparts, occurring in zones ~50-100 km wide (Franke, 2013). Fault
development occurs coevally with magma intrusion and volcanism. These margins commonly

have seaward-dipping reflectors in seismic reflection data, interpreted as tilted syn-rift lavas



(Eldholm et al., 2000). They also contain anomalously high lower-crustal seismic velocities
(often above 7.3 m s'l) over a ~50 km-wide zone immediately inboard of the continent-ocean
transition (Fig. 1.2) (Eldholm et al., 2000; Franke, 2013). These high velocity zones have
been attributed to the emplacement of lower crustal magma bodies (Eldholm et al., 2000;
White et al., 2008), serpentinization of mantle lithosphere (Lundin and Doré, 2011) and, in
rare instances, inherited high-grade metamorphic rocks (Ebbing et al., 2006). Examples of
volcanic rifted margins include the Rockall and Faroe-Shetland basins (offshore UK), and

NW Australian shelf (Falvey and Mutter, 1981; O’Reilly et al., 1996).

A Magma-poor Rifted Margin
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—
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Figure 1.2. Simplified illustration of the structure of magma-poor (A) and volcanic (B) rifted margins modified
from Franke (2013).



1.1.2 Understanding rift initiation and evolution: the East African Rift

The volcanically active Eastern rift (also known as the eastern branch) of the East
African Rift (EAR) is analogous to volcanic rifted margins (Figs. 1.1 and 1.3), and is often
referred to as a magma-rich rift setting (Ebinger et al., 2013). Geophysical studies indicate
significant volumes of magma in the lower crustal (Mechie et al., 1997). Riftward-dipping
lava sequences in evolved rift basins in Ethiopia show similarities to seaward-dipping
reflectors seen along rifted margins (Eldholm et al., 2000; Wolfenden et al., 2004; Le Gall et
al., 2011; Corti et al., 2015). Seismic tomography and xenolith studies suggest that rifting in
the EAR initiated in thick (>100 km) continental lithosphere (Ritsema et al., 1998; Chesley et
al., 1999; Vauchez et al., 2005), with strain localizing along the boundary between the
Archean Tanzanian Craton and Proterozoic Mozambique Belt rocks (McConnell, 1972;

Rosendahl, 1987; Daly et al., 1989).

Figure 1.3. Distribution of the East African Rift across Africa. Brown polygons refer to the general area of recent
rift-related extension and magmatism, with the Eastern and Western rift arms also annotated. These rift sectors
have also been referred to previously as the eastern and western branches (e.g., Rosendahl et al., 1987; Koptev et
al., 2015).



The Eastern rift of the EAR has been a focus area for studies of rift initiation in thick,
strong, continental crust (Ebinger, 2005). The key issue here is that extensional forces related
to lithospheric uplift above hot mantle plumes are theoretically too weak to rupture crust >30
km thick (Buck et al., 2006) — so how does the rifting process get started? In the EAR, rifting
has been accompanied by significant volcanism, including the flood basalt eruptions of the
Ethiopian Traps (Hofmann et al., 1997; Ebinger and Sleep, 1998; George et al., 1998; Pik et
al., 2006). With magmatism comes volatile release at depth (Gerlach, 1989; Hilton et al.,
2011; de Moor et al., 2013a,b), which weakens the crust and drives faulting at mid- to lower-
crustal levels (Seno and Saito, 1994; Lindenfeld et al., 2012; Albaric et al., 2014). Large rift-
bounding faults also appear to localize along preexisting basement shear zones (Smith and
Mosley, 1993; Katumwehe et al., 2015a). Collectively, these studies suggest that rifting in
East Africa requires the assistance of magmatism, magmatic volatile release, and preexisting
weaknesses. Understanding the contributions of each of these processes over the course of
continental rift evolution is fundamental to our understanding of how extensional plate
boundaries develop, and how early-stage (<10 Ma) continental rifting initiates in thick

lithosphere.

1.1 Large igneous provinces

Large igneous provinces (LIPs) represent the most voluminous magmatic events in
Earth’s history (Coffin and Eldholm, 1994; Ernst et al., 2005; Coffin et al., 2006; Bryan and
Ernst, 2008; Byan and Ferrari, 2013). The volume of erupted lavas (>104 km’ ) and associated
gas emissions (1000s of Mt yr'1 of SO,) (Self et al., 2006), combined with the recognized
links between LIPs and continental breakup (Hooper, 1990; Courtillot et al., 1999), point to

their global tectonic and climatic importance (Ernst, 2014). LIPs are also responsible for the
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episodic generation of new crust. For example, during Siberian Traps volcanism at ~250 Ma,
more than 1% of Earth’s land surface was covered by fresh volcanic rock (Renne and Basu,

1991).

LIPs are defined by Bryan and Ernst (2008) as magmatic provinces with areal extents
>10° km?, volumes >10° km?, and lifespans of up to ~50 million years. The province must
occur within the same intraplate tectonic settings and/or have geochemical affinities, and be
characterized by igneous pulse(s) of short duration (~1-5 Myr) that are responsible for a
significant portion (>75%) of the total igneous material emplaced. In this sense, magma-rich
continental rifts may also be classified as LIPs. In the case of the East African Rift, erupted
volumes are certainly large enough (e.g., the >2 x 10° km® Ethiopian Traps; Courtillot et al.,
1999), and thus the system has been referred to by some authors as the Afro-Arabia LIP (e.g.,

Baker et al., 1996; Courtillot et al., 1999; Bryan and Ernst, 2008).

Magma transport from the upper mantle/lower crust in LIPs is traditionally thought to
occur through swarms of giant dikes (Ernst et al., 1995; Thordarson and Self, 1996, 1998;
Ernst et al., 2001; Coffin et al., 2006). As such, studies have primarily focused on continental-
scale magma transport dynamics within giant dike swarms, such as the Mackenzie (Canada)
and Okavango (southern Africa) dike swarms (Ernst and Baragar, 1992; Baragar et al., 1996;
Aubourg et al., 2008). Many flood basalts eruptions (e.g., Columbia River and Deccan Trap
basalts; Thordason and Self, 1996; Ray et al., 2007) are thought to be fed by similar swarms
of long (>100 km), subparallel dikes. However, some LIPs show evidence for the
emplacement of volumetrically significant sills in the shallow crust (depths <4 km), such as
the Karoo and Siberian LIPs (Naldrett et al., 1995; Chevallier and Woodford, 1999). Seismic

reflection surveys of LIPs within volcanic rifted margins also reveal interconnected sills that
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extend up to 12 km vertically in the upper crust (Cartwright and Hansen, 2006; Rohrman,
2013). These recent observations have provided a conceptual shift in our understanding of the
role of sills in LIP magma transport (Magee et al., 2016), which were previously viewed
solely as sites of magma emplacement and storage (cf., Francis, 1982; Coffin et al., 2006;
Cartwright and Hansen, 2006). Currently, the role that sills play in magma transport for LIPs
is therefore poorly constrained, and it is debated whether interconnected sill complexes, in
addition to giant dike swarms, feed voluminous lava eruptions (cf., Larsen and Marcussen,

1992; Hald and Tegner, 2000; Cartwright and Hansen, 2006).

1.2 Monogenetic volcanic fields

Simply stated, a monogenetic volcano is a small-volume (<1 km®) scoria cone or
maar-crater, which generally forms over a single eruptive episode lasting months to years
(Wood, 1980; Connor and Conway, 2000; Kereszturi and Németh, 2012; McGee et al., 2012;
Albert et al., 2016). Notable recent examples include the eruptions of the Paricutin (1943—
1952 AD) and Jorullo volcanoes (1759-1774 AD) of the Michoacdn—Guanajuato volcanic
field in Mexico (Foshag and Gonzalez-Reyna, 1956; Johnson et al., 2008; Albert et al., 2016).
By comparison, polygenetic volcanoes such as stratovolcanoes or calderas tend to have much
longer lifespans (tens to hundreds of thousands of years), over which numerous eruptive
events (typically >100s) produce eruptive volumes >100 km® — examples include Mount St.
Helens, Vesuvius, Taupo, and Kilauea (Carey and Sigurdsson, 1987; Ryan, 1988; Priest,

1990; Wilson et al., 1995).

The volume of material produced during eruptions in monogenetic fields (no more

than a few km> ; Allen and Smith, 1994; Kereszturi and Németh, 2012; Albert et al., 2016) has



12

been historically smaller than those produced during explosive eruptions at polygenetic
volcanoes (e.g., ~30 km?> during the 1815 Tambora eruption, Indonesia; Self et al., 2004) and
fissure eruptions in magma-rich rift systems (~15 km’® during the 1783-1784 Laki eruption,
Iceland; Thordarson et al., 1996). However, a disproportionate number of major cities are
built directly on monogenetic fields, including Mexico City (Mexico), Auckland (New
Zealand), and Portland (Oregon). It is clear that a monogenetic eruption of any size would
have significant economic and societal impacts in these densely populated areas. Historically,
monogenetic eruptions have had durations on the order of months to a few years (Albert et al.,
2016), and are known to vary in style and scale over the course of a single, ongoing event
(Houghton et al. 1999; Ort and Carrasco-Nunez 2009; McGee et al. 2012; Valentine and
Cortés 2013). Understanding how intrusive-extrusive systems develop and interact during

these volcanic crises is of considerable importance to hazards mitigation.

Monogenetic fields consist of tens to thousands of monogenetic volcanoes within the
same intraplate setting (Connor and Condit, 1996; Németh and Martin, 2007; Le Corvec et al.,
2013a). The term ‘monogenetic field’ itself has been criticized due to its loose application in
the literature (cf., Sheth and Cafién-Tapia, 2015; Albert et al., 2016). It is often confused with
volcanic fields, which can consist of a combination of monogenetic and polygenetic
volcanoes (Canon-Tapia, 2016). Furthermore, the volume of a monogenetic (single) eruption
can vary greatly (up to 100s of km?; Self et al., 2008)—therefore, some authors advocate the
phrase ‘diffuse volcanic field’ to distinguish monogenetic fields from lava fields (i.e., flood

basalts) produced during LIP volcanism (Sheth and Cafién-Tapia, 2015).

In this dissertation, a monogenetic field is defined as an area of diffuse (low-density),

mafic volcanism, comprising small-volume monogenetic volcanoes in the same intraplate
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tectonic setting. It is interesting to note that the East African Rift frequently produces
monogenetic eruptions, forming small volcanic cones and fissure-fed lavas (e.g., Casey et al.,
2006; Ebinger, 2010; Smets et al., 2010). However, the cone fields described in the EAR in
this dissertation (Chapter 2) do not comprise a monogenetic field sensu stricto because the
magma volumes are so large (e.g., Mechie et al., 1997; Keranen et al. 2004; Kendall et al.,
2005; Keir et al., 2010, 2011a; Ebinger et al., 2010; Smets et al., 2010; Wauthier et al., 2013;
Guth, 2015) that the overall system would be better classified as an LIP (Bryan and Ernst,
2008). The term monogenetic field, as it is used in Chapter 7, instead applies to the diffuse
volcanic fields of Sheth and Canon-Tapia (2015), such as the Auckland (New Zealand) and

Boring volcanic fields (Oregon, USA) (McGee et al., 2012; Fleck et al., 2014).

1.4 Thesis aims and structure

The five main topics outlined earlier are addressed in six chapters. Each is briefly
summarized below, with a description of co-author contributions (not including advisor

contributions).

Chapter 2: This chapter is based on a paper published during the completion of this
dissertation (Muirhead, J. D., Kattenhorn, S. A., Le Corvec, N., 2015, Varying styles of
magmatic strain accommodation across the East African Rift: Geochemistry, Geophysics,
Geosystems, v. 16, p. 2775-2795, doi:10.1002/2015GC005918). It covers the first regional
analysis of the distribution and orientation of upper crustal dikes across the East African Rift,
inferred from volcanic cone morphometry and alignments. For this study, I performed remote-
sensing mapping (from aerial photos and Google Earth imagery) of >1000 volcanic cones and

craters, with accompanying clustering, morphometric, and alignment analyses. I analyzed and
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compared these structural patterns with the distribution and geometries of normal fault
systems and existing fault plane solutions. N. Le Corvec assisted with the use of a Matlab

script for creating alignments and provided comments on the paper.

Chapter 3: This chapter is based on a paper published during the completion of this
dissertation (Lee, H., Muirhead, J.D., Fischer, T.P., Ebinger, C.J., Kattenhorn, S.A., Sharpe,
Z.D., Kianji, G., 2016, Massive and prolonged deep carbon emissions associated with
continental rifting: Nature Geoscience, v. 9, p. 145-149, doi:10.1038/nge02622). It provides
the first investigation of magmatic CO, degassing through rift-wide fault systems in the East
African Rift. The ~20 day field study (June to July, 2014) was planned and performed by
myself and collaborators T. Fischer and H. Lee, with additional field assistance from G.
Kianji in the Magadi basin, Kenya. I created fault maps from aerial imagery, which were used
to plan the target sites. Along with H. Lee and T. Fischer, I collected CO; flux data using a
soil accumulation chamber, and gas samples for isotope analyses. After the completion of
field work, H. Lee analyzed carbon isotope data at the University of New Mexico, while |
compiled and analyzed the CO, flux data for spatial comparisons with fault structure.
Seismicity data were analyzed and provided by C. Ebinger. The paper was written primarily
by myself and H. Lee. T. Fischer, C. Ebinger, and Z. Sharpe provided comments to the
manuscript, and C. Ebinger wrote the seismicity methods section, which I edited (Section

3.8.4).

Chapter 4: This chapter is an unpublished study investigating the distribution of
upper crustal faulting in the 3 Ma Natron and 7 Ma Magadi basins using quantitative fault-
strain analyses and new Y Ar/* Ar dates of volcanic deposits. For this study, I collected fault

data and sampled volcanic rocks in Kenya and Tanzania during ~50 days of field work in
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June 2012, July 2013, and June-July 2014. Field work assistance was provided by E. Dindi
and G. Kianji (University of Nairobi). I mapped >1000 normal faults in the Natron and
Magadi basins and undertook fault-strain analyses. These results where compared with
regional extensional strain from: (1) GPS modelling (calculations and analyses performed by
D. S. Stamps of Virginia Polytechnic Institute and State University); and (2) the distribution
and geochemical signature of observed hot springs (geochemical data provided by H. Lee and
T. Fischer of University of New Mexico). YA Ar dating was performed by S. Mana

(Columbia University) and B. Turrin (Rutgers University).

Chapter 5: This chapter provides a revised field and remote-sensing analysis of the
mechanics of faulting along the transverse Kordjya fault of the Magadi basins. It is the first
study to illustrate the important role of transverse fault structures in assiting the tectonic-
magmatic evolution of rift basins in Kenya, and the EAR generally. I collected structural data
during ~35 days of field work in the Magadi basin, Kenya, in July 2013, and June-July 2014. I
also analyzed and mapped the fault system remotely, using aerial photography and Shuttle

Radar Topography Mission data.

Chapter 6: This chapter is based on a paper published during the completion of this
dissertation (Muirhead, J. D., Airoldi, G., White, J.D.L., Rowland, J.V., 2014, Cracking the
lid: Sill-fed dikes are the likely feeders of flood basalt eruptions: Earth and Planetary Science
Letters, v. 406, p. 187-197, doi:10.1016/;.eps1.2014.08.036). This study provides the first
complete catalogue of the dimensions and distribution of regionally exposed sill-fed dike
intrusions of the Ferrar LIP in South Victoria Land, Antarctica. These data were used to
analyze the tectonic-magmatic environment during Ferrar LIP emplacement, as well as the

ability for sill networks to feed eruptions at the surface. I compiled the data from previously
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published maps and new mapping of the region from Google Earth satellite imagery. Photos
in Figs. 6.3 and 6.4 were collected during two field seasons, one from December 2006 to
January 2007, and other in December, 2008. Co-authors G. Airoldi, J. White, and J. Rowland
were involved during fieldwork in the region from 2006-2008 and provided comments on the

manuscript.

Chapter 7: This chapter is based on a paper published during the completion of this
dissertation (Muirhead, J.D., Van Eaton, A.R., Re, G., White, J.D.L., Ort, M.H., 2016,
Monogenetic volcanoes fed by interconnected dikes and sills in the Hopi Buttes volcanic
field, Navajo Nation, USA: Bulletin of Volcanology, v. 78, p. 1-16, doi: 10.1007/s00445-016-
1005-8). This study provides the first regional analysis of dike, sill, and conduit feeder
systems in the Hopi Buttes volcanic field, Arizona, revealing a variety of shallow feeder
systems to monogenetic fields. Field data for this study were collected by A. Van Eaton and
myself, with assistance from J. White, G. Re, and M. Ort, during field work in April, October,
and November, 2014 (20 days total). I also measured intrusions from Google Earth imagery,
and analyzed the remote-sensing data along with data collected in the field. I wrote the paper,

with comments and contributions from all the co-authors.
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CHAPTER 2: UPPER CRUSTAL DIKING IN THE EAST AFRICAN RIFT

Chapter based on: Muirhead, J. D., Kattenhorn, S. A., Le Corvec, N., 2015, Varying styles of
magmatic strain accommodation across the East African Rift: Geochemistry, Geophysics,

Geosystems, v. 16, p.2775-2795, doi:10.1002/2015GC005918.

2.1 Abstract

Observations of active dike intrusions provide present day snapshots of the magmatic
contribution to continental rifting. However, unravelling the contributions of upper crustal
dikes over the timescale of continental rift evolution is a significant challenge. To address this
issue, the morphologies and alignments of >1,500 volcanic cones are analyzed to infer the
distribution and trends of upper crustal dikes in various rift basins across the East African Rift
(EAR). Cone lineament data reveal along-axis variations in the distribution and geometries of
dike intrusions as a result of changing tectono-magmatic conditions. In younger (<10 Ma)
basins of the North Tanzanian Divergence, dikes are largely restricted to zones of rift-oblique
faulting between major rift segments, referred to here as transfer zones. Cone lineament trends
are highly variable, resulting from the interplay between (1) the regional stress field, (2) local
magma-induced stress fields, and (3) stress rotations related to mechanical interactions
between rift segments. Similar cone lineament trends are found in transfer zones in the
western branch of the EAR, such as the Virunga Province, Democratic Republic of the
Congo. The distributions and orientations of upper crustal dikes in the Eastern rift of the EAR
vary during continental rift evolution. In early-stage rifts (<10 Ma), upper crustal dikes play a

limited role in accommodating extension, as they are confined to areas in and around transfer
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zones. In evolved rift basins (>10 Ma) in Ethiopia and the Kenya Rift, rift-parallel dikes

accommodate upper crustal extension along the full length of the basin.

2.2 Introduction

The role of dike intrusions in driving continental breakup is at the center of a long-
standing controversy that is fundamental to our understanding of plate tectonics (Sengor and
Burke, 1978; White and McKenzie, 1989; Ernst et al., 2005; Havlin et al., 2013). Similar to
large earthquakes, dike-driven rifting episodes can accommodate centuries of extensional
stresses accumulated along divergent plate boundaries (Wright et al., 2012; Ebinger et al.,
2013). Furthermore, if a steady supply of magma is available, dike intrusion will become the
preferred mode of strain accommodation (Buck, 2004, 2006), thereby deactivating the large

border faults that flank many rift systems (Ebinger and Casey, 2001; Wolfenden et al., 2004).

Investigating the 3-D magmatic architecture of continental rifts is critical to our
broader understanding of magma-driven, plate tectonic processes (Keranen et al., 2004;
Wright et al., 2012). Numerical models investigating the mechanical effects of diking to rift
processes often depict simplified two-dimensional cross sections of rift basins parallel to the
extension direction (e.g., Buck et al., 2005; Behn et al., 2006; Behn and Ito, 2008). Such
studies implicitly assume that all dikes intrude rift-parallel along the rift axis. However,
exposures of intrusive swarms at some rift settings (e.g., Iceland) reveal complex 3-D
geometries, with both the abundance and orientations of intrusions varying spatially along rift
axes (Paquet et al., 2007). If geometrically and spatially complex dike networks are present in
continental rifts, then the mechanisms for accommodating extension (tectonic vs magmatic)

will vary along-axis. For example, when upper crustal dikes are focused into confined
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locations along-axis, magmatism will only partially accommodate extension, with normal
faulting acting as the primary mode of strain accommodation across the remaining parts of the
rift (e.g., Central vs Northern Taupo Volcanic Zone) (Rowland et al., 2010). Furthermore,
complex dike patterns (e.g., cones sheets, radial diking) may indicate that dike orientations are
controlled by local perturbations in the tectono-magmatic stress regime (e.g., pressurized

magma chambers) (Gudmundsson, 1998), rather than the regional extensional stress field.

Much of our understanding of the contribution of dikes to continental rifting comes
from geodetic and seismological observations of dike intrusion events (Einarsson,1991;
Calais et al., 2008; Wright et al., 2006, 2012). In particular, the 2005-2010 Afar rifting crisis
in Ethiopia provided insights into dike intrusion processes occurring in evolved rift segments
in the triple junction between the Red Sea, Gulf of Aden, and East African rifts (Wright et al.,
2012). At least 13 dikes intruded the Dabbahu-Manda Hararo rift along the full 65 km-length
of the rift segment. These dikes propagated laterally at depths of 1-10 km, sourced from a
magma reservoir near the center of the rift segment (Ayele et al., 2009; Grandin et al., 2010;
Ebinger et al., 2010). Based on these observations, it is likely that the internal architecture of
rift segments in Ethiopia is rife with long sub-parallel dikes (Keir et al., 2005, 2006; Kendall

et al., 2005; Bastow et al., 2010; Keir et al., 2011a; Mazzarini et al., 2013a, b).

Less is known, however, about the magmatic architecture of East African Rift (EAR)
basins over the course of their evolution. Dike-rifting events in early-stage portions of the rift
(<10 Ma) are relatively rare. Two dikes were recorded in the Natron basin (Tanzania) in 2007,
however, their lengths were short (<10 km) and the intrusions were locally confined to

Oldoinyo Lengai volcano (Calais et al., 2008; Biggs et al., 2013). Consequently, it is
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unknown whether these events represent a basin-wide mode of strain accommodation in the

~120 km-long Natron rift segment (Foster et al., 1997).

Consistent with other magma-rich rift settings, such as in Iceland (Gudmunsson, 1995)

and the Taupo Volcanic Zone, New Zealand (Wilson et al., 1995; Rowland et al., 2010), the

regional tectonic stress field is expected to be the primary control on dike geometries in the

EAR. However, other tectono-magmatic processes could lead to dike and fault orientations

that deviate locally from those controlled by the regional tectonic stress state, including:

ey

2)

3)

Intrusion into pre-existing weaknesses: Dikes that intrude into zones of pre-
existing fractures may mimic the orientations of those fracture sets. This plays a
particularly important role when pre-existing fracture planes are normal to the least
compressive stress (63) (Delaney et al., 1986; Jolly and Sanderson, 1997; Le
Corvec et al., 2013b).

Local magmatic stress fields: Emplacement of dikes and sills below volcanic
centers results in the formation of pressurized magma chambers and cylindrical
conduits that can locally perturb the regional stress field (Muller and Pollard, 1977;
Gudmundsson, 1998; Bistacchi et al., 2012; Muirhead et al., 2012) (see Section
2.8.1). In these instances, high magma pressures locally rotate the principal stress
directions, resulting in the formation of cone sheets and/or radial dike intrusions
(Muller and Pollard, 1977; Gudmundsson, 1995a; Airoldi et al., 2011).

Volcano edifice loading: Radial diking can also be promoted by stress

perturbations related to the load of an overlying volcanic edifice (Pinel and
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Jaupart, 2003; Hurwitz et al., 2009; Roman and Jaupart, 2014; Le Corvec et al.,
2015).

(4)  Rift segment interactions: The regional stress field can be locally perturbed by the
mechanical interaction of adjacent rifts and en echelon faults and fracture segments
(Pollard and Aydin, 1984: Olson and Pollard, 1991; Morewood and Roberts, 1997;
Tentler, 2003) (see Section 2.8.2). Within the interaction zone between structural
segments (i.e., transfer zones), principal stresses rotate to produce faults and dikes
exhibiting rift-oblique trends that act to link rift segments (e.g., the Okataina

Domain of the Taupo Volcanic Zone, New Zealand) (Rowland and Sibson, 2001).

The studies described above provide a conceptual framework for interpreting complex
dike patterns at continental rift settings. This paper addresses variations in upper crustal
diking across the EAR by analyzing the morphologies, alignments and spatial distributions of
volcanic cones. Local- and basin-scale dike patterns are compared with fault populations and
regional extension directions to understand the different tectono-magmatic processes
influencing dike orientations. By comparing results between rift basins across the EAR,
varying mechanisms of magmatic strain accommodation can be inferred, with implications for

the evolving role of magmatism during continental rifting.

2.3 Regional setting

The East African Rift is an example of active continental breakup (Fig. 2.1), forming a
divergent boundary between the Nubian and Somalian plates of Africa (Chorowicz, 2005).
The entire rift system is >3,000 km long, consisting of discrete rift basins ~100 km long and

10s of km wide (Rosendahl, 1987; Ebinger and Scholz, 2012). Rift basins are mechanically
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linked by zones (areas ranging from 10%-10° km?) of rift-oblique faulting (Ebinger, 1989;
Koehn et al., 2010), defined here as transfer zones (Chorowicz, 1989; Corti et al., 2002a, b).
Rift basins in the central parts of the EAR occur at the eastern and western edges of the

Tanzanian Craton, thereby dividing the EAR into eastern and western branches (Fig. 2.1).

Elevation

7 (m)

Figure 2.1. Annotated DEM image (90 m SRTM) of the eastern portion of the African continent. Faults (black
lines) are from Ebinger (1989) and Chorowicz (2005). Major lakes are colored blue in the DEM, and commonly
occur in deep rift basins. Inset globe simplifies the overall extent of the Eastern and Western rifts of the EAR and
the inferred extent of the Tanzanian Craton from Corti (2009) and Morley (2010).

Initiation of the EAR is commonly attributed to dynamic stresses related to a mantle
upwelling and associated volcanism (Ebinger and Sleep, 1998; Pik et al., 2006; Halldorsson et
al., 2014; Stamps et al., 2014), with voluminous eruptions occurring at ~30 Ma (Hofmann et

al., 1997). Following this volcanic event, rifting began in the Gulf of Aden, Red Sea, and East
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African Rift (Hughes et al., 1991; Wolfenden et al., 2005). Although rifts in the Gulf of Aden
and Red Sea have evolved into ocean spreading centers, continental rifting in East Africa has
progressed relatively slowly. In the Afar Depression, the system has transitioned to incipient

seafloor spreading; however, from the Main Ethiopian Rift southward, continental breakup is

in an earlier stage of development (Ebinger, 2005).

Along-strike variability in the age of rift basins in the Eastern rift of the EAR allows
us to compare rift architecture and basin structure at different stages of rift evolution
(Hayward and Ebinger, 1996; Ebinger and Casey, 2001). The greater proportion of the
African superplume is also situated below the Eastern rift (Mulibo and Nyblade, 2013 a, b).
Geochemical and numerical modelling studies demonstrate that the African superplume has
increased ambient mantle temperatures (up to 1,450°C in Ethiopia) and driven adiabatic
decompression melting of rising plume material (Rooney et al., 2012; Ferguson et al., 2013;
Koptev et al., 2015). Greater volumes of melt are therefore generated at lower extension rates
in the Eastern rift compared to the Western rift (Ferguson et al., 2013). This disparity results
in significant differences in the volume of erupted materials, with comparatively rapid strain
localization and rift development in the Eastern rift segments (Baker et al., 1972; Kampunzu
et al., 1998; Nyblade et al., 2000; Koptev et al., 2015). With these differences in mind, the
following terminology is used to differentiate between the ages of basins as well as the
relative degree of plume influence. Basins in the Eastern rift are defined as magmatic rifts,
whereas magma-poor rifts define those occurring in the Western rift. Evolved rifts are >10
Ma, whereas immature rifts are <10 Ma. The main focus of this study is the magmatic
architecture of basins in the Eastern rift in Kenya and Tanzania with comparison to select

parts of the EAR.
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2.4 Study areas

2.4.1 The North Tanzanian Divergence: immature, magmatic rifting

The North Tanzanian Divergence represents an early-stage (<7 Ma) of continental
rifting in close proximity to the African superplume (Le Gall et al., 2008; Mulibo and
Nyblade, 2013a, b) (box C, Fig. 2.2). Following Le Gall et al. (2008), this area extends from
the ~60 km-wide Natron-Magadi basin southward into a ~300 km-wide, faulted zone
containing the Eyasi, Manyara, and Pangani rift basins (Fig. 2.3). Located in the middle of
this region is a 200 km-wide, magmatic transfer zone, known as the Ngorongoro-Kilimanjaro
Volcanic Belt (Le Gall et al., 2008; Delcamp et al., 2016) (Fig. 2.3). Additional volcanism
occurs off-axis of the North Tanzanian Divergence in the Chyulu Hills region (Haug and

Strecker, 1995; Isola et al., 2014) (Fig. 2.3).

2.4.2 The Naivasha-Nakuru basin and Main Ethiopian Rift: evolved, magmatic rifting

Examples of evolved, magmatic rifts include the Boset magmatic segment in the
Adama basin of the Main Ethiopian Rift (Box A, Fig. 2.2) and Naivasha-Nakuru basin of the
Kenya Rift (box B, Fig. 2.2). Syn-rift growth of sedimentary sequences suggests faulting first
initiated at Boset at ~10.6 Ma (Wolfenden et al., 2004). The structural characteristics of
monogenetic volcanic fields are well documented for the Main Ethiopian Rift (Korme et al.,
1997; Mazzarini, 2004; Corti et al., 2013: Mazzarini et al., 2013b), and this study targets only
the youngest vents (<0.65 Ma) in the Boset magmatic segment (Keranen et al., 2004; Abebe
et al., 2007). The Naivasha-Nakuru basin exhibits bimodal volcanism, consisting of five

silicic volcanic centers, some of which are actively deforming (Biggs et al., 2009b), and three
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basaltic fields containing cones that are <0.5 Ma (Macdonald et al., 2008; Macdonald and

Baginski, 2009).

Cone lineaments  Vent alignments Faults

o
/ range of regional extension

Figure 2.2. Rose diagrams of all cone lineament, vent alignment, and fault strike data collected in this study. The
fault strike data (both border faults and intra-rift faults) are length-weighted. Letters refer to (A) the Boset
magmatic segment, (B) Naviasha-Nakuru basin, (C) North Tanzanian Divergence, and (D) Virunga Province.

2.4.3 Virunga province: evolved, magma-poor rifting

The Virunga province is the most volcanically active region in the EAR (Smets et al.,
2010, 2014; Wadge and Burt, 2011), despite being situated in the overall magma-poor,
Western rift (box D, Fig. 2.2). This province is in a transfer zone linking the Edward and Kivu

basins (Corti et al., 2002a; Ebinger and Furman, 2003). InSAR studies in this region have
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detected a number of dike intrusions in the last 20 years, with some dikes extending from the
Virunga province southward into the northern part of the Kivu basin (Wauthier et al., 2012,

2013).

Figure 2.3. DEM image (90 m SRTM) showing rift basins of the North Tanzanian Divergence.

2.5 Methods

Volcanic features, such as scoria cones, tuff cones, fissures, and maar craters, are the
expression of a magmatic intrusion that reached the surface. They are typically thought to be

fed by dikes (Delaney and Pollard, 1982; Kiyosugi et al., 2012), which form as near-planar,
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magma-filled cracks oriented in a direction either normal to 63 (Anderson, 1951; Rubin, 1995;
Rivalta et al., 2015), or, in some instances, parallel to pre-existing structures (Le Corvec et al.,
2013a, b). Studies of eroded monogenetic volcanic fields show a strong correlation between
the density of volcanic conduits and the density of upper crustal dikes (Kiyosugi et al., 2012).
Given this association between eruptive vents and dikes, studies in the EAR commonly use
cone densities to investigate the distribution of the upper crustal dike networks (Mazzarini,
2004; Mazzarini et al., 2013a; Keir et al., 2015), whereas cone elongations and alignments

provide clues to the orientations of these intrusions (Le Corvec et al., 2013a; Chapter 7).

In this study, the morphologies of monogenetic volcanic cones are used to infer the
orientations of upper crustal dikes, using the observational and analytical techniques
described in detail in the supporting information (see Section 2.9). Morphometric features,
such as elongate cone/crater geometries and breakouts (Tibaldi, 1995) are determined by
tracing the idealized shape of monogenetic cones using high resolution aerial images (0.5 m
resolution) and Google Earth satellite imagery (1-2 m resolution) (Paulsen and Wilson, 2010;
Bonali et al., 2011). If specific criteria are met (outlined in the Section 2.9.2), the trend of the
long axis is recorded, described throughout this paper as the cone lineament, and inferred to
reflect the strike of the dike that fed the volcanic cone (Fig. 2.4). Secondly, the cone
lineament data are supplemented by vent alignment analyses (i.e., best-fit lines between
groups of 3 cones) using the linear regression algorithm and MATLAB script of Le Corvec et

al. (2013a).
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These volcanic cone analyses are compared with structural analyses of fault patterns
for each area of interest (Fig. 2.2; Table 2.1; Appendix A). Rose plots illustrating fault data

are length-weighted throughout this chapter (Fig. 2.2).

2.5.1 Definition of cone trends

Cone lineaments are described in this study as extension-normal, extension-oblique, or
radial. Cone ages vary anywhere from 2.25 Ma to present (Table 2.1). Therefore, to compare
these data to the regional stress state of the EAR, I have considered a range of extension
directions over the last ~3.2 million years inferred from geodetic, seismic, and geological
studies (e.g., Bosworth and Strecker, 1997; Korme et al., 1997; Chu and Gordon, 1999;
Horner-Johnson et al., 2005; Stamps et al., 2008; Saria et al., 2014). Extension-normal cones
are defined as trending perpendicular (£10°) to the modeled N90-110° extension direction, or
regional o3, over the last 3.2 Ma. Conversely, extension-oblique groups trend greater than
+10° to the regional o3 without exhibiting a distinct radial pattern. Within the radial group,
trends converge into a common area when projected as a straight line away from the center
point of the volcanic cone. These radial patterns have been observed in dike swarms
constituting the shallow plumbing (<2 km paleo-depth) of eroded volcanic fields, including
Spanish Peaks (Muller and Pollard, 1977), and the Ferrar large igneous province (Airoldi et
al., 2012), and are also seen in fissure arrays on active volcanic islands (e.g., Fernandina
volcano, Galapagos) (Chadwick and Howard, 1991). Brindle et al. (1991) describe a
mathematical approach for identifying radial swarms and locating their convergence centers,
termed the method of maximum intersections. In this study, dike orientations inferred from
cone lineaments and vent alignments are taken as straight lines, with the intersection of each

line taken as the center of the radial swarm. However, not all intersections are considered
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valid. For example, following the methods of Ancochea et al. (2008), I have ignored
intersections between: (1) closely spaced cones, <4000 m apart, and (2) cone lineaments at

<15° angles to each other.

Figure 2.4. Google Earth image of a volcanic cone from the Boset segment outlining the cone and crater shape.
Shown below is an illustration of a lineament trend from an elongate cone or crater. B: Google Earth image of a
breached cone (Tibaldi, 1995) in the Virunga Province. Shown below is an illustration of the measured
breaching trend.

Table 2.1 (next page). Summary of structural data presented in this study. “Observed mean NN” and “Expected
mean NN” refer to nearest neighbor analyses both observed and modeled (Poisson distribution) for all cones in
each field. Cone and rift basin ages are from: (1) Foster et al. (1997); (2) Maclntyre et al. (1974), Wilkinson et
al. (1986); (3) Crossley (1979); (4) Smith (1994), George et al. (1998), Nyblade and Brazier (2002); (5) Ebinger
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(2006), Mattson and Tripoli (2011), Sherrod et al. (2013); (8) Nonnotte et al. (2008), Le Gall et al. (2008); (9)

Baker and Mitchell (1976), Baker et al. (1988); (10) Mollel et al. (2008); (11) Macdonald et al. (2008),
Macdonald and Baginski (2009); (12) Rogers et al. (1998), Smets et al. (2010); (13) Abebe et al. (2007). No

(1989), Kampunzu et al. (1998); (6) Wolfenden et al. (2004); (7) Hillaire-Marcel et al. (1986), Keller et al.
faults were observed or documented for the Kilimanjaro field (*).
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2.6 Results

2.6.1 The Kenya Rift and North Tanzanian Divergence

The sections of the North Tanzanian Divergence and Kenya Rift analyzed in this study
are sub-divided into 6 vent fields based on the general rift structure and the spatial distribution
of vents (Table 2.1; Fig. 2.5; see Section 2.9.3 and 2.9.4). Two fields, the Natron-Magadi and
Ngorongoro Volcanic Highlands, have few observable cones. The Kilimanjaro field (area 5 in
Fig. 2.5) contains no observable faults, and exhibits NW-SE striking, extension-oblique cone
lineaments (142° mean strike). These results are consistent with structural trends described in
previous studies (Dawson, 2008; Nonnotte et al., 2008; Tibaldi et al., 2014). The overall NW-
SE trend is comparable to the Chyulu Hills region (Fig. 2.3) and the Arusha field (area 4, Fig.

2.5) (Isola et al., 2014).

Cone lineament trends in the South Natron and Arusha fields (areas 2 and 4 in Fig.
2.5) are more variable than the Kilimanjaro field. For example, the South Natron field exhibits
two distinct clusters exhibiting NNE-SSW and ESE-WNW trends (Fig. 2.6). The NNE-SSW
striking lineaments show extension-normal orientations. These cones align subparallel with
the orientation of the July 2007 dike intrusion deduced by Calais et al. (2008), as well as the
mean fault orientation (010°, Fig. 2.6). The second ESE-WNW trending cone set aligns
subparallel to a second dike intrusion in late-2007, near the eastern flank of Oldoinyo Lengai

(Biggs et al., 2013).

The observed ~ESE-WNW cone lineament trend in the South Natron field seems
counter-intuitive given that these cones align subparallel (rather than normal) to the regional

extension direction. To investigate the controls on these contrasting alignments, cones were
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sub-divided into two groups. In Figure 2.6a, those trending within 025° of the strike of the
2007 dike intrusion (027°) (Calais et al., 2008) are colored red, whereas those trending
between 052° and 182° are colored green. Cones trending 052 - 182° cluster locally in the
southernmost 12 km of the South Natron field, within 18 km of the summit of Oldoinyo
Lengai volcano. Conversely, the 72 cones trending between 002 and 052° occur in the

northernmost 50 km of the South Natron field. The occurrence of locally clustered,
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Figure 2.5. Rose diagrams of cone (colored rose diagrams) and fault (black rose diagrams) data from the North
Tanzanian Divergence. The area has been sub-divided into cone fields (dashed boxes) based on fault structure
and the general distribution of cones. NVH = Ngorongoro Volcanic Highlands. All fault data are length-
weighted.
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Figure 2.6. A: Cone lineament data from the South Natron field (area 2 in Fig. 2.5). Only the locations of cones
exhibiting identifiable lineaments are shown. B: Zone of maximum intersections for cone lineaments with 052 -
182° trends. Intersections cluster around Oldoinyo Lengai volcano

~ESE-WNW trending cones in the vicinity of Oldoinyo Lengai highlight a potential
magmatic stress control on cone orientations (e.g., Gudmundsson, 1998). This hypothesis was
tested by constructing the area of maximum intersections (e.g., Ancochea et al., 2008), which
is centered on Oldoinyo Lengai (Fig. 2.6b). Although these cones do not exhibit the full range
of orientations expected for a radial swarm, the correspondence between maximum
intersections and the location of Oldoinyo Lengai suggests that this volcano has, in part,

affected the orientations of volcanic cones in the South Natron field.
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Cone lineament trends in the Arusha field (area 4 in Fig. 2.5) also exhibit considerable
variability. In general, the Arusha field marks a distinct change in the mean orientation of
cone lineaments from north (South Natron: 027° mean strike) to south (Arusha: 157° mean
strike) in the North Tanzania Divergence. The 157° mean NW-SE cone trend is subparallel to
the mean fault orientation (167°) (Fig. 2.7a). An additional radial cone pattern is also
observed in the vicinity of the active Meru volcano, as illustrated in the maximum
intersections analysis presented in Figure 2.7b for cones <40 km from Mt Meru (see also Fig.

2.15).

In contrast to the North Tanzanian Divergence, cones are observed along the full
length of the Naivasha-Nakuru basin of the Kenya Rift (Fig. 2.8). In general, cone lineaments
here exhibit consistent extension-normal orientations (000° mean trend). These cones roughly

align with intra-rift faults (179° mean trend) and faults on the rift borders (170° mean trend).

2.6.2 Comparative locations in the East African Rift: Virunga Province and Boset segment

Cone lineaments in the Boset segment exhibit consistent extension-normal
orientations (028° mean trend). These lineaments align with local faults (Fig. 2.9) and shear-
wave splitting lineations deduced by Kendall et al. (2005). Volcanic cones are present along
the entire Boset segment with no significant deviations in the cone lineament trend. These
data are consistent with cone lineament studies in the Main Ethiopian Rift by Korme et al.

(1997) and Corti et al. (2013).
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Figure 2.7. A: Cone lineament (red rose diagram) and fault orientation (black rose diagram) data from the
Arusha field (area 4 in Fig. 2.5). Only the locations of cones exhibiting identifiable lineaments are presented.
Fault data are length-weighted. B: Zone of maximum intersections for cones <40 km from the summit of Mt

Meru.
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Figure 2.8. A: Locations of monogenetic cones from the Naivasha-Nakuru basin to the South Natron field. B:
Cone lineament (red rose diagram) and fault orientation (black rose diagram) data from the Naivash-Nakuru
basin. Only the locations of cones exhibiting identifiable lineaments are presented. Fault data are length-
weighted.
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Figure 2.9. A: Aster DEM image of the northern Main Ethiopian Rift. The boundaries for the magmatic
segments are from Keranen et al. (2004). Black box shows location of map in B. B: Cone lineament (red rose
diagram) and fault orientation (black rose diagram) data for the Boset magmatic segment in this study. Only the
locations of cones exhibiting identifiable lineaments are presented. Fault data are length-weighted.

Cone lineament data for the Virunga Province in the Western rift of the EAR exhibit
considerable complexity (Fig. 2.10). In the southern 30 km of the field, cones have primarily
extension-normal orientations (018° mean trend). In the vicinity of the Nyamuragira and
Nyiragongo volcanoes, the trends are variable and exhibit radial patterns. In the eastern part
of the field, vent orientations are primarily extension-normal (028° mean trend). This
structural variability was noted by previous authors (Smets et al., 2010; Wadge and Burt,
2011; Wauthier et al., 2013; Tibaldi et al., 2014), who related dike and fissure orientations to
local magmatic overpressures, pre-existing structures, volcano topography and the far-field

extensional tectonic environment.
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Figure 2.10. A: Locations of cones in the Virunga Province. Rose diagrams show cone lineament trends, with
different colors corresponding to cones in the southern (green), northern (orange), and eastern (purple) sections
of the Virunga Province. B: Locations and orientations of cones exhibiting identifiable lineaments. Red rose
diagram shows cone lineaments (this study). Black rose diagram shows fault orientations from Wadge and Burt
(2011). Fault data are length-weighted.

2.7 Discussion

2.7.1 Limitations of the analysis

Studies of volcanic cone geometries provide a limited view of an underlying intrusive
system. For example, only the present state of the cone distributions and morphologies can be
obtained (Le Corvec et al., 2013a), and older cones are likely to have been eroded and
covered by lavas and/or sediments. Sparse age dating in most volcanic fields also limits
robust assessment of intrusion variability over time (Condit and Connor, 1996; Negrete-
Aranda et al., 2010). Furthermore, volcanic cones only give the orientations of dikes that
erupted at the surface, and not necessarily the shallowly-arrested or deeper intrusions.
Therefore, the geometry of volcanic feeders may be more complex than what is measured

from surface exposures — examples include vents that overlie shallowly-dipping cone sheets
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or sill-fed dike intrusions (Galland et al., 2009; Magee et al., 2013a; Muirhead et al., 2014;

refer also to Chapter 7).

Despite these limitations, the dike orientations inferred from this study are in close
agreement with geophysical and geodetic studies of active diking in these areas, including the
2007 Natron and 2002 Nyiragongo dike intrusions (Calais et al., 2008; Wauthier et al., 2012;
Biggs et al., 2013) (Figs. 2.6 and 2.10a). This similarity suggests that the analysis provides a

reasonable picture of the EAR’s contemporary magmatic architecture.

2.7.2 Tectono-magmatic controls on dike orientations in the Kenya Rift and North Tanzanian

Divergence

The orientations of faults and cone lineaments in the Kenya Rift and North Tanzanian
Divergence reflect the role of various tectono-magmatic forces described in the introduction.
These include, in addition to the regional stress state, (1) pre-existing weaknesses, (2) local

magma overpressures, (3) volcanic edifice loading and (4) basin segment interactions.

Extension-normal dikes: influence of the regional stress state

Extension-normal cone lineaments are observed in the South Natron field and along
the central axis of the Naivasha-Nakuru basin (Fig. 2.8). These cones align with the
orientations of fault structures, and are normal to the regional o3 direction. It is inferred that
extension-normal cones represent aligned swarms of dikes, with orientations controlled by the
regional extensional stress field. As these basins comprise abundant fault and dike systems
oriented normal to the regional 63, many of the dikes could potentially be focused along pre-

existing structures (Le Corvec et al., 2013b), as is interpreted for interacting fissures and
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faults in magmatic rifts in the Reykjanes Peninsula, Iceland (Jenness and Clifton, 2009), and

the Main Ethiopian Rift (Casey et al., 2006; Mazzarini, 2013b).

Cones are, however, rarely observed on top of 0.8-1.4 Ma lavas along the central axis
of the Natron-Magadi basin (Baker and Mitchell, 1976; Baker et al., 1988) (Figs. 2.5 and 2.8).
This observation suggests that dike-driven rifting is either relatively infrequent or rarely
results in surface eruptions. In contrast, in the Naivasha-Nakuru basin, extension-normal cone
lineaments are observed along the full length of the basin; hence, extension-normal dike
rifting may be the primary mode of magmatic strain accommodation in this part of the Kenya

Rift.

Radial dikes: the role of magma overpressure

Radial cone lineaments are observed in the South Natron and Arusha fields, with the
area of maximum intersections occurring in the vicinity of active volcanoes (i.e., Oldoinyo
Lengai and Meru; Figs. 2.6 and 2.7). Given that the age of the cones forming these radial
patterns also overlaps with the ages of the volcanic edifices (Wilkinson et al., 1986; Roberts,
2002; Sherrod et al., 2013; Mana et al, 2015), it is likely that these geometries are primarily
related to local stress fields induced by shallow crustal magma chambers below the volcanic
centers (e.g., Muller and Pollard, 1977; Bistachhi et al., 2013). An alternative hypothesis is
that the radial pattern results from volcano loading (Tibaldi et al., 2014). However, in South
Natron, cones forming the Oldoinyo Lengai radial group (Fig. 2.6b) are also observed on and
around the slopes of the inactive, 1.0-1.2 Ma Kerimasi and Gelai volcanoes (Mana et al,
2015). The effect of edifice loading from these volcanoes appears to have had little to no

influence on these cone lineaments — instead of exhibiting trends that converge on the volcano
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edifice and trend parallel to the downslope direction (e.g., Roman and Jaupart, 2014), cones
on the southern flank of Gelai and northeastern flank of Kerimasi trend sub-perpendicular to

the downslope direction and converge on the summit of Oldoinyo Lengai (Fig. 2.6).

Baer et al. (2008) highlight the NNE migration of the July 2007 dike intrusion as
evidence of a dike fed laterally away from a ~3 km-deep (i.e., Petibon et al., 1998; Biggs et
al., 2013) magma chamber below Oldoinyo Lengai volcano. Lateral propagation of radial
dikes as far as 18 km from the volcano could be additionally assisted by stress gradients
induced by the Oldoinyo Lengai edifice load (Hurwitz et al. 2009; Roman and Juapart, 2014).
However, geochemical and petrologic data imply that a shallow crustal magma chamber did
not laterally source all dikes in the South Natron field. For example, Mattsson et al. (2013)
show that cones in the inferred radial swarm have primarily melilitite (67% of sampled cones)
and nephelinite compositions (29%). Settling velocity estimates of mantle inclusions observed
in melilitites require these magmas to ascend from the upper mantle in 1-2 days, whereas
nephelinites show evidence for fractional crystallization and thus greater residence times at
shallow crustal depths (Mattsson, 2012; Mattsson et al., 2013). Consequently, it is unlikely
that all cones forming radial patterns in the South Natron field were fed by dikes propagating
laterally away from Oldoinyo Lengai; some were instead fed directly from a mantle source.
Based on these observations, the radial cone patterns in the North Tanzanian Divergence
reflect two possible scenarios of intrusion: (1) dikes propagate upward from mantle depths,
then rotate in the vicinity of a pressurized magma chamber in the shallow sub-surface (e.g., at
~3 km depth); and (2) high magma pressures in a shallow crustal magma reservoir result in
chamber failure and radial diking away from the source, with lateral propagation promoted

further by the effects of volcanic edifice loads.
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Extension-oblique dikes and faults: pre-existing structures or stress rotations?

The presence of NW-SE trending, extension-oblique cone lineaments in the North
Tanzanian Divergence (areas 4 and 5 in Fig. 2.5) can be explained as the result of either (1)
dikes intruding pre-existing, transverse structures (Le Corvec et al., 2013a, b), and/or (2) local
rotations of o3 from rift segment interactions (Pollard and Aydin, 1984). The Proterozoic
basement in Kenyan and Tanzanian regions of the EAR contains NW-SE striking shear zones,
which are aligned locally with recently active, transverse faults (Smith and Mosley, 1993; Le
Turdu et al., 1999; Le Gall et al., 2008; Kattenhorn et al., 2013). This observation has led
authors to infer that faults and dikes exploit this structural fabric under the current ESE-WNW
extension direction (Smith and Mosley, 1993; Haug and Strecker, 1995; Le Turdu et al., 1999;

Isola et al., 2014).

In contrast with these studies, fault and cone lineament data may also reflect local
rotations of 3 within the Ngorongoro-Kilimanjaro Volcanic Belt away from the present-day,
WNW-ESE regional extension direction (Stamps et al., 2008; Saria et al., 2014) (areas 3-5,
Fig. 2.5; Fig. 2.11). Fault kinematics from previous seismic and structural studies, in
conjunction with fault and cone lineament data from this study, support this hypothesis (Fig.
2.11). For example, fault plane solutions indicate NW-SE extension from Oldoinyo Lengai
into the Ngorongoro Volcanic Highlands (Calais et al., 2008; Delvaux and Barth, 2010),
consistent with the NE-SW striking faults and cones in this study. Existing fault plane
solutions around the Arusha field, although sparse, suggest a component of NE-SW extension
(Delvaux and Barth, 2010) (Fig. 2.11), which would result in the observed NW-SE fault and

cone lineament trends. Extension directions deduced from fault striations on NW-SE striking
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faults near the Engaruka sub-basin (Fig. 2.7a) and the northernmost portion of the Manyara

basin also support a similar NE-SW extension direction (Ring et al., 2005).

These stress rotations are likely the product of the mechanical interaction of the
Natron basin with the Eyasi and Pangani basins (Fig. 2.11; see also Fig. 2.16). For example,
an interaction between the Natron and Pangani basins would result in a local
counterclockwise rotation of o3 (Pollard and Aydin, 1984), consistent with the NW-SE
striking cone and fault structures in the Arusha field (Fig. 2.11). Similarly, the NW-SE
extension in the Ngorongoro Volcanic Highlands (Fig. 2.11) could result from an interaction
between the Eyasi and Natron basins. Although basement weaknesses may have additionally
been reactivated under these modified stress environments (e.g., Isola et al., 2014), the
mechanical interaction between rift basin segments is inferred here to exert a first-order

control on the observed structural fabrics.

2.7.6 Magmatic architecture of transfer zones: implications for magma-driven rifting

The results of this study, in combination with remote-sensing studies of modern-day
intrusion events (Calais et al., 2008; Wauthier et al., 2012; Biggs et al., 2013; Wauthier et al.,
2013), can be incorporated into a conceptual model of the magmatic architecture of transfer
zones in rift basins (Fig. 2.12). Stress fields induced by magma reservoirs produce radial
dikes, whereas extension-oblique dike intrusions form from the mechanical interaction
between segmented rift basins. Extension-normal dikes occur at the boundary between
transfer zones and the “distal ends” of rift basins, where their orientations are controlled by

the regional extensional stress field (Fig. 2.12).
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Figure 2.11. Interpretation of the local stress state in the Ngorongoro Volcanic Highlands (area 3 in Fig. 2.5),
Arusha (area 4 in Fig. 2.5) and Kilimanjaro fields (area 5 in Fig. 2.5) of the Ngorongoro-Kilimanjaro Volcanic
Belt, based on fault and cone lineament orientations and earthquake focal mechanisms. Focal mechanism data
are from the Global CMT catalog (Appendix A). Focal mechanisms are colored based on earthquake location
and the strikes of fault and auxiliary planes. Focal mechanisms with NW-SE striking faults are colored green.
Those colored brown have NE-SW fault strikes and occur from the flanks of Oldoinyo Lengai southwest to the
Eyasi Basin. The black focal mechanism occurs north of the Gelai summit, and strikes NNW-SSE, sub-
perpendicular to the modeled plate motion vector (Stamps et al., 2008; Saria et al., 2014). Rose plots represent
fault (black) and cone lineament (grey) data from this study from South Natron (A), the Ngorongoro Volcanic
Highlands (B and C), Arusha (D and E), and Kilimanjaro fields (F). Sy and S;, represent the greatest and least
horizontal compressive stresses, respectively.

Modern-day InSAR observations of dike intrusions support these interpretations.
Wauthier et al. (2013) describe a 15-year history of dike intrusions in the vicinity
Nyamuragira (Virunga Province), occurring from 1996 to 2010. Dike intrusions in the vicinity
of Nyamuragira’s magma reservoir showed considerable variability in their orientations,
producing a semi-radial pattern, although some dikes exhibited shallow dips. The late-2007

dike intrusion on the western side of Oldoinyo Lengai also matches the radial pattern inferred
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Figure 2.12. A: 3-D conceptual illustration of shallow dike networks in transfer zones in this study. The strikes
of intrusions are controlled by variations in the stress state within the transfer zone. Extension-normal dikes, with
orientations controlled by the regional stress state, intrude the distal ends of the rift basins. Zones of shallow
magma storage, situated below active volcanoes, create a local magmatic stress field responsible for the
formation of radial dikes. These shallow magma reservoirs are assumed to be fed from below. Extension-oblique
dikes form under a rotated stress field driven by the mechanical interaction between adjacent rift segments.
Erupted dikes are either fed laterally from shallow magma reservoirs or ascend from mantle depths. The ascent
path of magma below the upper few kilometers of the crust cannot be constrained from the data presented in this
study. B: Inset showing the structural location (transfer zone) of the volcanic cones fed by the dike network
presented in A (region indicated by box).

in this study (Fig. 2.6b). Examples of extension-normal intrusions in the vicinity of transfer
zones include the ~10 km-long, 2007 Natron (Calais et al., 2008) and ~20 km-long, 2002
Nyiragongo dike intrusions (Wauthier et al., 2012). Like the extension-normal cones observed
in this study (Figs. 2.6a and 2.10a), the 2002 Nyiragongo dike extended southward from the
transfer zone 10 km into the northern end of the Kivu Basin (Wauthier et al., 2012). A
potential implication is that the injection of extension-normal, upper crustal dikes laterally
from transfer zones into the rift axis may facilitate magmatic rifting in both magma-poor and

immature magmatic rifts of the EAR, albeit localized to the distal ends of these basins.
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Furthermore, the focusing of magma within transfer zones suggests that dike intrusion, rather
than tectonic faulting, may be the preferred mode of upper crustal strain accommodation

within these structural settings (Rowland et al., 2010).

2.7.7 Variations in dike patterns across the East African Rift

Cone lineament data presented in this study reveal that the geometries and distribution
of upper crustal dikes vary between magma-rich and magma-poor rifts across the EAR, and
over the course of rift evolution (Fig. 2.13). For example, evolved magmatic rifts (the
Naivasha-Nakuru basin and Boset segment) in the Eastern rift exhibit extension-normal cone
lineament trends along their entire lengths. Despite the presence of active volcanic centers in
these regions (e.g., Boset volcano), the radial patterns observed in the North Tanzanian
Divergence and Virunga Province are not present. These observations suggest that extension-
normal, upper crustal dikes accommodate regional extension across the full length of evolved
rift basins of the Eastern rift. This assertion is supported by modern day seismicity and InSAR
observations of the 2004 and 2008 diking in the Erta Ale segment (Nobile et al., 2012; Pagli
et al., 2012), and the 2005-2010 Dabbahu-Manda Hararo rifting event (Ebinger et al., 2010).
During these rifting episodes, dikes intruded rift-parallel along the length of the central axis of
these basins. Despite the inferred presence of multiple magma reservoirs at depth (Keir et al.,
2009b; Pagli et al., 2012), no local radial patterns were observed in the dike populations. One
exception is the 2000 dike intrusion by the Ayelu volcano in the northern Main Ethiopian
Rift, which exhibited a 122°, rift-oblique trend. The orientation of this intrusion was
interpreted by Keir et al. (2011b) to reflect the NE-oriented African-Arabian extension
responsible for opening of the Red Sea, although radial stresses resulting from magma

overpressures or volcanic edifice loading were not completely ruled out.
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Figure 2.13. Schematic representation of the distribution of cones and their trends in this study. Rose diagrams
provide a conceptual example of the expected cone lineament trends in the different structural settings. Black
arrows in A and B represent the regional extension direction (E-W in this example). A: Immature magmatic rifts
and magma-poor rifts. Cones (red circles) focus in transfer zones and the distal tips of basins. B: The range of
cone trends distributed within transfer zones in immature magmatic rifts and magma-poor rifts. Extension-
normal cones (black circles, black rose diagram) occur near the boundary between the transfer zone and the
distal tip of the basin. Extension-oblique cones (blue circles, blue rose diagram) occur across the entire transfer
zone. Their orientations are controlled by stresses related to the mechanical interaction between rift segments, as
well as inherited crustal structure, which together also control the orientation of faults within the transfer zone.
Radial cones (red circles, red rose diagram) occur in the vicinity of volcanoes with orientations related to local,
magmatically perturbed stresses. C: Distribution of extension-normal cone lineament trends along evolved
magmatic rifts. In evolved magmatic rifts, strain focuses into magmatic segments (Keranen et al., 2004), and
cone lineament trends provide no evidence for radial diking and mechanical interactions between basin segments
in potential transfer zones.

In contrast to evolved magmatic rifts, magma-poor rifts in the Western rift of the EAR
and immature magmatic rifts in the Eastern rift exhibit spatial variations in both the
occurrence and orientation of upper crustal dikes (Fig. 2.13). Consistent with previous
experimental and geological studies (e.g., Rosendahl, 1987; Ebinger, 1989; Corti et al., 2002a,
b), the flux of magma from depth in these basins appears spatially variable, with magma

preferentially drawn into transfer zones. The central portions of these basins may, however,
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experience punctuated phases of dike-fed eruptions over time scales of perhaps 10° years
(Ebinger et al., 2013), to produce lavas such as the 0.8-1.4 Ma Magadi trachytes or the 1.0-1.2
Ma Gelai volcanics of the Magadi and Natron basins, respectively (Baker and Mitchell, 1976;
Mana et al, 2015). However, in the interim (i.e., 0.8 Ma — Present), cones are rarely observed
along the central axes of these basins (e.g., Area 1, Fig. 2.5). Recent observations of dike
intrusions within these areas (e.g., July 2007 Natron dike) (Calais et al., 2008) thus only
reflect the local importance of dike-driven rifting to particular structural zones (i.e., transfer

zones), rather than illustrating a basin-wide mode of upper crustal strain accommodation.

Previous studies have also highlighted variations in the distribution of magmatism
among rift basins in the East African Rift (Baker et al., 1971; Kampunzu et al., 1998;
Wolfenden et al., 2004; Rooney et al., 2007, 2014). In the Main Ethiopian Rift in particular,
linear belts of volcanic cones are observed both within rifts and along rift margins (Korme et
al., 1997; Mazzarini, 2004; Corti, 2009; Rooney, 2010). Volcanic cones in the central Main
Ethiopian Rift become progressively younger towards the rift axis (WoldeGabriel et al., 1990;
Wolfenden et al., 2004; Rooney et al., 2014). Some authors have suggested that magmatism
may migrate from the rift borders to the central axis as continental rifts evolve (Ebinger,
2005), although studies in the Arabian margin of the Red Sea Rift show that magma-driven
rifting can occur along rift margins even after the onset of sea-floor spreading (Pallister et al.,
2010). Along-strike variations in cone density are observed in the Main Ethiopia Rift, and
attributed to melt focusing resulting from steep gradients along the lithosphere-asthenosphere
boundary (Keir et al., 2015). In contrast with these studies, results presented here not only
demonstrate that the density of upper crustal dikes varies spatially within rift basins, but dike

orientations also vary as a result of changing tectono-magmatic conditions.
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2.8 Conclusions

Cone lineament data presented in this study reveal spatial variations in the distribution
and geometries of upper crustal dike intrusions across rift basins in the East African Rift.
Upper crustal diking in the North Tanzania Divergence is focused in a transfer zone. Dike
intrusions here rarely occur along the central axis of rift basins (e.g., Natron-Magadi basin),
suggesting that dikes play a limited role in accommodating upper crustal extension in this part
of the rift. Transfer zones in the EAR exhibit complex dike geometries that can be attributed
to local stress fields related to pressurized magma chambers and mechanical interactions
between rift segments, in addition to the regional stress field. These transfer zones may
contribute to the rifting process by sourcing upper crustal dikes that propagate laterally into

the tips of rift basins.

The distributions and orientations of upper crustal dikes in the Eastern rift of the EAR
vary over the timescale of continental rift evolution. During early-stage rifting (<10 Ma),
surface-breaching dikes are confined to areas in and around transfer zones, whereas dikes in
evolved rift basins accommodate upper crustal extension along the full length of the basin.
These time-evolving complexities need to be considered in numerical and analog modeling
studies investigating the mechanical effects of dike intrusion on rift initiation and continental

rift development.

2.9 Supporting information

2.9.1 Stress fields induced by pressurized magma chambers

The stress conditions involved in the generation of radial dike patterns may be

modeled in two-dimensions as a pressurized hole in an elastic body subject to a biaxial remote
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stress field (Muller and Pollard, 1977; Baer and Reches, 1991; Koenig and Pollard, 1998).
Some modeling studies also include additional stress sources, such as an overlying volcanic
load (e.g., Pinel and Juapart, 2003; Hurwitz et al., 2009; Le Corvec et al., 2015). The presence
of a pressurized hole, or magma chamber, perturbs the local stress field (Fig. 2.14). This
perturbation results in a radial stress pattern, where the greatest compressive stress (o) rotates
around the chamber such that the strike of 6, everywhere converges on the center of the
chamber. The magnitude of this local stress perturbation is dependent on magma chamber
radius (R), internal magma pressure (P) and the remote differential stress (611- 622) (Fig.
2.14a). If R and P remain constant, the magnitude of the stress perturbation decreases with

increasing differential stress values (Fig. 2.14b-d).

This study describes a number of radial dike patterns in the East African Rift (EAR),
possibly reflecting these modeled effects. Figure 15 shows a moving average analysis of the
radial dike swarms in the North Tanzanian Divergence. Note the change in the mean
orientations in the NE, SE, SW and NW sectors around the Oldoinyo Lengai and Meru
volcanoes. Around Meru, dikes in the NE and SW sectors exhibit ~NE-SW striking trends,
whereas dikes in the NW and SE sectors exhibit ~NW-SE trends, indicative of a radial
pattern. This radial trend prevails for cone lineaments both near the volcano (<25 km from the
volcano summit), as well as those as far as 40 km from the summit. Radial swarms may also
be differentiated using the method of maximum intersections (Ancochea et al. 2008), shown

in Figures 2.6 and 2.7.
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Figure 2.14. Two-dimensional elastic models of a pressurized hole (magma chamber) in an elastic plate,
modified from Koenig and Pollard (1998). A: Idealization of the model setup. Pink circle represents the
pressurized hole (magma chamber) with radius, R, and internal pressure, P. The hole is subject to remote biaxial
loading from a least (c,,) and greatest (o) compressive stress. 8 and r indicate the polar coordinate system, the
origin of which is located at the center of the hole. B-D: Calculated stress trajectories resulting from a
pressurized magma chamber. Black ticks at each grid point represent the local orientation of ¢,. In each example,
internal magma pressure (100 MPa) and chamber diameter (normalized to 1) are held constant, while the remote
stress difference is varied from 2 to 10 to 20 MPa in B, C and D, respectively. Analytical solutions for these
models are provided in Koenig and Pollard (1998).
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Figure 2.15. Moving average analyses of dike trends in the South Natron and Arusha fields. The analysis was
performed in ArcGIS v. 10.3 and involves non-overlapping neighborhoods (2.5 x 2.5 km in size) and a search
radius of 6 km. Neighborhoods colored blue contain cone lineaments with mean strike values in NE and SW
quadrants (i.e., 000-090° and 180-270°, respectively). Neighborhoods colored red contain cone lineaments with
mean strike values in SE and NW quadrants (i.e., 090-180° and 270-360°, respectively). A: Moving average
analysis of cone lineaments in the Arusha field for neighborhoods within 40 km of the summit of Meru volcano.
B: Same analysis as in A, except that only neighborhoods within 25 km of the summit are presented. C: Analysis
of mean strike values of cones in the South Natron field for neighborhoods within 22 km of the summit of
Oldoinyo Lengai. Note that in each analysis the mean orientations of cone lineaments varies depending on the
position around the volcano. Cones in NE and SW quadrants also show ~NE-SW striking lineaments. Those in
SE and NW quadrants exhibit ~SE-NW striking lineaments. These geometries are consistent with a radial
pattern.
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2.9.2 Stress rotations induced by mechanical interactions between rift segments

Field, analog, and numerical modeling studies show that the lateral growth of en-
echelon structural segments, whether joints, faults, dikes or rifts, is accompanied by stress
interactions between adjacent segments (Pollard and Aydin, 1984). In some instances, these
stress interactions may cause the lateral ends of segments to rotate, forming two interlocking
hooks (Pollard et al., 1982; Olson and Pollard, 1991; Thomas and Pollard, 1993; Tentler,
2003; Koehn et al., 2008). The interaction zone where these rotations occur is located in the
area between segment ends (Fig. 2.16b and c) (Pollard and Aydin, 1984). This behavior is
inferred to be scale-invariant, occurring in brittle material over at least 11 orders of magnitude
in length scale, from micro-cracks to mid-ocean ridge or continental rift segments (Pollard
and Aydin, 1984; Tentler, 2003; Koehn et al., 2010). The size of these interaction zones thus
scales with the size of the interacting structural segments. For macro-scale fractures tens of
meters in length, these interaction zones will be on the order of 10 to 10° m? (Pollard et al.,
1982; Pollard and Aydin, 1984). For continental rift basins 100s of km in length, such as the
EAR, these interaction zones, commonly termed transfer zones, may occupy areas of 10% to

10° km? (Ebinger, 1989; Koenh et al., 2010; Corti, 2012).

En echelon structural segments in extensional settings may be modeled in two-
dimensions as two offset slits (mode I fractures) in an elastic medium subject to remote
tensile stresses acting normal to the slit walls (Pollard and Aydin, 1984; Gudmundsson,
1995b) (Fig. 2. 16a). Early-stage continental rift segments have been modeled previously as
underlapping segments (Pollard and Aydin, 1984) (Fig. 2.16a and b), as would be appropriate
for the Natron and Pangani basins shown in Figure 16c. High stress concentrations form at the

tips of mode I fractures subjected to an external tensile stress field (Olson and Pollard, 1989).
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Figure 2.16. Two-dimensional elastic model of interacting rift segments, modified from Pollard and Aydin
(1984). A: Geometry and boundary conditions for two rift segments subject to orthogonal extension. The model
considers rift segment length (2b), segment spacing (2k) and segment separation (2s). The remote tectonic stress
(tensile) normal to the rift is 6"}, and o represents the angle between the rift segment ends with respect to the
strike of the rift. B: Contour map of maximum shear stress ((c; — 0,)/2) and stress orientations (black ticks
represent the orientation of the greatest compressive stress) for left-stepping, underlapping rift segments (o0 =
45°) subject to far-field tension. Stress magnitudes are normalized to the ambient shear stress. The highest stress
occurs near the segment tips and within the interaction zone between the rift segments (dashed box), where the
orientations of the principal stresses are locally rotated in a counter-clockwise sense. Analytical solutions applied
in this model are provided in Pollard and Aydin [1984]. C: Example of underlapping, left-stepping rift segments
in the North Tanzanian Divergence. Dike (grey rose plots) and fault data (black rose plot) are from this study.
These data show a counter-clockwise rotation of the principal stresses away from the regional stress field,
consistent with the model results in B.



55

In the case of two offset fracture or rift segments, stress fields generated at the respective
segment tips interact and locally reorient the principal stress directions (Pollard and Aydin,
1984; Gudmundsson 1995b). This stress reorientation causes fracture segments to divert from
their original propagation paths, and in some instances form the characteristic interlocking
hook shapes between segment ends (Pollard et al., 1982; Tentler, 2003). For the two
underlapping, left-stepping segments modeled in Fig. 2.16b, the interaction between segments
results in a counter-clockwise rotation of the horizontal principal stresses. The dike and fault
orientations observed in the interaction zone (transfer zone) between the left-stepping Natron
and Pangani rift segments (Fig. 2.16c¢) are consistent with this modeled interaction and
resulting stress rotation. A similar counter-clockwise stress rotation is inferred for the
Rwenzori transfer zone between the left-stepping Lake Albert and Lake Edward rift basins of
the EAR, based on fault kinematic and numerical modeling data (Koehn et al., 2008, 2010).
This type of stress modification in the interaction zone between segments has been described
in a number of studies as a “mechanical interaction” between rift/fracture segments (Pollard et
al., 1982; Pollard and Aydin, 1984; Olsen and Pollard, 1991; Crider and Pollard, 1998);

hence, the same terminology is adopted in this work.

2.10 Supporting methods

2.10.1 Observational methods: deducing cone lineaments

Monogenetic volcanic cones were mapped using aerial photography (0.5 m resolution)
and Google Earth satellite imagery (1-2 m resolution), supplemented by published maps
(Roberts, 2002; Dawson, 2008; Wauthier, 2011; Smets et al., 2014) (see Appendix A).

Following Paulsen and Wilson (2010), the idealized shapes (circular to elliptical) of cones and
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craters were determined and each cone was classified as a cone, cleft cone, linear fissure, or
crater (Fig. 2.17). As the resolution of the imagery (0.5-2.0 m) is an order of magnitude
greater than the typical dimensions of the monogenetic cones (30-1000 m radii), the reliability
of the cone morphology is not affected by image resolution. The reliability of the shape of
each cone was nonetheless ranked (1 = probable; 2 = likely; 3 = unknown) depending on the
degree of observable erosion and the likelihood that the cone morphology was affected by
wind direction rather than a possible dike-feeder. The cone was considered to produce a
lineament if it had a reliability ranking of 1 or 2 and a cone or crater axial ratio (long axis to
short axis) >1.2, which is the minimum ratio required to define lineaments from Paulsen and
Wilson (2010). If these criteria were met, the trend of the long axis of the cone was recorded
and interpreted to mimic the dike that fed the cone (Tibaldi, 1995; Korme et al., 1997; Bonali
et al., 2011). If both the cone base and cone crater exhibited an axial ratio >1.2, the long axis
direction of the crater was used in the analysis. In addition to using cone and crater
elongations, the breaching direction (Fig. 2.4) was used as a direct indicator of feeder dike
orientation (i.e., Tibaldi, 1995), as well as the strike of volcanic fissures (Fig. 2.17).
Throughout this paper these features are described as cone lineaments, and are inferred to

reflect the strike of the dike that fed the volcanic cone (Fig. 2.17).

2.10.2 Analytical methods: creation of vent alignments

In addition to identifying cone lineaments, alignment analyses were performed on
groups of 3 cones using the linear regression algorithm and MATLAB script of Le Corvec et
al. (2013a). For these analyses, each alignment must satisfy a certain “width” and “length”
tolerance (Fig. 2.18). A width tolerance of 50 m was applied, which is within the width

tolerance for “A grade” alignments of Paulsen and Wilson (2010) (125 m). The length
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tolerance of the alignment depended on the observed distribution of cones within each field,

where the mean distance between cones within the alignment had to be less than the expected

mean distance between cones from a Poisson distribution (Table 2.1).

Figure 2.17. Example images from Google Earth representing the classification of cone morphologies used to
determine cone lineaments from the Virunga Province (A and D), Boset segment (B), and South Natron (C).
Double-sided arrows show the orientation of the cone lineaments for each cone based on fissure orientation (A),
crater elongation (B & C), and breaching direction (D).

Following Paulsen and Wilson (2010), the reliability of each alignment was then
verified by assessing cone lineaments produced by cones present within each alignment (Fig.
2.18). In this case, there must be a cone present within the alignment that has a cone
lineament trend within 15° of the alignment trend for the alignment to be considered. As such,
each vent alignment satisfied the reliability criteria for vent alignments defined by Paulsen
and Wilson (2010). In this study, if these criteria were met, the trend of the alignment was

recorded, and any cones present within the alignment that did not exhibit a cone lineament
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trend (i.e. have an axial ratio <1.2 and/or a reliability rating of 3) were ascribed a cone
lineament trend that matched the alignment. Alignments analyzed in each field are outlined in
Appendix A. Throughout this paper, these features are described as vent alignments and are
distinct from cone lineaments, as they represent a structural alignment between 3 points (e.g.,

Le Corvec et al., 2013a) rather than the orientation of a feeder dike below a single cone (e.g.,

Bonalli et al., 2011).

angular deviation <15°

(i1) alignment rejected
(no elongate vents)

"‘-..% @

(1) alignment accepted

length tolerance

(iii) alignment rejected

idth tol
width tolerance (angular deviation >15°)

Figure 2.18. Schematic demonstration of the criteria for defining vent alignments, modified from Le Corvec et

al. (2013a). The alignment represented by the black line (i) is accepted for analysis because it contains a cone
with a lineament trend that has an angular deviation <15° from the trend of the alignment. The red alignments are
rejected on the basis that they have no cone with a reliable lineament (ii) or, alternatively, have a cone with a

lineament that is >15° to the trend of the vent alignment (iii).
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2.10.3 Defining cone field boundaries in the North Tanzanian Divergence and Kenya Rift

Boundaries delineating cone fields analyzed in the North Tanzanian Divergence and
Kenya Rift in this study have not been previously specified, in part due to an incomplete
catalog of geochemical data and ages for most cones. Similar problems occur in the EAR as a
result of sparse geochemical sampling (e.g., Main Ethiopian Rift: Mazzarini, 2007), as well as
in cone fields elsewhere (e,g., Baja California, Mexico: Germa et al., 2013). Monogenetic
fields are, therefore, often grouped using statistical methods, such as agglomerative
hierarchical clustering (Mazzarini, 2004; Mazzarini et al., 2013b) or kernel density
estimations (Connor and Connor, 2009; Germa et al., 2013). Volcanic cone groupings in the
North Tanzanian Divergence in this study did not depend solely on density estimations (Figs.
2.19 and 2.20). This is because the distribution of cones appears to be affected by large
volcanic edifices (composite volcanoes) and areas of high sediment input, possibly creating
artificial clusters. For example, a distinct scarcity of cones was observed in the 1.2 Ma
Engaruka (sub-)basin (Fig. 2.19a); cones erupted into this depression are likely buried by
rapidly accumulating sediments in the subsiding basin. Dikes intersecting volcanic edifices
are also more likely to erupt on the lower flanks rather than the volcano summit and, in these
instances, cones may form clusters on the lower flanks of volcanoes (Pinel et al., 2004;

Gaffney and Damjanac, 2006; Kervyn et al., 2009) (Fig. 2.20a).

As the analysis addressed the variability in cone lineament and vent alignment data
across different structural locations in the North Tanzanian Divergence and Kenya Rift,
boundaries were approximated based on general rift structure and the spatial distribution of
vents (Figs. 2.19 and 2.20). Cones within the defined groups exhibit distinct trends that align

locally with fault structures (Fig. 2.5), and therefore validate the approach.
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Figure 2.19. A: Distribution of monogenetic cones in the North Tanzanian Divergence shown on an Aster DEM
hillshade map. Note how the cones are largely absent near the summits of stratovolcanoes (transparent purple)
and in the Engaruka Basin (transparent brown). B: Kernel density plots of North Tanzanian Divergence cones
performed in Arc GIS v.10 using a 15 km search radius. Rose plots are of fault segment and cone lineament
trends in the 7 computed clusters. NVH corresponds to Ngorongoro Volcanic Highlands.
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Figure 2.20. A: Distribution of monogenetic cones in the North Tanzanian Divergence and Kenya Rift shown on
an Aster DEM hillshade map. B: Kernel density plots performed in Arc GIS v.10 using a 15 km search radius.
Rose plots are of fault segment and cone lineament trends in each field.
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2.10.4 Cone fields in the North Tanzanian Divergence and Kenya Rift

The sections of the North Tanzanian Divergence and Kenya Rift analyzed in this study
were divided into 6 cone fields: Naivasha-Nakuru, Natron-Magadi, South Natron, Arusha,
Ngorongoro Volcanic Highlands, and Kilimanjaro (Figs. 2.19 and 2.20; Fig. 2.5). The Natron-
Magadi field was delineated based on a distinct lack (n=19) of monogenetic cones over a
~130 km-long section from Gelai volcano in the south to Suswa volcano in the north (Fig.
2.20a). North of the Natron-Magadi field are volcanic cones of the Naivasha-Nakuru field.
The Naivasha-Nakuru basin represents a distinct magmatic-tectonic province (Kenya
peralkaline province) of the Kenya Rift (MacDonald and Baginski, 2009), comprising a series
of actively deforming composite volcanoes and silicic centers (e.g., Suswa, Longonot,
Menegai) (Biggs et al., 2009b). The transition from the Natron-Magadi field north into the
Naivasha-Nakuru field is marked by an increase in the number of cones (n=118) north of
Suswa volcano, which exhibit significant clustering in the center of the field (Fig. 2.20b). The
South Natron field (cluster 1 in Fig. 2.19b) has a greater number of cones (n=267) and
extends rift-parallel across the southernmost ~40 km of the Natron Basin into the
northernmost ~10 km of the Ngorongoro-Kilimanjaro Volcanic Belt. Here, cone lineaments
and faults exhibit primarily spreading-normal orientations (029° and 011° mean strike,
respectively), and also align sub-parallel with the orientation of the 2007 Natron dike (027°
strike: Calais et al., 2008). It also contains a unique group of cones with a mean ESE-WNW
trend that, on closer inspection, forms a sub-radial pattern (section 2.6.1). A small group of
cones (n=15) ~50 km southwest of the South Natron field exhibit a NE-SW cone lineament
trend, and form the Ngorongoro Volcanic Highlands field (cluster 2 in Fig. 2.19b). East of

this field are three clusters of cones (clusters 3, 4 and 5 in Fig. 2.19b), all of which exhibit a



NW-SE trend and are surrounded by NW-SE trending faults. Based on the similar structural
trends observed in these clusters, they have been grouped into a single cone field, called the
Arusha field. The final cone field delineated in this study is the Kilimanjaro field (clusters 6
and 7 in Fig. 2.19b). This field consists of cones on or around the flanks of Kilimanjaro
volcano. These cones exhibit a NW-SE cone lineament trend. Unlike the Arusha field, no

faults are identifiable in Google Earth imagery in the Kilimanjaro field.
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CHAPTER 3: FAULT-CONTROLLED MAGMATIC CO, RELEASE IN EAST AFRICA

Chapter based on: Lee, H., Muirhead, J.D., Fischer, T.P., Ebinger, C.J., Kattenhorn, S.A.,
Sharpe, Z.D., Kianji, G., 2016, Massive and prolonged deep carbon emissions associated with

continental rifting: Nature Geoscience, v. 9, p. 145-149, doi:10.1038/nge02622.

3.1 Abstract

Carbon from Earth's interior is thought to be released to the atmosphere mostly via
degassing of CO; from active volcanoes. CO; can also escape along faults away from active
volcanic centers, but such tectonic degassing is poorly constrained. Measurements of diffuse
soil CO,, combined with carbon isotopic analyses, were used in this study to quantify the flux
of CO, through fault systems away from active volcanoes in the East African Rift (EAR).
From these analyses it is estimated that about 4 megatons per year of mantle-derived CO; is
released from the Magadi and Natron basins, at the border between Kenya and Tanzania.
Seismicity at depths of 15 to 30 km implies that extensional faults in this region may
penetrate the lower crust, and it is suggested that CO; is transferred from upper mantle or
lower crustal magma bodies along these deep faults. Extrapolation of measurements to the
entire Eastern rift of the EAR implies a CO; flux on the order of tens of Mt yr'l, comparable
to emissions from the entire mid-ocean ridge system of 53 to 97 Mt yr"'. Results from this
study suggest that widespread continental rifting and super-continent breakup could produce
massive, long-term CO, emissions and contribute to prolonged greenhouse conditions like

those of the Cretaceous.
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3.2 Introduction

Emissions of mantle-derived CO, are thought to be sourced primarily at volcanic
centers, where it is currently estimated that ~90% of Earth’s natural CO, is released through
active degassing of volcanic plumes or passive, diffuse emissions around volcanic edifices,
mid-ocean ridges, and volcanic lakes (Marty and Tolstikhin, 1998; Pérez et al., 2011; Burton
et al., 2013; Kagoshima et al., 2015). One major source of discrepancy in global flux
estimates relates to sparse sampling of diffuse CO, flux in fault systems away from volcanic
centres (Seward and Kerrick, 1996). These areas of tectonic degassing (e.g., Apennines, Italy;
Chiodini et al., 2004) exhibit high surface CO, fluxes sourced from deep magma bodies, yet
have no expression of recently active volcanism (e.g., composite volcanoes or calderas, see
also Section 3.7.1). Although magma-rich continental rifts (e.g., East African and Rio Grande
rifts) represent prime targets to test and quantify this mode of CO, transfer, gross estimates of
CO; flux within areas of tectonic degassing are currently restricted to only a few localities
globally (Italy and Pacific Rim; Seward and Kerrick, 1996; Chiodini et al., 2004).
Consequently, global CO, flux estimates from natural systems are likely underestimated

(Seward and Kerrick, 1996).

The East African Rift (EAR) is the world’s largest active continental rift, comprising
distinct western and eastern sectors with a cumulative length of >3,000 km (Ebinger and
Scholz, 2012) (Fig. 1). Active volcanoes in the EAR emit large volumes of CO,, such as
Nyiragongo (> 3.4 Mt yr''; Sawyer et al., 2008) and Oldoinyo Lengai (2.42 Mt yr''; Brantley
and Koepenick, 1995), and significant amounts of CO, are stored in large anoxic lakes (e.g.,
Lake Kivu; Pasche et al., 2011). Fault systems dissecting active volcanic centers in the EAR

(e.g., Aluto complex, Ethiopia) have been shown to provide local pathways through which
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CO,-rich fluids are transported from shallowly degassing magma chambers (Hutchison et al.,
2015). However, earthquake swarms spanning the crustal depth range, interpreted as the
release and rise of CO,-rich fluids through faults, are also observed in EAR basins away from
active volcanic centers (e.g., Albertine basin; Lindenfeld et al., 2012). Despite these findings,
no study has tested the volumetric capacity of rift-wide fault systems in the EAR to transport
deeply-derived CO,. This study provides strong evidence that significant volumes of CO,,
likely sourced from upper mantle and/or lower crustal magma bodies, are emitted through

fault systems positioned away from active volcanic centers in the EAR.
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Figure 3.1. Distribution of CO, flux samples and seismicity. A: SRTM map of the Magadi-Natron basin. Active
volcanic centers (Suswa, Gelai, and Oldoinyo Lengai) are annotated. Green stars show CO, measurements
locations. Red circles show earthquake epicenters from the CRAFTI seismic network (purple triangles). B:
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Location of the study area. C: Cross-sections from A-A’ and B-B’ in A. Purple circles represent earthquake foci
2 km from each section. Yellow fill represents basin sediments (Birt et al., 1997; Ebinger et al., 1997). Border
faults are projected to lower crustal seismicity using surface and seismic observations.

3.3 Methods

The volume of CO; released diffusively at any volcanic-tectonic setting can be
estimated from soil CO, flux measurements, whereas CO, sources (e.g., mantle and/or
biogenic) may be characterized by carbon isotope compositions (Lewicki and Brantley, 2000;
Chiodini et al., 2008). Diffuse CO, emissions were measured within fault populations in the
Magadi and Natron basins at the Kenya-Tanzania border (Fig. 3.1 and Table 3.1). Diffuse
CO, flux was measured with an accumulation chamber (Chiodini et al., 2008) at the base of
fault scarps (termed here fault zones) and compared with background values in hanging walls
and footwalls across horst and graben structures (see also Sections 3.7.2 and 3.7.3). Gas
samples were collected by diverting gas from the chamber into pre-evacuated glass vials
during flux measurements (Parks et al., 2013). These samples were analyzed in the laboratory
for 813C—C02 (%0) and CO; concentrations, and compared with samples collected on Oldoinyo
Lengai, an active volcano at the southern terminus of the Natron basin (Fig. 3.1a). Seismicity
data were collected on the 38-station CRAFTI broadband seismic array (refer to Section

3.8.4).
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Table 3.1. CO, fluxes, mean CO, concentrations and 8"C from the Magadi-Natron basin.

area mean flux total flux annual flux CO, 3'*C-Co,
(km?) (gm>d™") (td™" Mt yr'") (ppm) (%o vs. PDB)
Fault zones 72.9 36.6+11.0 2,672 + 804 0.98 £0.29 1,056 + 581 -7.8+1.3
Magadi Background 334.6 49+19 1,650 + 649 0.61+0.24 789 + 209 -8.1+1.4
Sum 407.5 4,327 + 1453 1.59+£0.53
Fault zones 33.1 17.2+£5.0 570 + 166 0.21 £0.06 944 + 158 -8.1+£2.0
Natron Background 540.9 11.4+6.6 6,176 + 3592 2.25+1.31 837+ 108 -8.5+13
Sum 574.0 6,746 + 3758 2.46 +£1.37
Total 981.5 4.05 +£1.90 929 + 386 -8.0+1.3

Fluxes are + 95% confidence. Mean values of CO, concentrations and 8'"°C are + 1c. Fault zones occur adjacent to
fault scarps, extending outward on the downthrown side a distance equal to the maximum throw. Faults were
mapped from aerial photos and throws were estimated using a measured throw/length ratio of 0.0061. Background
values represents the combined CO, flux from hanging walls (downthrown sediments) and footwalls (uplifted lavas)
measured from aerial photos and LandSat imagery, and validated in the field. See also Figure 3.4 and Tables B1 and

B2 in Appendix B.

3.4 Results: Carbon isotope and CO; flux data from faults of the Magadi-Natron region

Carbon isotope compositions indicate a strong mantle contribution to the observed CO,
(Fig. 3.2). Measured 83 C-CO, values range from -3.8 to -11.7%¢ with a mean value of -
8.0+1.3%o (Table 3.1), and 78% of values fall within the mantle range (-6.5+2.5 %o; Sano and
Marty, 1995). All 8'*C-CO, values are distinctively heavier than biogenic 8'°C values from
soil CO; studies along transform plate boundaries elsewhere, such as the San Andreas fault (-
21.6%o to -23.7%o; Lewicki and Brantley, 2000). Although two samples have similar 5'°C-
CO, values (-3.8%0 and -4.3%o, respectively) to fumaroles on Oldoinyo Lengai volcano (-
2.36%o0 to -4.01%o; Fischer et al., 2009), they are within the range of isotope values from

mantle-derived CO; collected in volcanic and geothermal areas in the Kenya rift (-1.7%o to -
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6.9%o; Darling et al., 1995). CO, concentrations of analyzed samples (< 0.4%) are lower than
typical magmatic and hydrothermal gases (0.5%-11.9%; Fischer et al., 2009), which may be
attributed to dilution of mantle-derived CO; by air during diffuse degassing (Fig. 3.2). For
example, following the approach of Parks et al. (2013), plots of 8'°C and CO, concentrations
fit on a mantle-air mixing line (Fig. 3.2). Samples with lighter 813C values (< -9%o) are

possibly affected by minor contributions of biogenic CO, to a predominantly mantle-derived

CO; and air mixture.
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Figure 3.2. Carbon isotope compositions and concentrations of diffuse CO, in the Magadi-Natron basin. §"°C-
CO, vs the reciprocal of CO, concentration (x104). Mantle 5"°C values (red box) are -6.5+2.5%0 (Sano and
Marty, 1995). 8"3C values of fumaroles (yellow bar) are from Fischer et al. (2009). Biogenic CO, (green bar)
ranges from -20%o to -25%o of 8"C (Lewicki and Brantley, 2000). Values for air (Lewicki and Brantley, 2000)
are represented by the black square. Arrows show mixing lines between mantle and air (1), biogenic CO, and air

(2), and mixtures of mantle/air and biogenic CO, (3).
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An elevated CO, flux in fault zones of the Magadi and Natron basins (Table 3.1; Fig.
3.3) provides strong evidence that faults act as permeable pathways that facilitate the ascent of
the deeply-derived CO; (refer also to Section 3.7.3). Mean values of diffuse CO, flux in fault
zones of the Magadi and Natron study areas (36.6£11.0 g m?Zd” and 17.2+5.0 g m?d’,
respectively) are higher than background values in graben sediments and uplifted rift lavas
(Table 3.1). The highest individual CO; flux measurements (up to 533.5 g m~>d™) occur along
large faults (throws >150 m), which occasionally exhibit aligned hot springs along them (Fig.
3.3a). Some of these large faults bound the >2-km-deep rift basins (Birt et al., 1997; Foster et

al., 1997) and are underlain by lower crustal earthquake swarms (Fig. 3.1).
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Figure 3.3. Summary of CO, fluxes throughout the Magadi-Natron basin. A: Simplified structural map of a
faulted graben in Magadi basin (coordinate system is UTM 36S). Black lines represent faults and yellow stars
the location of springs. B: Cross-section (X-X’ in a) showing the distribution of CO, flux (red circles). C & D:
Cumulative frequency plots of diffuse CO, flux from all transects across faulted grabens in the study area.
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Hanging wall represents downthrown sediments, footwalls are uplifted lavas, and fault zones occur adjacent to
fault scarps, extending outward on the downthrown side a distance equal to the maximum throw (see section
3.7.2).

Diffuse CO; flux from tectonic degassing in the Magadi and Natron basin study areas
equates to estimated CO, outputs of 1.59+0.53 Mt yr™' and 2.46+1.37 Mt yr™', respectively
(Table 3.1) (refer also to Section 3.7.4). These values represent tectonic degassing of mantle-
derived CO; through fault systems away from active volcanic centers, and thus omit CO, flux
values from volcanoes at the northern (Suswa) and southern (Oldoinyo Lengai) extents of the
Magadi-Natron region. The combined study area represents only ~10% of the entire 9,200
kmz, pervasively faulted Natron and Magadi basins; therefore, our flux values represent a
conservative minimum estimate for the study region. Despite this cautious approach, the total
CO; flux from tectonic degassing along fault systems in the Magadi-Natron region is an order
of magnitude greater than the mean diffuse CO; flux of reported historically active volcanoes
(0.21 Mt yr'l; Burton et al., 2013). However, it is important to note that diffuse CO, flux
occurs passively over wide areas, and thus CO, contributions from diffuse degassing at many
volcanoes may be underestimated as a result of sparse sampling and the large study areas

required to accurately constrain flux.
3.5 Discussion

3.5.1 Source of the mantle-derived CO, in the Magadi and Natron basins

CO; is extracted from the mantle by the generation and ascent of magma. It exsolves
from magma during cooling, crystallization, and decompression. Where extensional fracture

systems exist, as in rift zones, exsolved CO; has a permeable network through which it may
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rise to the surface (Reyners et al., 2007; Lindenfeld et al., 2012; Burton et al., 2013). Seismic
and magnetotelluric studies provide evidence for volumetrically significant accumulations of
magma trapped within the crust and upper mantle beneath the Eastern rift (Birt et al., 1997;
Keranen et al., 2004). These magma bodies provide the likely source for massive CO,
emissions. Although CO, in the Magadi-Natron basin may in part be sourced by upper crustal
dikes (e.g., Calais et al., 2008), the flux of CO; is significant, and requires degassing from the
large magma volumes in the crust and mantle (see also Section 3.7.5). The association of
mantle-derived CO, and fault zones provides compelling evidence that CO; released from
these intrusions into rift-wide fault systems rivals degassing at rift volcanoes. These assertions
are further supported by lower crustal earthquakes in the region, which are shown at some rift
settings to represent the transport of volatiles exsolved from upper mantle (Reyners et al.,
2007; Lindenfeld et al., 2012) and/or lower crustal intrusions (Keir et al., 2009a). Well-
located seismicity occurs at depths of 20-27 km and in some instances can be projected along
subsurface border faults (Albaric et al., 2014) (Fig. 3.1). Steep, rift-parallel zones of lower
crustal to near-surface earthquakes beneath the central Magadi and Natron basins may also
mark zones of repeated dike intrusion within incipient magmatic segments (e.g., Keranen et
al., 2004) (Fig. 3.1), providing a potential source for massive CO, emissions through rift-wide

fault systems.

3.5.2 Estimating CO, flux along the Eastern rift

Although CO; flux from tectonic degassing in the Magadi and Natron basins may be
higher than other sectors, the growing evidence of CO, degassing from even the magma-poor
Albertine system (Lindenfeld et al., 2012) suggests the process may apply to other EAR

basins. These considerations imply that faults in the EAR likely contribute a significant
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portion of CO; to the global budget. CO, flux data from Magadi and Natron may be used to
make first-order estimates of the total CO, flux from tectonic degassing in the Eastern rift (see
also Section 3.7.4). The ~184 x 50 km Magadi-Natron basin emits a minimum of 4.05+£1.90
Mt yr'1 of diffuse CO; over its areal extent (Table 3.1), equating to a mean 4.4 x 10% t km™ yr
! If this flux were to be applied to the 3,240 x 50 km Eastern rift (Ebinger and Scholz, 2012),
it would equate to a value of 71+33 Mt yr'1 of CO,, which could potentially increase the
global flux from natural systems (637 Mt yr''; Burton et al., 2013) by 11% to 708 Mt yr'".
Although this total CO, flux represents only degassing along fault systems away from
volcanic centers, it is still of the same order as the total CO, output from mid-ocean ridges
(53-97 Mt yr'l; Marty and Tolstikhin, 1998; Kagoshima et al., 2015). The significance of
these flux estimates highlights the important contributions of the East African Rift to the deep
carbon cycle, as well as the potential role of deeply-derived fluids in assisting rift processes
generally (e.g., lower crustal faulting; Lindenfeld et al., 2012; Albaric et al., 2014). However,
further diffuse CO, surveys across fault systems in Tanzania, Kenya and Ethiopia are required

to test whether our flux estimates can be confidently applied to the entire Eastern rift.

3.5.3 Continental rifting and the global CO, budget

Understanding the causes of atmospheric CO, variations over geologic timescales is
important for reconstructing Earth’s climate. For example, baseline greenhouse conditions of
the Cretaceous to early Paleogene were characterized by 4-8 times higher pCO, than the
Holocene, requiring a 2-2.8 times increase in global CO; input to the atmosphere (Lee et al.,
2013). The exact cause of this increase is poorly constrained, although it has been linked
previously to increased rates in arc and/or flood basalt volcanism (Kidder and Worsley, 2010;

Lee et al., 2013). CO, emission estimates from tectonic degassing in the EAR (tens of Mt yr™)
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show that long-lived (> 5 Myr), magma-assisted rifting could produce 10* Gt Myr'1 of CO,,
after an initial spike of ~1 Gt yr'" associated with flood basalt eruptions (Courtillot et al.,
1999; Self et al., 2006). During the Cretaceous and Paleogene, widespread flood basalt
volcanism and continental breakup events occurred in association with the Greenland (60-53
Ma), Deccan (65-60 Ma), and Parana (138-125 Ma) large igneous provinces (Courtillot et al.,
1999). Based on estimates from this study, each of these rifting events would be the
equivalent of doubling current mid-ocean ridge CO, emissions and releasing 10* Gt Myr ™" of
greenhouse gases over the lifetime of rifting. Although this may not be sufficient to achieve
the required 4-8 times increase in atmospheric CO, compared to the Holocene, widespread
continental rift formation, like the recently proposed ubiquitous continental arc volcanism
(Lee et al., 2013), provides a compelling and previously unquantified source of massive, long-

term CO; input to the atmosphere.

3.6 Conclusions

This study provides the first evidence of volumetrically significant emissions of
mantle-derived CO, along rift-wide fault systems in the East African Rift. Elevated diffuse
CO; flux in the vicinity of faults provides strong evidence that these faults act as permeable
pathways that facilitate the ascent of the deeply-derived CO,. Carbon isotope compositions
indicate a strong mantle contribution to the observed CO,. Magma bodies situated in the lower
crust and/or upper mantle, which have been imaged across the Eastern rift from both seismic
and magnetotelluric studies, provide the likely source for these massive CO, emissions.
Seismicity at depths of 15 to 30 km implies that some extensional faults in this region may
penetrate the lower crust, and it is suggested that CO; is transferred from upper mantle or

lower crustal magma bodies along these deep faults.
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Diffuse CO; flux from tectonic degassing in the Magadi and Natron basin study areas
equates to estimated CO, outputs of 1.59+0.53 Mt yr' and 2.46+1.37 Mt yr'', respectively,
which is an order of magnitude greater than the mean diffuse CO, flux of reported historically
active volcanoes (0.21 Mt yr'l; Burton et al., 2013). Extrapolating these flux values to the
entire Eastern rift equates to 7133 Mt yr'' of CO,, which would increase the global flux from
natural systems (637 Mt yr'l; Burton et al., 2013) by 11% to 708 Mt yr'l. Although this total
CO, flux represents only degassing along fault systems away from volcanic centers in the
EAR, it is still of the same order as the total CO, output from mid-ocean ridges. Result from
the EAR show that long-lived, magma-assisted rifting could produce 10* Gt Myr ™ of
CO,.Widespread continental rift formation and supercontinent breakup provides a compelling

and previously unquantified source of massive, long-term CO; input to the atmosphere.
3.7 Supporting information

3.7.1 Definition of tectonic degassing

The term tectonic degassing was coined by Burton et al. (2013), and can be used to
differentiate mantle-derived CO, degassing at active volcanic centers (e.g., composite
volcanoes, caldera complexes) from areas that are not directly affected by volcanism at the
surface. CO; released from tectonic degassing is sourced from the mantle (e.g., Apennines,
Italy; Chiodini et al., 2004) and ascends the crust through fault networks before reaching the
surface in areas away from any observable volcanoes. Therefore, three specific criteria must
be met under a tectonic degassing model: (1) the CO, must have a magmatic (i.e., mantle-
derived) signature; (2) the CO, must ascend through the crust along faults and fractures; and

(3) the CO, must reach the surface away from volcanic centers (e.g., composite volcanoes).
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3.7.2 Definition of structural zones from field-based analyses and aerial mapping

The highest CO; flux is observed in the Magadi-Natron region in the vicinity of faults,
in a zone extending outward from the base of the fault scarp over a distance equal to the fault
throw (fault zone in Figs. 3.3, 3.4 and 3.5). Permeable sediments in faulted grabens also
exhibited higher flux values than those observed in impermeable lavas in uplifted footwalls.
Based on these observations, CO, flux measurements were subdivided into three categories
based on sample location relative to fault structure and surface geology. These structural
categories include: (1) fault zones, defined as the area directly adjacent to the fault scarp and
extending outward on the downthrown side of the fault to a distance equal to the maximum
throw; (2) hanging walls, the downthrown side of the fault excluding the fault zone and
characterized by sedimentary fill; and (3) footwalls, the uplifted side of the fault comprising

primarily rift lavas with a thin veneer of sediments in places (Fig. 3.4).

3.7.4 Estimating CO, flux in the Magadi-Natron basin and Eastern rift of the EAR

Although CO; gas emits diffusely over the 982 km? study area in the Magadi-Natron
basin, there are clear differences in flux within the three structural zones defined above (Figs.
3.3 and 3.5). To account for these observed variations, total flux was calculated within each of
the defined zones by multiplying the area of each zone by its mean CO, flux (Table 3.1, and
Table B2 of Appendix B). These values were then summed to calculate total diffuse CO, flux
in the study area. The areas occupied by downthrown graben sediments and uplifted trachyte
lavas on the hanging walls and footwalls of faults, as well as fault traces (Fig. 3.4), were
mapped from aerial photography (0.5 m resolution), Landsat 7 false color imagery (15 m
resolution) and the Aster GDEM v.2 (30 m resolution), and validated in the field. Applying

the method of Cowie et al. (1993), fault throw (7) was estimated from the throw-length
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scaling relationship within the Magadi-Natron fault population using 7' = yL (eq. 3.1), where L
is fault length and vy is the throw/length coefficient. This study used a y of 0.0061 for faults of
the Magadi-Natron basin, which was estimated from 30 faults measured from the Aster
GDEM v.2 and aerial photography (0.5 m resolution). This value of vy is similar to dilation

normal fault systems forming in rift lavas in Iceland (0.006; Angelier et al., 1997). The area of
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Figure 3.4. Areal distributions of fault zones, hanging wall sediments, and footwall lavas in the Magadi (A) and
Natron (B) basin study areas. Structural zones are overlain on an Aster GDEM v.2 hillshade. Locations of CO,
flux measurements are presented as green circles. Small faults (10s to 100s of meters long) and short gaping
fissures (10s of meters long) mapped in the field by Sherrod et al. (2013) are presented as black lines.

the fault zone for each fault was then calculated by multiplying the fault length by fault throw

calculated using equation 3.1.
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Figure 3.5 (previous page). Diffuse CO, flux data from 7 transects across the Natron-Magadi basin. A & B:
General location of each transect in the Magadi (A) and Natron (B) study areas. Transect numbers (e.g., T#1,
T#2) correspond to transect numbers of histograms in (C). Coordinates of study areas and sample locations are
shown in Fig. 3.4. C: Histograms of diffuse CO, flux in fault zones (red), hanging walls (yellow), and footwalls
(blue) from the transects shown in (A) and (B). Units for mean and max values are g m?2d’.

Uncertainties in our flux estimates are reported as the standard error of the sample
distributions. Previous field studies of diffuse CO, degassing used a densely-sampled grid
over comparatively smaller areas, collecting ~10-100 samples per km? (Werner and
Cardellini, 2006; Chiodini et al., 2008) compared to ~1 per km? collected for this work.
However, the current study area is 1 to 2 orders of magnitude larger than those of previous
studies and was, therefore, comparatively sparsely sampled (565 measurements over 982
km?). The diffuse CO, flux is also clearly influenced by fault structure and permeability of the
substrate (Fig. 3.3). These two factors limit the application of existing methods of
geostatistical analysis (for example SGeMS) used to quantify total CO; flux (Deutsch and
Journel, 1998; Werner and Cardellini, 2006; Chiodini et al., 2008). For these reasons, it is
inferred that the “structural-area method” outlined above currently provides the most robust
estimate of total CO, flux for the study site. It is, however, challenging to estimate the extent
to which the collected flux data represents a fair distribution of CO; flux in the defined
structural zones. A conservative estimate of total flux has therefore been used for the entire
Magadi-Natron basin. Essentially, the calculated CO, output of 4.05 Mt yr'1 accounts for CO,
flux over only ~10% of the 9,200 km? Magadi-Natron basin (combined study area = 982 km?;
Fig. 3.4), but this amount has been conservatively assumed to represent the total flux across
the entire Magadi-Natron basin. In this study, the basin length is defined as the distance from
Oldoinyo Lengai to Suswa volcano (184 km long), and basin width is defined as the distance

from the western border fault system to the eastern edge of the faulted monoclinal flexure in
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the hanging wall of the half-graben structure (50 km wide; Foster et al., 1997). Assuming a
total CO, flux of 4.05 Mt yr' for the 9,200 km?® Magadi-Natron basin equates to a minimum
value of flux per unit area of 4.4 x 10> t km™ yr'. This conservative value is one to two orders
of magnitude lower than typical flux per unit area estimates of tectonic degassing in smaller
(~10" km?), geothermal regions elsewhere (Morner and Etiope, 2002), yet the total flux is

significant compared to flux values from historically active volcanoes (Fig. 3.6a).
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Burton et al. (2013), and Kagoshima et al. (2015).
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The minimum CO; flux calculated for the Magadi-Natron basin may be used to
extrapolate an estimate of CO, flux for the entire Eastern rift of the EAR. Applied rift
dimensions are in accordance with Ebinger and Scholz (2012), and define the Eastern rift to
include rift basins from the Afar depression southward to the Kilombero rift over a total area
of 3,240 x 50 km. By extrapolating CO; flux per unit area from the Magadi-Natron basin (4.4
x 107 t km™ yr'l) across the Eastern rift, a number of assumptions about the nature of
magmatism, faulting, and fluid migration in this rift sector are made. First, it is assumed that
strain accommodation proceeds in a similar manner across the Eastern rift via dike intrusion
and faulting. Second, plate spreading is accommodated across the full width of rift basins, as
suggested by the distribution of seismicity observed across the Eastern rift (Nyblade et al.,
1996; Hollnack and Stangl, 1998; Ibs-von Seht et al., 2001; Keir et al., 2006, 2009; Belachew
etal., 2011) (Fig. 1). Third, it is assumed that the faulted basins are underlain by zones of
magma intrusion, as detected in geophysical imaging, and detection of active intrusions
(Keller et al., 1994; Birt et al., 1997; Ibs-von Seht et al., 2001; Keranen et al., 2004; Calais et
al., 2008; Keir et al., 2009a; Belachew et al., 2011). Fourth, it assumed that fluids exsolved
from these crustal and upper mantle magma bodies migrate through permeable fault zones,
which is supported by fluid-driven lower crustal and upper mantle earthquakes observed in
the Albertine rift basin (Lindenfeld et al., 2012) and in magmatic rifts elsewhere (e.g., Taupo

Rift, New Zealand; Reyners et al., 2007).

3.7.5 Sources of CO, in the Magadi-Natron basin

CO, is removed from the mantle by the generation and ascent of magma. It exsolves
from magma during cooling, crystallization and decompression, before rising through

lithosphere along fractured, permeable pathways (Geissler et al., 2005; Burton et al., 2013).
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Seismic and magnetotelluric studies along the Eastern rift provide evidence for volumetrically
significant accumulations of magma at depth (Keller et al., 1994; Birt et al., 1997; Ibs-von
Seht et al., 2001; Keranen et al., 2004; Kendall et al., 2005; Whaler and Hautot, 2006; Keir et
al., 2009a). This magma is the likeliest source of the mantle-derived CO, measured at the
surface. The possible location of the CO, source (upper crust, lower crust, or upper mantle) in
the Magadi-Natron basin is discussed below based on previous work and the lower crustal

seismicity presented in this study.

Upper crust. Although two shallow dike intrusions (< 10 km deep) have been detected
by InSAR and temporary seismic arrays in the Magadi-Natron basin in the last 20 years
(Hollnack and Stangl, 1998; Ibs-von Seht et al., 2001; Biggs et al., 2009a), the volume of
these intrusions is too small to supply the estimated 4.05 Mt yr'1 of CO,. For example,
assuming that the 2.4 m-wide, 7 km-long and 4 km-high 2007 Natron dike (Calais et al., 2008;
Biggs et al., 2009a) consisted of 1 wt% CO, and had a density of 3000 kg m™, it would have
sourced only 2 Mt of CO, to the Magadi-Natron basin 7 years prior to the current survey.
Based on analogy to other rift sectors (e.g., Main Ethiopian Rift; Keranen et al., 2004; Keir et
al., 2009a), the primary CO; is thus likely sourced from lower crustal and mantle lithosphere

magma bodies.

Lower crust and Upper mantle. Anomalously low uppermost mantle (Pn) velocities
across the Magadi sector of the Kenya Rift can be explained by a zone of ~5% partial melt
(Keller et al., 1994; Birt et al., 1997). CO, may exsolve from magmas in the partial melt zone,
and then travel vertically through faults in a strong, mafic lower crust, resulting in the
observed deep seismicity (e.g., Kennedy et al., 1997; Lindenfeld et al., 2012; Albaric et al.,

2014). Alternatively, lower crustal seismicity could also be caused by active magma intrusion
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(Keir et al., 2009a) and volatile-driven hydraulic fracturing along the margins of modern dike
and sill intrusions (Albaric et al., 2014), or in some places represent detachment faulting

(Mulibo and Nyblade, 2009).
3.8 Supporting methods

3.8.1 CO; gas accumulation chamber method.

The diffuse CO; flux survey was performed using the accumulation chamber method
described in detail by (Chiodini et al., 1998). The study used an EGM-4 CO, Gas Analyzer
(PP Systems), which has a cylindrical chamber with a volume of 1.18x10” m’, and an infra-
red gas analyzer with a measurement range of 0 to 30,000 ppm and <1% error. For each field
measurement, the accumulation chamber was pressed firmly into the ground (~2 cm deep) to
form a tight seal. Diffuse CO; flux was then calculated in the field based on changes in CO,

concentration (ppm) through time over a 120 second time period.

3.8.2 Field sampling strategy

Owing to the large number of fault systems and eruptive centers in the 184 km-long,
50 km-wide Magadi-Natron basin system, a modified version of the dense grid sampling
approach for small sample areas (1-20 kmz; Werner and Cardellini, 2006; Chiodini et al.,
2008) was applied. In contrast to these previous studies, the analyses focused on
understanding CO, flux with respect to the location of visible faults (see also Section 3.7.2).
Where access allowed, CO; flux measurements were taken along 500 m to 4,000 m-long
transects either parallel or perpendicular to fault strike, with sample spacing varying between
20 m and 200 m depending on the length of the transect. In addition to targeting faults, broad

transects (4,000 m to 20,000 m long) were taken across the Magadi and Natron basins, with
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sample spacing between 400 m and 4,000 m. In total, 565 flux measurements were taken over

the 960 km? survey area during 18 days of field work in June and July, 2014.

3.8.3 Laboratory analyses of gas compositions and C isotopes.

In total 115 gas samples were collected, each with an accompanying duplicate sample,
for isotope analyses in the Magadi-Natron basin and on Oldoinyo Lengai volcano (Table B4
in Appendix B). CO, concentrations and 8"°C values were assessed using the method of Parks
et al. (2013). A T-shaped connector, attached to the gas analyzer, was used to divert gas into
pre-evacuated Labco 12 ml Borosilicate Vials during flux measurements. CO, concentrations
in the vials were determined at the University of New Mexico by a Gow-Mac series G-M 816
Gas Chromatograph (GC) and a Pfeiffer Quadrupole Mass Spectrometer (QMS), which has a
mass range from 0 to 120 amu. The Volcanic and Geothermal Fluid Analysis Laboratory
(University of New Mexico) has a combination system of GC and QMS that enables
measurement of gas species at the same time. Relative abundances of CO,, CH4, H,, Ar+O,,
N, and CO in the vials were measured on the GC using a He carrier gas. Gas species were
separated on the GC using a Hayes Sep pre-column and 5A molecular sieve columns. A
discharge ionization detector was used for CO,, CHa4, Hy, Ar+O;, N, and CO, respectively
(Giggenbach and Goguel, 1989). He, Ar, O,, and N in the vials were also analyzed for their
relative abundances on the QMS with a secondary electron multiplier detector in dynamic
mode. These data were processed using the Quadstar software, which corrects possible mass
interferences (de Moor et al., 2013a). Combining the data from GC and QMS, the relative
abundances of CO,, CHy, H,, Ar, Oy, N; and CO were acquired. The 813C—C02 values were
measured by Isotope Ratio Mass Spectrometer (Finnigan Delta XL) with a gas bench and

auto-sampler at the Center for Stable Isotopes, University of New Mexico. The §*C-CO,
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values are presented as per mil (%o) against the standard, Pee Dee belemnite (PDB). Only
8'*C-CO, values that have higher peak amplitudes of mass 44 (906 to 10,111mV) than blank
tests (average of 805mV) were taken. Using the Oztech isotope ratio reference gas, the

standard error of analyses is + 0.2%o (105).

3.8.4 Analysis of broadband seismic data

Continuous waveforms from the 38-station CRAFTI (Continental Rifting in Africa:
Fluid-Tectonic Interaction) broadband seismic array and GEOFON stations KMBO and
KIBK in Kenya were analyzed using the Seismic Handler Motif (SHM) program (Stammler,
1993) (Fig. 3.7). P- and S-wave arrival times were picked manually on Butterworth filtered
(1-10 Hz) vertical and horizontal components. P phase arrival times were assigned quality
factors of 0, 1, 2 or 3 according to estimated measurement errors of 0.05s, 0.1s, 0.15s, and
0.3s, respectively. S-wave quality factors of 0, 1, 2, and 3 were assigned to arrivals with
estimated measurement errors of 0.1s, 0.175s, 0.25s, and 0.3s, respectively. Only events with
a minimum of 6 phases, including at least 3 P-arrivals, were used in the locations; most events
had 20 or more phases. The initial locations of earthquakes were found assuming the local
velocity model of Albaric et al. (2010) and using a hypoinverse absolute location algorithm
(Klein, 1978). Progressive GPS timing failures at 32 sites led to changing the network in
January and February, 2013 and then a gap between March and January, 2014. Data used in
this study (3,274 events) span January 13 to February 28, 2013, and December 15, 2013 to
November 1, 2014. Excluding a few mine blast events and earthquakes at Oldoinyo Lengai
volcano, earthquakes are tectonic with impulsive P- and S-arrivals and peak frequencies >
5Hz. Earthquakes presented along profiles A-A’ and B-B’ represent a small, representative

proportion of Magadi-Natron data set, consistent with depth histograms of all Natron and
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Magadi basin earthquakes, which show significant population at depths between 15 and 27
km (Fig. 3.8). A subset of these earthquakes was relocated using a 3D tomography model of
the study area (Roecker et al., 2015). Depth histograms for earthquakes in the Natron and
Magadi basins (excluding Gelai volcano) and those relocated from the 3D tomography model
show no systematic variations (Fig. 3.8). The same earthquakes were re-located using the
double difference algorithm of Roecker et al. (2015). Double difference locations for
earthquakes along A-A’ and B-B’ have formal position errors of < 1.5 km and depth errors <
3.9 km determined by singular value decomposition (errors increase with depth), with
additional but small errors associated with 3D velocity variations. Local magnitudes range

between 1 and 4.5.
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Figure 3.7. CRAFTI seismic network (purple triangles) and GEOFON stations KIBK and KMBO (purple stars)

also used in event locations (red circles).
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crust (>15 km) along the length of the Natron and Magadi basins.
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CHAPTER 4: EVOLUTION OF FAULTING AND MAGMATIC VOLATILE SYSTEMS

DURING EARLY-STAGE CONTINENTAL RIFTING

4.1 Abstract

During the development of continental rifts, strain accommodation shifts from border
faults to intra-rift faults. This transition represents a critical process in the evolution of rift
basins in the East African Rift (EAR), resulting in the focusing of strain and, ultimately,
continental breakup. An analysis of fault and fluid systems in the <7 Ma Natron and Magadi
basins (Kenya-Tanzania border) reveals the transition as a complex interaction between plate
flexure, magma emplacement, and magmatic volatile release. Rift basin development was
investigated by analyzing fault systems, lava chronology, and geochemistry of spring systems.
Results show that strain in the 3 Ma Natron basin is primarily accommodated along the border
fault, whereas results from the 7 Ma Magadi basin reveal a transition to intra-rift fault
dominated strain accommodation. The focusing of strain into a system of intra-rift faults in
Magadi also occurred without oblique-style rifting, as is observed in Ethiopia, and border
fault hanging wall flexure can account for only a minor portion of faulting along the rift axis
(~12% or less). Instead, areas of high upper crustal strain coincide with the presence of
hydrothermal springs that exhibit carbon isotopes and N,-He-Ar abundances indicating

mixing between mantle-derived (magmatic) fluids and air saturated water.

By comparing the distribution of fault-related strain and zones of magmatic fluid
release in the 3 Ma Natron and 7 Ma Magadi basins, a conceptual model for the evolution of

early-stage rifting is presented. In the first 3 million years, border faults accommodate the
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majority of regional extension (1.24-1.78 mm yr’' in Natron at a slip rate ranging 1.93-3.56
mm yr'), with a significant portion of intra-rift faulting (38-96%) driven by flexure of the
border fault hanging wall. Fluids released from deep magma bodies ascend along the border
fault and then outward into nearby faults forming in the flexing hanging wall. By 7 million
years, there is reduction in the amount of extension accommodated along the border fault
(0.40-0.66 mm yr' in Magadi at a slip rate ranging 0.62-1.32 mm yr'l), and regional extension
is primarily accommodated in the intra-rift fault population (1.34-1.60 mm yr™"), with an
accompanying transition of magmatic volatile release into the rift center. The focusing of
magma toward the rift center and concomitant release of magmatic fluids into the flexing
hanging wall provides a previously unrecognized mechanism that may help to weaken crust
and assist the transition to intra-rift dominated strain accommodation. It is concluded that the
flow of magmatic fluids within fault systems likely plays an important role in weakening
lithosphere and focusing upper crustal strain in early-stage EAR basins prior to the
establishment of magmatic segments, like those present in the Main Ethiopian Rift further

north.

4.2 Introduction

The initiation of continental breakup is fundamental to plate tectonic theory, yet the
combination and relative importance of processes driving breakup remain largely enigmatic.
The tectonic forces driving continental rift initiation (e.g., gravitational potential energy,
mantle convection; Coblentz and Sandiford, 1994; Bird et al., 2008; Stamps et al., 2015) are
theoretically too small to rupture thick lithosphere, particularly in the absence of tractions
provided by boundary forces acting on the sides of lithospheric plates (e.g., slab-pull) (Buck,

2004; Stamps et al., 2014). However, some continental rift zones are also sites of
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asthenospheric and lithospheric heating (e.g., Kenya Rift; Rooney et al., 2012) that may pre-
date rifting (Courtillot et al., 1999; Campbell, 2005), with subsequent tectonic thinning
commonly accompanied by decompression melting and the rise of volatiles and magma
through the lithosphere (McKenzie and Bickle, 1988; White and McKenzie, 1989; Geissler et
al., 2005; Chapter 3). Therefore, intrusion of magma and volatiles is thought to play a major
role in the continental rifting process (Buck, 2004; Reyeners et al., 2007; Lindenfeld et al.,

2012; Rowland and Simmons, 2012; Ebinger et al., 2013).

The buoyancy of magma enables dike intrusions at continental rift settings to ascend
from melt generation zones in the mantle toward the surface (Buck, 2004). Dike opening
accommodates extensional strain, while the transfer of heat from intrusions weakens the crust
locally (e.g., Buck, 2004; Calais et al., 2008; Bialas et al., 2010; Daniels et al., 2014). The rise
of magmatic volatiles from mantle depths may also assist rifting. These fluids are
hypothesized to mechanically weaken lithosphere through increases in pore fluid pressure
(Sibson, 2000; Reyners et al., 2007) and hydration mineral reactions (Moore and Rymer,
2007). Earthquake swarms signaling brittle failure in the lower crust and upper mantle have
been detected beneath cratonic lithosphere in the East African Rift (EAR), and interpreted as
the rise of fluids through the plate (Lindenfeld et al., 2012; Albaric et al., 2014; Chapter 3).
Soil CO; flux and carbon isotope data collected in a companion study (Lee et al., 2016) from
the Natron basin, Tanzania, and Magadi basin, Kenya, support these interpretations, revealing
that mantle-derived CO, ascends to the surface along deeply penetrating faults in parts of the

EAR (Chapter 3).

The early-stage (<10 Ma) development of continental rift basins is recorded in

extensional fault systems observed at the surface. For many continental rifts, active
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deformation is concentrated in graben or asymmetric half-graben depressions with
accompanying syn-rift sedimentation and volcanic resurfacing (Baker and Mitchell, 1976;
Baker, 1986; Rosendahl, 1987; Scholz et al., 1990; Gawthorpe and Leeder, 2000; Ebinger and
Scholz, 2012). Sedimentary cover often conceals fault scarps, resulting in uncertainty
regarding the geometry and kinematics of fault populations, as well as calculations of bulk
strain and time-averaged extension rates. Although these difficulties arise in many parts of the
EAR, faults are well-exposed in some basins in Ethiopia and the Kenya Rift (Fig. 4.1B) (Le
Turdu et al., 1999; Gupta and Scholz, 2000; Manighetti et al., 2001; Vetel et al., 2005;
Agostini et al., 2011a). Well exposed fault systems in the Kenya Rift include the Kino Sogo
Fault Belt of the Turkana basin (Vetel et al., 2005), the Maji-Moto fault system of the Baringo
basin (Le Turdu et al., 1999; Le Gall et al., 2000), and faults of the Magadi basin (Baker,
1958, 1963; Baker and Mitchell, 1976; Le Gall et al., 2008). A common feature of these fault
systems is that they formed in young volcanic units (~3 Ma or younger) with limited
sedimentary cover (Baker and Wohlenberg, 1971; Vetel et al., 2005). Despite covering
earlier-formed faults, widespread lavas also provide constraints on the accumulated fault
strain since the time of their emplacement (Baker and Mitchell, 1976; Baker et al., 1988;
Vetel et al., 2005; Le Gall et al., 2008). Therefore, these locations have served as focus sites
for studies addressing the growth and kinematics of fault systems in the Kenya Rift of the
EAR (Le Turdu et al., 1999; Morley, 1999; Le Gall et al., 2000; Vetel et al., 2005; Le Gall et

al., 2008).
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Figure 4.1. (A) Simplified map of the Magadi and Natron basins on a 30 m-resolution SRTM digital elevation
model. Active volcanoes (Suswa and Oldoinyo Lengai) at the northern and southern terminus of the basins are
annotated. Bold black lines indicate active border faults (BF). Dashed black line shows the now extinct Oldonyo
Ogol fault: an early border fault of the Natron basin (Foster et al., 1997). Dashed grey line shows the inferred
boundary between the Magadi and Natron basins based on the northern termination of the Oldonyo Ogol fault
and southern termination of the Nguruman border fault of the Magadi basin. Dark blue polygons show the
distribution of permanent spring waters in the rift basin lakes, whereas light blue polygons indicate ephemeral
lake waters. Extension rates and directions in the center of each basin (grey arrows) were calculated from the
kinematic model of Saria et al. (2014) (see Section 4.8.3). Profiles X-X’ in Magadi and Y-Y” in Natron are
shown in C. (B) Map of the northeastern part of the African continent, showing the distribution of major fault
structures (black lines) in the Western and Eastern rifts of the EAR. Black box shows the location of the Magadi
and Natron basins in A. Also annotated are the general locations of the Afar Depression (AD), Main Ethiopian
Rift (MER), Kenya Rift (KR) and Albertine Rift (AR). (C) Elevation profiles (10 x vertical exaggeration)
through the Magadi (X-X’) and Natron (Y-Y") basins.

By comparing fault systems in basins of different ages across the Eastern rift, we can
infer how upper crustal strain is distributed within rifts as they evolve through time (Hayward

and Ebinger, 1996; Ebinger, 2005; Corti, 2009; Agostini et al., 2011a). Similarly, geophysical
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and geochemical studies along the Eastern rift provide insights into how magma and volatile
systems assist rift basin development (Birt et al., 1997; Ebinger and Casey, 2001; Pik et al.,
2006; Albaric et al., 2014; Halldoérsson et al., 2014; Keir et al., 2015). This study uses fault
population data and lava chronology to investigate the evolution of fault-related strain,
specifically during early-stage rifting (<10 Ma) in the well-exposed fault systems of the 3 Ma
Natron and 7 Ma Magadi basins (Fig. 4.1). These data are examined alongside recently-
acquired spring geochemistry to investigate the role of magmatic volatile release in rift basin
evolution. It is shown that areas of high fault strain coincide with zones of magmatic volatile
release, revealing for the first time a strong link between the evolution of upper crustal strain

and release of fluids from deep magma bodies in the EAR.

4.3 Rift basin development in the Eastern rift of the EAR

The EAR forms a >3,000-km-long zone of individual rift basins ~100 km long and 10s
of km wide (Fig. 4.1B). It is the type example of active continental breakup occurring through
extensional faulting, magmatism, and ductile thinning of lithosphere. Rifting in the central
parts of the EAR occurs at the eastern and western edges of the Tanzanian craton, dividing the

system into distinct Eastern and Western rifts (Koptev et al., 2015).

Faulting in the Eastern rift initiated ~25 Ma in north Kenya and Ethiopia (Ebinger et
al., 2000). Geological and geophysical investigations of rift basins of different ages in the
Eastern rift have highlighted major shifts in fault and magma systems during basin
development (Hayward and Ebinger, 1996; Ebinger and Casey, 2001; Ebinger, 2005; Corti,
2009) (Fig. 4.2). In early-stage basins (<10 Ma), strain is focused along rift-bounding faults

(termed border faults), which are often 100s of km long and can accrue >1000 m of throw.
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Flexure of a downthrown border fault hanging wall produces extensional strains (Vening
Meinesz, 1950; Lavier et al., 2000; Cowie et al., 2005), which can manifest as smaller intra-
rift faults that are typically tens of kilometers long with tens to hundreds of meters of throw
(McClay and Ellis, 1987; Imber et al., 2003; Ebinger et al., 2005; Corti, 2009). Over the
course of rift evolution, the locus of strain migrated away from border faults into these
developing intra-rift fault systems (Hayward and Ebinger, 1996; Wolfenden et al., 2004; Cort,
2009). For evolved basins in the Eastern rift (>10 Ma), strain migrated into en echelon
magmatic segments in the center of the rift, with dimensions roughly 60 km by 20 km
(Ebinger et al., 2001; Keranen et al., 2004). Deformation in these magmatic segments
manifests at the surface as slip along intra-rift faults (Rowland et al., 2007; Corti, 2009). At
deeper levels of the crust (~5-20 km), strain is primarily accommodated through swarms of

rift-parallel dikes (Keir et al., 2006; Wright et al., 2012).

The transition from border fault to intra-rift fault dominated strain accommodation is a
critical process to focus strain as continental rifts evolve toward proto-spreading ridges (Corti,
2009). However, the timing and magmatic-tectonic processes controlling this transition are
debated. Evidence of extensive diking below magmatic segments from shear-wave splitting
and seismic tomography highlights an active magmatic influence on rift basin development
(Keranen et al., 2004; Keir et al., 2005; Kendall et al., 2005; Bastow et al., 2010; Keir et al.,
2011a). The transition to intra-rift faulting in these segments is also accompanied by extensive
volcanism in the rift center, often manifesting as rift-parallel chains of scoria cones and
eruptive fissures (Rooney et al., 2010, 2014; Keir et al., 2015; Mazzarini et al., 2016; Chapter
2). Recent fault slip events on intra-rift faults in the Afar depression and the Natron basin,

Tanzania, coincide with the emplacement of rift-parallel dikes, suggesting favorable stress
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Figure 4.2. Current conceptual model for the development of rift basins in the Eastern rift, modified from
Ebinger (2005) and Corti (2009). (A) Within 5 million years of the onset of rifting, the lithosphere thins through
brittle (faulting) and ductile deformation. Brittle strain focuses on border faults, which may initiate on
preexisting shear zones (McConnell et al., 1972; Daly et al., 1989). Slip along the border fault causes the crust to
flex, forming a linear basin. Strain in the lower crust is accommodated though ductile thinning. Asthenosphere
begins to rise in response to thinning lithosphere, causing heat transfer and decompression melting to produce
magmas that intrude lithosphere as dikes (red) or accrete along the crust-mantle boundary. Fluids released from
magmas may alter and even melt rocks near the base of the crust. Magmatism that reaches the surface primarily
forms volcanoes along the rift margins. (B) ~5-10 million years after rift initiation, brittle strain begins to focus
on smaller intra-rift faults in the rift center, driven either by magmatism (Keir et al., 2006) or oblique rifting
(Corti, 2008), with a contribution from plate flexure (Lavier et al., 2000). Ongoing lithospheric thinning leads to
further upwelling of asthenosphere and generation of greater melt volumes (which may or may not erupt at the
surface). Faulting in the upper crust is thus accompanied by dike intrusions fed from these melt sources, which
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heat and weaken lithosphere. Strain in the lower crust is accommodated through magmatic intrusion and ductile
thinning. (C) Continued magmatism along the rift axis results in the development of narrow zones of intense
magmatism in the rift center, called magmatic segments, after ~10-15 million years. Dike intrusions and related
faulting within these segments accommodate the majority of strain in the upper crust, rendering border faults
inactive. Strain in the lower crust is accommodated through magmatism and ductile thinning. (D) Nascent
spreading ridges, much like those seen in the Afar Depression (e.g., Asal Rift; Stein et al., 1991; Ebinger and
Casey, 2001), are initiated. Magma injection along the rift axis creates new oceanic lithosphere (dark blue) as
continental crust is replaced by a thin, mafic igneous material.

conditions for intra-rift faulting are achieved during diking events (Rubin and Pollard, 1988;

Rowland et al., 2007; Baer et al., 2008; Calais et al., 2008; Belachew et al., 2013).

Other authors suggest that the initiation of intra-rift faulting is a product of oblique
continental rifting, and occurs independent of magmatic processes below the rift center (Corti,
2008). For example, in the Main Ethiopian Rift, the earlier formed (> 2 Ma) large border
faults trend oblique to the regional extension direction (up to 45°; Keir et al., 2015), whereas
younger intra-rift faults (~2 Ma to present) trend normal to the regional extension (Bonini et
al., 1997; Agostini et al., 2011a). Oblique continental rifting in the Main Ethiopian Rift has
been previously attributed to changes in the relative motions between the Somalian and
Nubian plates, where an initial Mio-Pliocene phase of ~NW-SE extension was follow by
Quaternary ~E-W extension (e.g., Bonini et al.,1997; Boccaletti et al.,1999; Wolfenden et al.,
2004). The resulting change in plate kinematics produced sinistral motions on the earlier
formed NE-SW-trending border faults, and drove the formation of N-S-trending intra-faults
(Bonini et al., 1997; Corti et al., 2003). Alternatively, oblique rifting in the Main Ethiopian
Rift may not require changes in far-field plate motions, but reactivation of preexisting
lithospheric weaknesses trending oblique to the regional extension direction (Cort, 2008;
Agostini et al., 2009, 2011b). Analog investigations of rift-oblique extension under this model

show that the earliest stages of basin development are still characterized by oblique-slip on
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border faults, and then followed by a second stage of dip-slip motion within intra-rift faults,
that group into discrete populations arranged en echelon in the rift center (Clifton et al., 2000,
2001; Corti, 2008; Agostini et al., 2011b). These experimental results are consistent with fault
patterns in the Wonji fault belt of the Main Ethiopian Rift (Gibson, 1969; Chorowicz et al.,
1994; Bonini et al., 1997; Boccaletti et al., 1998; Agostini et al., 2011a; Corti et al., 2013).
The experiments suggest that the transition to intra-rift faulting may be driven by an
upwelling asthenosphere that (1) imposes upward bending forces on the lithosphere that
restrict slip on border faults, and (2) drives outward flow of an overlying (thinning) lower
crust, which leads to shear stresses acting on the base of the brittle crust below the rift center
(Corti, 2008; Agositni et al., 2009). In the context of these models, the development of intra-
rift fault systems may predate magmatism, and uprising of warm mantle and enhanced melt
production occurred in areas of focused lithospheric thinning below intra-rift fault systems
(Corti, 2008, 2009) to produce the magmatic segments imaged geophysically below the rift

(Keranen et al., 2004).

The studies described here highlight a fundamental question related to the magmatic-
tectonic processes controlling continental rifting. Does rift basin architecture evolve in
response to changes in plate kinematics and oblique rifting, or is it controlled by deeper
processes, such as decompression melting and enhanced magma production below the rift?
Early-stage rifts actively transitioning from border fault to intra-rift fault dominated strain
accommodation represent prime targets to investigate processes controlling rift basin
evolution. For example, if magmatism does drive strain localization in evolving basins, then
changes in fault system dynamics should be accompanied by changes in underlying magma

systems and/or zones of magmatic volatile release. The 3 Ma Natron and 7 Ma Magadi basins
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are currently in their earliest stages of rifting, and provide an ideal location to test and

advance existing models of continental rift initiation and evolution.

4.4 Methods

Field and remote-sensing analyses were used to investigate faults in the Magadi and
Natron basins. Fault traces were mapped from 0.5-m-resolution aerial photographs (provided
by the Polar Geospatial Center, University of Minnesota). Individual segments were identified
by the presence of visible fault tips. Following the method of Vetel et al. (2005), segments
were interpreted to form part of a longer, segmented fault if they: (1) exhibited relay zones
with small offsets relative to the segment length, (2) had similar dip directions, and (3)
displayed regular and systematic changes in throw patterns between segments, indicating that
segments are geometrically and kinematically coherent (Peacock and Sanderson, 1991; Walsh
and Watterson, 1991; Cartwright et al., 1995; Bohnenstiehl and Kleinrock, 1999; Walsh et al.,
2003). Fault throws were measured from 30 m SRTM (Shuttle Radar Topography Mission)
data, which has an estimated vertical error of 7.6 m (95% confidence) in the study area
(Rodriguez et al., 2005). These remote-sensing analyses were verified with three field
investigations in the Magadi and Natron basins from 2013-2015 (Fig.4.3). Throws, and
occasionally lengths, were measured on border fault and intra-rift fault segments in the field
using a Trimble GPS (3.0 m mean vertical error) (Fig. 4.4). These faults were also examined
for evidence of recent rupturing, such as fresh scarp surfaces or open fissures (Rowland et al.,
2007) (Fig. 4.3A-D). Throws were converted to displacements and heaves by assuming an

optimal 60° dip for normal faults (Fig. 4.5).
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Figure 4.3. Field images from the Natron and Magadi basins. (A) Small border fault segment (<30 m high) in the
Natron basin displacing a 200+5 ka tuff and Pleistocene debris avalanche deposits sourced from Oldoinyo
Lengai volcano (Sherrod et al., 2013) (photo location: 2.6122°S, 35.8661°E). (B) Recent dilational fissure along
the trace of a subsidiary fault segment of the Natron border fault (photo location: 2.6801°S, 35.8821°E). (C)
Open fissure related to recent activity along an intra-rift fault in the Natron basin during the 2007 dike-related
rifting event (photo location: 2.7272°S, 36.0696°E). (D) Aligned pit chains related to the 2007 earthquake
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rupture (photo location: 2.7277°S, 36.0693°E). (E) Fault-parallel springs expelling from the base of an intra-rift
fault in the Magadi basin (photo location: 1.8599°S, 36.3064°E). (F) Intra-rift fault scarp (77 m high) dissecting
~0.9 Ma Magadi trachyte lavas in the Magadi basin (photo location: 1.82061°S, 36.2044°E).
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Figure 4.4. Examples of fault profiles in the Natron and Magadi basins measured using a Trimble GPS. SRTM
data presented for comparison. (A) Scarp location is 1.8258°S, 36.2083°E. (B) Scarp location is 1.8603°S,
36.2159°E. (C) Scarp location is 1.8388°S, 36.5011°E. (D) Scarp location is 1.50138°S, 36.4965°E.

4.4.1 Strain calculations

Fault-scaling relations in the Magadi and Natron basins were investigated to calculate

horizontal normal strain. First, to estimate individual fault displacements within the large

fault population (>1000 faults), fault displacement-length ratios were constrained in the

Magadi-Natron region. The conventional relationship between maximum displacement, D,y

and fault length, Z, for continental faults is defined as:

Dpox = VLnr

(eq. 4.1)

where yis the scaling factor or displacement-length coefficient, and n is a power-law
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Figure 4.5. Simplified cross-sectional depiction of a normal fault (orthogonal to fault strike). Annotated are fault
heave (h), throw (7) and dip (¢). By assuming a fault dip (optimally 60° for normal faults), throw can be
converted to both (i) heave and (ii) displacement (D). The youngest displaced lava, situated at the top of the fault
scarp (lava 1), provides a maximum age for the fault. The age of the fault can be compared against the
cumulative heave and displacement to calculate the time-averaged (iii) extension rate and (iv) slip rate,
respectively.

exponent that defines the rate of displacement accumulation with increasing fault length
(Scholz and Cowie, 1990; Cowie et al., 1993; Dawers et al., 1993; Cartwright et al., 1995;
Schultz et al., 2006). Although the value of n for individual fault datasets has been shown to
be as high as 2 in some instances (Walsh and Watterson, 1988; Marrett and Allmendinger,
1991; Gillespie et al., 1992), linear elastic fracture mechanics models predict n = 1 (Cowie
and Scholz, 1992; Bonnet et al., 2001), which is consistent with the full range of global

displacement-length datasets (Cowie and Scholz, 1992; Gudmundsson, 1992; Dawers et al.,
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1993; Cowie et al., 1993, 1994; Carbotte and MacDonald, 1994; Dawers and Anders, 1995;
Cartwright et al., 1995; Schlische et al., 1996; Bohnenstiehl and Kleinrock, 1999, 2000;
Schultz e al., 2006, 2010). Therefore, studies quantifying extensional strains in fault
populations often assume a linear relationship between fault displacement and length (e.g.,
Cowie et al., 1993; Carbotte and MacDonald, 1994; Schultz et al., 2010; Nahm and Schultz,
2011). The displacement-length coefficient, however, does vary between fault populations
depending on the tectonic setting and mechanical properties of the host rock (Cowie and
Scholz, 1992; Bohnenstiehl and Kleinrock, 2000), and therefore must be determined by
analyzing displacement-length ratios for each system of interest. On Earth, values of y
typically range from 10™" to 107 (Schultz et al., 2010). Constraining this relationship within a
given fault population (see Section 4.4.2), and assuming a characteristic fault dip at depth,
allows an estimate of Dy, on any fault within a population from only measurements of L

(Cowie et al., 1993, 1994; Carbotte and MacDonald, 1994; Nahm and Schultz, 2011).

Although Dy, can be inferred from fault length data, estimates of crustal strain are
based on average, rather than maximum, displacements along faults. The displacement profile
along the trace of an individual fault tends to be bell-shaped or elliptical (Dawers et al., 1993;
Cartwright et al., 1995; Gupta and Scholz, 2000; Kattenhorn and Pollard, 2001), where the
displacement remains relatively constant over at least the central third of the fault before
reducing to zero at the fault tips (Walsh and Watterson, 1988; Cowie et al., 1993; Willemse et
al., 1996; Peacock, 2002). Therefore, to estimate the average displacement along a given fault,
the maximum displacement must be corrected by a value, x;, depending on the shape of the

displacement distribution along the fault trace. Fault formation under the assumption of linear



104

elastic fracture mechanics behavior (Pollard and Fletcher, 2005) is expected to produce an

ideal elliptical displacement profile that would result in a xof 0.7854 (Schultz et al., 2010).

The brittle horizontal normal strain (&, ) represented by a normal fault population
(number of faults = N) may be estimated by summing the extensional strain accommodated
along all faults, and is given by the Kostrov relation (Scholz and Cowie, 1990; Nahm and

Schultz, 2011):

sindcossd

&n =" M4 DiLiH;, (eq. 4.2)

where 6 is fault dip (assumed to be optimally 60° for normal faults), I is the volume of the
faulted region, L is fault length, His fault depth extent, and Dis average displacement

(K X Dypay)- Studies investigating fault population strain on Earth’s surface (Gupta and
Scholz, 2000) and seafloor (Cowie et al., 1993), and other planetary bodies (e.g., Mars; Nahm
and Schultz, 2011), make the simplifying assumption that H is equal to L. This assumption is
consistent with a downward propagating fault model that has been interpreted by some
authors for magmatic rift settings (e.g., Ethiopia and Iceland; Gudmundsson, 1992; Acocella
et al., 2003, 2008). Once L and, hence H, is equal to the depth of the brittle crust, faults can
only grow by increasing L while H remains constant (Cowie et al., 1993). As a result,
horizontal extensional strains may be estimated from two separate equations for small (L <
brittle crust thickness) and large (L > brittle crust thickness) faults. For small faults, the brittle

horizontal normal strain can be calculated using:

__sinécosé N

gn = —— = T yK(LiY), (eq. 4.3)
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whereas the brittle horizontal normal strain for large faults may be calculated from the

equation:
8
en = == NIl vie(Li®), (eq. 4.4)

where A is the area of the faulted region.

The equations and scaling relations described above were used to estimate horizontal
normal strain within fault populations of the Magadi and Natron basins. Brittle crust thickness
estimates are from Albaric et al. (2009) for central Magadi and the N. Natron/S. Magadi

border (11 and 19 km, respectively).

4.4.2 Measuring fault lengths, throws, and slip rates from remote sensing and field data

Broad-scale analyses of fault populations from remote-sensing data are prone to both
natural and detection biases (Soliva and Schultz, 2008; Schultz et al., 2010). Natural biases
are a consequence of processes such as erosion and basin infilling, whereas detection biases
relate to the resolution of the data acquisition method (e.g., aerial or satellite photos, SRTM
data). These factors lead to truncation biases, which underestimate the size and number of
smaller faults in a given population (Schultz et al., 2010). The resolution of aerial photos used
to measure fault lengths in this study is 0.5 m/pixel; given the estimated throw-to-length ratio
in this study of 0.005 (see Section 4.5.3) and an average ~20° slope measured for degraded
scarps throughout the field (Fig. 4.4), these images should resolve the hanging wall and
footwall cutoffs of faults with lengths >36 m. However, faults with small throws (e.g., <5 m)
are also prone to natural bias because they are easily eroded and buried by sediments. For

example, faults with lengths <250 m using aerial photography in the Magadi and Natron
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basins could not be identified, and only seven faults were identified with lengths between 250
and 500 m (i.e., faults with throws less than ~2.5 m). As a result, it is conservatively assumed
in this study that faults with throws <5 m are frequently below the detection limit of the aerial
photos due to natural biases, resulting in a fault length truncation bias of 1000 m (Fig. 4.6C).

This truncation bias is consistent with that applied by Soliva and Schultz (2008) for faults in

the Afar region of the EAR.
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Figure 4.6. Summary plots of remotely-acquired fault data. (A) Example of a throw profile across a fault in the
Magadi basin. All length (L) and throw (7) data are normalized to the maximum length (L,,,,) and maximum
throw (T},.x) values, respectively. Error bar (top left) is to 95% confidence. Fault location annotated in Figure
4.7A. (B) Example of an asymmetric throw profile across a fault in the Magadi basin. All length and throw data
are normalized as in (A). Error bar (top left) is to 95% confidence. Fault location annotated in Figure 4.7A. (C)
Cumulative frequency plot of fault lengths for all intra-rift faults in the Natron and Magadi basins. Gray points
represent faults with lengths below the truncation bias limit, whereas black points show fault lengths greater than
the truncation bias. Gray lines show exponential (curved line) and power-law (straight line) fits for the data.
Comparable R-squared values suggest that length distributions cannot be confidently defined by either negative
power-law or negative exponential functions. (D) Incremental length—frequency distribution of all intra-rift faults
in the Natron and Magadi basins. (E) Scatter plot of maximum displacement (D) vs. length for faults in the
Natron and Magadi basins (assumed 60° dip). Slope of the best-fit line (black line) represents the displacement-
length coefficient (y). Bar on the right of the graph shows the estimated error of measured fault displacements
(95% confidence), whereas length errors are less than the size of the points.
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Fault throws could not be measured from aerial photographs — therefore, throw data
were remotely acquired from the 30 m SRTM dataset. The accuracy of the throw data
depends on the estimated vertical precision of this dataset for the African continent (7.6 m to
95% confidence; Rodriguez et al., 2005). Based on the precision of the SRTM, it is inferred
that throws <10 m cannot be confidently measured (i.e., across faults less than ~2000 m in
length). Maximum throws were estimated using SRTM data for 40 intra-rift faults in the
Natron and Magadi basins by systematically measuring throw along the lengths of faults (e.g.,
Fig. 4.6A, B). Comparison of fault throws measured in the SRTM with those measured using
a Trimble GPS in the field show good agreement (Fig. 4.4). To avoid biases related to erosion
and burial by sediments, throws were remotely measured only on well-exposed faults with
relatively steep scarps (typically 15-30° dips on the SRTM) that were not surrounded or
covered by extensive rift sediments. However, the precision of throw profile analyses will
also be affected by sediments that collect against the fault scarp on the downthrown hanging
wall (Cartwright et al., 1995). Although the sedimentary cover is expected to be only a few
meters thick in arid, extensional basins (e.g., Volcanic Table Lands, Canyonlands, USA;
Dawers and Anders, 1995; Moore and Schulz, 1999), the measured throws likely represent
minimum values. To avoid detection biases related to the resolution of the SRTM, faults with
throws <10 m were not included in comparative throw-length analyses. Throw values were
also converted to displacement and heave by assuming an optimal 60° dip for normal faults
(Fig. 4.5). Together, fault lengths and throws along 40 intra-rift faults give a best-fit
displacement-length coefficient (i.e., yin eq. 5.1) of 6.3+0.4 x 107 (Fig. 4.6E), which is in
good agreement with faults dissecting Quaternary lavas in rift zones elsewhere, such as

Iceland (Gudmundsson, 1992; Angelier et al., 1997), the Kino Sogo Fault Belt of the Turkana
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basin, Kenya (Vetel et al., 2005), and the East Pacific Rise (Cowie et al., 1993, 1994; Carbotte

and MacDonald, 1994).

Volcanic rocks at the tops of scarps were sampled for PAr-PAr age analyses (Table
4.1; refer also to Section 4.9.2), providing constraints on the ages of major lava units and
maximum ages of the measured faults. By comparing faulted lava ages with fault throw
values, and converting throw to both displacement and heave, these data can be used to
estimate maximum slip rates and extension rates, respectively. As shown in Figure 4.5, slip
rates refer to changes in displacement over time, whereas extension rates relate to changes in

heave over time.

4.5 Results: Fault characteristics, lava chronology, and spring geochemistry of the Natron and

Magadi basins

4.5.1 General observations

The 3 Ma Natron basin (Foster et al., 1997) is bounded by a ~600 m-high border fault
escarpment (Natron border fault) along its western margin. Rift-normal topographic profiles
north of Gelai volcano in the Natron basin (Fig. 4.1D) show the lowest elevations (595 m) in
the lake-filled basin adjacent to the currently active Natron border fault, where a number of
hydrothermal springs expel water into the lake at the base of the border fault scarp. In addition
to the main escarpment (bold black line in Fig. 4.1A), it comprises a number of smaller,
subsidiary segments with throws up to 200 m. Incised gullies and ravines within the footwall
of the border fault also expose subsidiary faults with measured throws up to 91 m (e.g.,
sample no. 10, Table 4.1). Locally, the border fault exhibits recent fissures displacing

Holocene alluvium (Sherrod et al., 2013) (Fig. 4.3B) and at least one relatively
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Table 4.1. “*Ar/*® Ar ages for faulted volcanic rocks in the Magadi and Natron basins. Map of sample locations
provided in Fig. 5.7. Also included are the minimum time-averaged slip rates of faults based on acquired dates.

40 5 .39 Minimum

Sample L‘j“g‘ I;at. tliligif/ E:;g‘r)v Geological unit A?;/ge Error tir{le-averaged Er;oi

no. (°E) (°S) (m) (95%) (Ma) lo sllp}rlerl_tgimm 95%
1 36.1585 24107 59.1 73 Gelai lavas 1158  0.017 0.059 0.005
2 35.8637 -2.6083 1251 102  Sekenge Crater’ 1248  0.006 0.116 0.008
3 358672 2.6155 125.1 102 Nephelinite*  4.057  0.006 N/A? N/A®
4 36.1476  -2.7295  59.6 1.9 Gelai lavas 1.053  0.004 0.065 0.002
5 36.1693  -2.6946  68.1 26 Gelai lavas 1190 0.007 0.066 0.002
6 36.1840  -2.6401 570 5.7 Gelai lavas 1167  0.003 0.056 0.005
7 358334  -2.5506 151.8 3.4 Sambu basalts ~ 1.968  0.020 0.089 0.000
8 362288 24864 757 102 Gelai lavas 0961  0.020 0.091 0.008
9 358744 25902 N/AT wA Tuff® 0.095  0.004 N/A N/A
10 358676 -2.5933 908 4.3 Natron lavas®  1.160  0.027 0.090 0.000
1 358787 27814 NAT wAf Tuff* 0.226  0.006 N/A N/A
12 358818 -2.6795  28.1 1.9 Tuff® 0200  0.005 0.162 0.002
13 362184 -1.8617 1543 59  Magaditrachyte 1.367  0.034 0.130 0.001
14 362014 -1.8266 767 23  Magaditrachyte  0.946  0.005 0.094 0.002
15 365020 -1.8382 1181  10.8  Singarainibasalt 1.96  0.09 0.070 0.000
16 363634 -1.6091 11.8 2.9  Magaditrachyte 1.152  0.013 0.012 0.003
17 362834 -1.9815 732 72  Magaditrachyte  1.15  0.014 0.073 0.005
18 364967 -1.5013 529 23 Limirutrachyte  2.048  0.021 0.030 0.001
19 363693  -1.8108 N/A  N/A  dikeintrusion  1.098  0.02 N/A N/A

*slip rates assume a 60° dip on all faults at depth.

~slip rate errors consider both the errors in age and throw presented.

%lavas outcrop below sample no. 2. Most recent slip rate is based on sample no. 2.

bsampled a basaltic boulder with a breadcrust appearance, suggesting it may be a primary component of the deposit.

“lavas likely sourced from Mosonik volcano.

dinferred to be from Oldoinyo Lengai based on proximity, but could also be sourced from the Natron-Engaruka field.

€ .
basalt occurs as part of Natron escarpment sequence. The source is unknown.

tdraping over subsidiary scarps with no observable offset.

young fault segment (Fig. 4.3A) offsets tuff (maximum age of 20045 ka; Table 4.1) and

debris avalanche deposits sourced from Oldoinyo Lengai (Kervyn et al., 2008; Sherrod et al.,

2013). This fault exhibits up to 28.1+1.9 m of throw, implying recently and probably ongoing

border fault activity (0.16 mm yr' since the late Pleistocene on this subsidiary segment). Tuff

deposits with YA/ Ar ages ranging from 91+4 to 23046 ka are observed draping some

subsidiary border fault segments with no accompanying fault displacements; this suggests that
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not all the observed fault segments along the border fault have produced surface ruptures

since 226 ka.

For this study, the intra-rift faults of the Natron basin dissecting Gelai volcano lavas
were measured and sampled in the southernmost ~40 km of the basin. Logistical restrictions
prevented access to intra-rift faults in Magadi Trachyte lavas between Lenderut volcano and
the northern slopes of Gelai (Fig. 4.7A). Faults analyzed in the field on and around Gelai
volcano exhibit typical throws of between 50 and 100 m. Age dating of faulted lavas around
Gelai reveals that these faults have been active since ~1.2 Ma, and ongoing intra-rift fault
activity in the Natron basin is suggested by persistent, shallow (<10 km) tectonic earthquakes
below Gelai, with magnitudes ranging from 1.0 to 4.5 (Chapter 3), as well as a 2007 dike-
induced surface rupture (Baer et al., 2008; Calais et al., 2008). This surface rupture produced
a small dilational fault scarp (up to 65 cm throw; Wauthier, 2011; Fig. 4.3C), which could still
be observed ~7 years later as a series of aligned pit chains (up to 5 m long and 2 m wide; Fig.
4.3D). Throws documented by Wauthier (2011) were rapidly removed by erosion of the

original small scarp in loose surface materials.

The 7 Ma Magadi basin (Crossley, 1979) comprises a ~1600 m-high border fault
escarpment (the Nguruman fault). During fieldwork, there was no identified evidence of
recent rupturing, such as recently opened fissures or fault displacements on young <250 ka
volcanics or sediments, which stands in contrast to the Natron border fault (Fig. 4.3A and B).
Based on field observations, discussions with the local residents, and existing hydrothermal
spring maps (e.g., Baker, 1958; Eugster, 1970), no springs are present along the Nguruman
border fault escarpment of the Magadi basin. Late Pleistocene lake deposits (e.g., Oloronga

Beds; Baker, 1958; Behr and Rohricht, 2000) within ~20 km the Nguruman escarpment
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suggest that a paleo-lake was once situated along the western side of the Magadi basin,
forming a northern-extension of present-day Lake Natron (Crossley, 1979; refer to Fig. Clin

Appendix C).

western
border fault

intra-rift fault

castern |
boundary fault | |

recent
rupture

B intra-rift faults C border faults

N=1474 N=I11
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Figure 4.7 (previous page). (A) Distribution of fault traces in the Natron-Magadi region as mapped from 0.5-m-
resolution aerial photographs. Thick black lines are rift margin border faults; thin black lines are opposing rift
margin boundary faults; thin red lines are intra-rift faults. The western border faults are the major fault structures
(throws >1000 m; Baker et al., 1971; Ebinger et al., 1997; Birt et al., 1997) defining the original half-graben
basin structure. The eastern boundary fault is an old fault escarpment (2.3-3.3 Ma Ngong-Turoka fault; Baker
and Mitchell, 1976) that defines the eastern margin of the basin, but with significantly less throw (~200-500 m)
than the border faults. Only the main escarpments along the rift-bounding faults are shown; however, additional
minor subsidiary fault segments are also present. Numbers refer to sample locations for *’Ar/*’Ar dating of
faulted volcanics (refer to Table 4.1). Recent ruptures from Wauthier (2011) and Ibs-von Seht et al. (2001) were
also identified and mapped in the field. The locations of the fault throw profiles shown in Figure 4.6A and B are
annotated. Late Pleistocene to Holocene lake sediments (dark shading) likely conceal some faults in the region,
particularly below present day Lake Natron (refer to Figure 4.1). (B) Length-weighted rose diagram of the
strikes of all intra-fault traces in the Natron-Magadi region. (C) Length-weighted rose diagram of the strikes of
border and boundary fault escarpments in the Natron-Magadi region.

Rift-normal elevation profiles show that the deepest part of the Magadi basin occurs
away from the border fault in the rift center (603 m elevation compared to 680 m at the base
of the Nguruman escarpment), where faults pervasively dissect 0.95-1.37 Ma trachyte lavas
(Fig. 4.1C). Recent ESE-WNW extension is indicated by rift-parallel, dilational joint sets in
Late Pleistocene and Holocene lake sediments in the intra-rift graben and around Lake
Magadi (Atmaoui and Hollnack, 2003). This assertion is further supported by a surface
rupturing event during a period of enhanced seismicity in 1998, which produced a small scarp
(~10 cm throw; Ibs-von Seht et al., 2001; Atmaoui and Hollnack, 2003) (Fig. 4.7). Within the
intra-rift fault system, numerous springs feed water into perennial Lake Magadi. Much like
Lake Natron, this shallow lake (only a few meters deep) has little surface drainage input and a
high evaporation rate, yet survives due to the influx of CO,-rich, saline fluids from below
(Eugster, 1970; Roberts et al., 1993; Chapter 3). The combination of CO,-rich spring waters,
alkali-rich volcanics, saline fluids, and arid conditions create unique environmental conditions
necessary to produce economically viable trona and nahcolite deposits in these lakes (Eugster,

1970; Jones et al., 1977; Monnin and Schott, 1984; Jagniecki et al., 2015).
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4.5.2 Geochronology of volcanic units and fault slip rates

The timing of fault activity was investigated using new AP Ar dating of volcanic
units (Table 4.1) and by reviewing geological maps and previously published K-Ar and
PArPAr ages (see Fig. C1 in Appendix C). Volcanic rocks dissected by 17 faults were
sampled for AP Ar age analyses in the Magadi and Natron basin, including 13 intra-rift
faults (6 from Magadi and 7 from Natron) and 4 fault segments that collectively form part of
the Natron border fault escarpment. Sampled rocks include basalt, trachyte, and nephelinite
lavas, as well as volcanic tuff. All samples were collected along the footwall cutoffs at the
tops of fault scarps and away from fault tips to avoid the reduced fault throw in those regions.

Determined ages range from 0.10 to 4.05 Ma.

These data provide new constraints on the timing of volcanic events that were
previously dated using K-Ar techniques (Isaacs and Curtis, 1974; Baker and Mitchell, 1976;
Crossley, 1979; Baker et al., 1988; Foster et al., 1997). In the Natron basin, nephelinite
(sample no. 3, Fig. 4.7A and Table 4.1) sampled on the Natron border fault and the eastern
flank of Mosonik volcano (Fig. C1) gives an age of 4.06 Ma, suggesting this volcano began
erupting ~0.5 million years earlier than previously estimated (Dawson, 1992; Foster et al.,
1997). Basalts from Oldonyo Sambu volcano (Fig. C1), sampled at the top of the footwall of
the Sangan fault segment of the Natron border fault (sample no. 7), give an age of 1.97 Ma.
Although this date is consistent with previous K-Ar studies, which range from 1.8-3.5 Ma
(Isaacs and Curtis, 1974), the date of 1.8 Ma was originally considered anomalous, with the
authors favoring an age of 3.1-3.5 Ma for the volcano. This new YA Ar age, however,
suggests that Oldonyo Sambu was indeed active until ~1.97 Ma. Sekenge Crater rim

pyroclastic deposits were also sampled (Neukirchen et al., 2010; Sherrod et al., 2013) (sample
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no. 2, Fig. 4.7A). These deposits are displaced by a subsidiary fault segment in the footwall of
the Natron border fault escarpment. They contain rare basaltic breadcrust bombs (up to 30 cm
diameter), which give a maximum age of 1.25 Ma. Tuff in close proximity to Oldoinyo
Lengai (sample no. 9, 11, and 12) range in age from 0.10-0.23 Ma. Some of these deposits are
offset by small segments of the Natron border fault in the hanging wall of the main
escarpment. Although these deposits cannot be correlated to Oldoinyo Lengai with complete
certainty, the dates are within the range of published ages for the volcano (minimum age of
350 ka; Sherrod et al., 2013). Faulted lavas in the intra-rift portion of the Natron valley were
derived from Gelai volcano. The new ages presented here demonstrate a longer duration of
activity for Gelai (minimum of 230,000 years), with ages in the range 0.96-1.19 Ma (sample

no. 1,4, 5, 6, and 8), compared to 1.11-1.19 Ma reported previously by Mana et al. (2015).

In the Magadi basin, age data suggest that the Singaraini basalt was emplaced by 1.96
Ma (sample no. 15; Figs. 4.7A and Table 4.1), rather than the 2.31 Ma originally proposed by
Baker and Mitchell (1976) based on K-Ar dating. This study also provides the first published
VAP Ar ages for Magadi trachyte lavas (sample no. 13, 14, 16, 17), a recent and widespread
lava unit observed along the center of the Natron and Magadi basins. The new ages of 0.95-
1.37 Ma are within previously documented K-Ar ages ranging 0.8-1.4 Ma (Baker and
Mitchell, 1976; Baker et al., 1988). However, only the youngest lavas were sampled, exposed
at the tops of fault scarps — therefore, these data only reflect the ages of lavas emplaced during
the later stages of the Magadi trachyte volcanic event. A new date of 2.05 Ma for Limiru
trachyte (sample no. 18) is consistent with the 1.88-2.01 Ma age of Baker and Mitchell

(1976).
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Age dating of faulted lavas at the tops of fault scarps provides the maximum ages of
sampled faults. When combined with measurements of fault throw, the dates also constrain
time-averaged minimum slip rates (Fig. 4.5). Minimum slip rates (Table 4.1) for intra-rift
faults in the Natron basin range 0.06-0.09 mm yr™'. Subsidiary border fault segments in
Natron exhibit higher minimum slip rates, ranging 0.09-0.16 mm yr'l. Time-averaged
minimum slip rates estimated for sampled intra-rift faults of the Magadi basin range 0.01-0.13
mm yr”', but are generally higher than slip rates in equivalent-age lavas in the Natron basin.
However, these data (Table 4.1) do not include the largest fault throws (up to 362 m)
measured from SRTM data in Magadi trachyte lavas, which would suggest that intra-rift
faults have maximum slip rates ranging 0.30-0.45 mm yr”' in the 0.95 to 1.37 Ma Magadi

trachytes.

4.5.3 Fault statistics of intra-rift fault populations

In all, 1,474 intra-rift faults were identified in the Natron and Magadi basins. The
mean trend of intra-rift faults (008°) roughly parallels the border fault system (006° mean
trend) (Fig. 4.7B, C). Intra-rift fault lengths range over three orders of magnitude, from 0.26
to 60.7 km (Fig. 4.6C, D). Fault throws were measured along 40 well-exposed intra-rift faults.
Throw profiles are often bell-shaped and consistent with unrestricted fault growth, where fault
tips grow unimpeded during each slip event (Cowie and Scholz, 1992; Cartwright et al., 1995;
Nicol et al., 1996) (Fig. 4.6A). Throw profiles along some faults in the Natron and Magadi
basins also exhibit varying degrees of asymmetry (Kattenhorn et al., 2013) (Fig. 4.6B).
Asymmetric throw profiles are indicative of restricted fault growth, where propagation at one
end of the fault is stymied by a mechanical barrier (Nicol et al., 1996; Manighetti et al., 2001).

Maximum throws are as high as 362 m within the Magadi trachyte in the Magadi basin (Fig.
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4.6E). The displacement-length coefficient of 6.3+0.4 x 107 is low compared to normal fault
populations in softer (typically sedimentary) rocks (e.g., 10" to 10%; Schultz et al., 2006), but
is comparable to faults dissecting Quaternary lavas in the Krafla rift zone, Iceland (Angelier et
al., 1997), and Kino Sogo Fault Belt of the Turkana basin, Kenya (Vetel et al., 2005), and the

East Pacific Rise (Cowie et al., 1993, 1994; Carbotte and MacDonald, 1994).

4.5 .4 Fault-related extensional strain

Faults were subdivided into populations based on the ages of the volcanic units they
dissect (Table 4.2; Fig. C1). Ages were determined from the new and existing AP Ar
analyses. In instances where no Y A1/ Ar dates were available, existing K-Ar ages were

applied. Total fault-related strain was then calculated within each lava unit.

Extension rates in lava groups

Fourteen major volcanic units are identified in this study to subdivide the fault
population. These units give maximum ages for the faults dissecting them, given that the time
interval between lava eruption and subsequent faulting cannot be determined. The ages of
faults can then be translated into a time-averaged extension rate since the eruption of each
respective unit based on the calculated horizontal extensional strain within the fault

population (Fig. 4.5; refer also to Section 4.4).

Extensional strain was calculated in each of the fault populations using the method
described in Section 4.4.1. The time-averaged extension rate was then estimated by dividing
total extension by the age of the lava unit (Table 4.2). The mean, time-averaged extension
rates reach as high as 0.93+0.28 mm yr'1 (unit 3; Table 4.2) for intra-rift faults in the 7 Ma

Magadi basin. Estimated extension rates are lower in intra-rift fault populations in the 3 Ma
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Natron basin (up to 0.47+0.14 mm yr'"), consistent with the generally lower slip rates along
intra-rift faults in the Natron basin compared to the Magadi basin. These extension rates are
within the modeled range (i.e., less than) of 1.8 to 2.0 mm yr™' for the Natron-Magadi region
(Saria et al., 2014; refer to Section 4.8.3). The highest extension rates occur in the center of
each intra-rift fault population, decreasing to 0.20-0.30 mm yr' in the eastern ~20 km of the
intra-rift fault population in the Singaraini basalt and Limiru trachyte lavas. In each basin,
extension rates are lowest around the extinct Olorgesailie, Eyaseti, Lenderut, and Shompole
volcanoes (<0.03 mm yr''). Away from these volcanoes, extension rates are lowest (< 0.1 mm
yr'l) in the western 10-20 km of the intra-rift fault populations. For example, Late Pleistocene
lake sediments in southwest Magadi basin are relatively unfaulted, suggesting little to no
recent fault activity. In the Natron basin, however, Holocene sediments from ephemeral Lake
Natron possibly mask the surface expression of recent faults and thus prohibit a detailed
analysis of strain on the western side of the Natron basin (discussed further in Section 4.6.1).
Recently observed seismicity implies active normal faulting below the lake (Chapter 3).
However, displacements on these faults are too low to produce scarps high enough to rise

above the shallow Lake Natron waters (a few meters deep).

Extension rates across the Magadi and Natron basins

To understand how strain is distributed within intra-rift faults across-rift, fault-related
extensional strain was analyzed along two rift-normal transects through the Magadi and
Natron basins (Fig. 4.8). Rift-normal extensional strain was calculated in 15 rectangular areas,
4 km wide by 15 km long, with long-axes trending parallel to rift faults. Results of these
analyses, presented in Figure 4.8B and 4.8D, show how intra-rift fault-strain is distributed

across each basin. Similar to results shown in Table 4.2, analyzed faults in the Magadi basin
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accommodate more extensional strain (up to 6.8%) than those in Natron (up to 4.0%). Within
the center of the Magadi basin total extension exceeds 3% in 10 of the 15 analyzed areas (Fig.
4.8B). In contrast, only 2 of the 15 analyzed areas in Natron exhibit extension in excess of 3%

(Fig. 4.8D).

Table 4.2. Summary of the general distribution of fault-strain calculated in designated lava units in the Magadi
and Natron basins. The areal distributions of the lava units are from the geological map in Supplementary Figure
C1. Length values correspond to the length of the unit in a N-S direction, whereas mean width is the mean width
in an E-W direction. Map shows the distribution of each lava group (1 through 14). Extension rates represent the
mean extension rate based on the mean width, total strain, and age of each unit. Errors are based on the range of
ages of faulted lavas and the vertical uncertainty of the SRTM. Brittle crustal thicknesses used for strain
calculations (from Albaric et al., 2009) are 11 km for areas 1 to 8, and 19 km for areas 9 to 14. Areas not
included (southwest Magadi, Lake Natron) contain no faults visible in the aerial photos. Each unit is shaded (red)
based oln relative extension rate (inset map). Also annotated are the extension rates in lava units with rates >0.2
mm yr .

mean age of
unit area  length width extension faulted extension rate
no. unit name (km’)  (km) (km)  strain (km) lavas (Ma) (mmyr')
1 Mao 162 152 10,6 0.0534+0.0003 0.057+0.004  0.60 0.095+0.006

2 West Magadi 816 63.8 128 0.0123+0.0008  0.158+0.010  1.70-2.30  0.082+0.017

3 MagadiT. 2542 958 265 0.0405+0.0026 1.075+£0.068  0.95-1.37  0.932+0.277
B 4 Limiru 566 349 162 0.0349+0.0022 0.566+0.036  2.05 0.300+£0.035
<
%D 5 Ol Tepesi 313 283 110  0.0189+0.0012 0.208+0.013  1.40-1.65 0.138+0.020

6 Ol Eyaseti 88 11 8.0 0.0122+0.0008 0.097+0.006  5.60-5.90 0.017+0.002

7  Olorgesailie 186 212 838 0.0065+0.0004 0.057£0.004  2.20-2.70  0.024%0.004

8  Singaraini 672 547 123 0.032240.0020  0.396+0.025 196 0.202+0.013

9 Lenderut 38 6.8 5.5 0.0034+0.0002  0.019+0.001  2.50-2.70  0.007+0.001

10 Shompole 131 135 9.723  0.0007+0.00004  0.007+0.0004 2.00 0.003+0.0002 - =

; ! ~{extension rate

o 11 Magadi T. 636 357 1781 0.0306+£0.0019  0.545+0.035 0.95-1.37 0.473£0.140 A A (mmyr')
g i :
% 12 Lenderut 45 7.3 6.146  0.0074+0.0005  0.046+0.003  2.50-2.70  0.018+0.002
Z

13 Singaraini 362 387 9362 0.0260+£0.0016  0.243+0.015  1.96 0.12420.008 |§—

14 Gelai 1194 50 23.88  0.0099+0.0006  0.235+0.015  0.95-1.17 0.222+0.014
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Figure 4.8. Rift-normal distribution of intra-rift fault-related strain across the Magadi and Natron basins. (A)
Annotated SRTM image showing the location of each transect and the polygons in which strain was calculated.
Gray-filled circles in the center of each box correspond to the locations of data points in B-E. (B) Strain
calculated in each polygon along profile X-X’ in the Magadi basin. Confidence intervals consider the vertical
precision of the SRTM to 95 % certainty. Points without confidence intervals have uncertainties below the
resolution of the data point. Faults dissect 0.3 Ma lacustrine sediments (Behr and Rohricht, 2000), 1.15 Ma
Magadi trachyte lavas (mean age of sampled lavas), and 1.96 Ma Singaraini basalt lavas (Table 4.2). Colors refer
to the geological units dissected by the faults. The ages of these units are used to estimate extension rates in C.
(C) Cumulative extension rate in the intra-rift fault population of the Magadi basin. Extension rates in each
polygon are summed from west to east, resulting in a total time-averaged extension rate of 1.63+0.10 mm yr.
(D) Strain calculated in each polygon along profile Y-Y’ in the Natron basin. Ephemeral lake waters and Lake
Natron sediments (Holocene age) potentially mask faults within ~16 km of the border fault. No rift faults are
identified in the basement. (E) Cumulative extension rate in the intra-rift fault population of the Natron basin.
Extension rates in each polygon are summed from west to east, resulting in a total time-averaged extension rate
of 0.50+0.03 mm yr'.
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Time-averaged extension rates were estimated by dividing the total extension by the
age of the lavas displaced by faults (Fig. 4.8). By summing values across each transect from
west to east in Figures 4.8C and 4.8E, the total time-averaged extension rates in the intra-rift
populations were calculated. Results show that intra-rift faults in the 7 Ma Magadi basin
accommodate more extension (1.63+0.10 mm yr'l) than those in the younger, 3 Ma Natron
basin (0.50£0.03 mm yr). The remaining extension for each basin is likely focused along

border faults (refer to Section 4.6.1).

It is notable that some intra-rift faults in transect Y-Y’ across the Natron basin may be
concealed by Holocene lake deposits within ~16 km of the Natron border fault (Fig. 4.8A).
These complications provide additional uncertainties in the presented extension rate estimates.
Given that intra-rift faults in Magadi clearly accommodate more strain than those in Natron
(Fig. 4.8B and D), extension rates within 16 km of the Nguruman border fault can perhaps
provide an upper limit for intra-rift faults buried by Lake Natron sediments. Analyses show
that well-exposed faults in Pleistocene lake sediments and Magadi trachytes within 16 km of
the Nguruman border fault in the Magadi basin (transect X-X’; Fig. 4.8) accommodate
0.36+0.01 mm yr''. Assuming this is an upper limit for faults below Lake Natron, it is
estimated that intra-rift faults in the Natron basin accommodate between 0.47 and 0.90 mm

-1 .
yr of extension.
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4.5.5 Estimating flexure of the border fault hanging wall

Slip along a planar normal fault in the upper crust can be modeled by assuming that
two vertical line-loads are applied in equal and opposite directions to an elastic plate either
side of the fault plane (i.e., where x = 0 in Figure 4.9) (Vening Meinez, 1950; Turcotte and
Schubert, 1982; Stein et al., 1988; Bott, 1996). The footwall and hanging wall of the fault
locally respond to this load by bending, with the subsequent deflection profile (i.e., hanging
wall flexural profiles in Fig. 4.9) dependent on the rigidity of the plate. Fault slip can thus
generate extensional bending stresses that manifest at the near-surface in the flexing hanging
wall and, in part, can drive the initiation of intra-rift faults (McClay and Ellis, 1987; Lavier et

al., 2000; Imber et al., 2003; Ebinger et al., 2005).

A Natron border fault (1760 m deflection) B Nguruman border fault (4000 m deflection)
|50 km-wide half graben | |50 km-wide half graben |
[ | [ 1
25 5 25 S
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C Summary
| 1.2 Ma Natron border fault | 7 Ma Nguruman border fault |
plate thickness (m) 25000 23000 19000 25000 23000 19000
mean extension (%) 1.1 1.0 0.8 24 2.2 1.8
total horizontal extension (m) 546 502 405 1240 1142 921
time-averaged extension rate (mm yr') 0.45 0.42 0.34 0.18 0.16 0.13

Figure 4.9. Results of modeled broken plate deflections from border faulting and the development of 50-km-
wide half-graben basins. Both the flexural profile and horizontal extensional strain were estimated using the
methods of Turcotte and Schubert (1982) and Billings and Kattenhorn (2005), and are described further in the
Supplementary Materials. (A) Expected flexural profile for a 1.76-km-deep by 50-km-wide half-graben basin in
Natron. Maximum deflection (1.76 km) occurs at the left of the graph (distance = 0 km) and approaches zero at
50 km. Also plotted is the horizontal extension that would result across the basin from the deflection of a 19, 23
and 25 km-thick plate. (B) Expected flexural profile for a 4.0 km-deep by 50 km-wide half-graben basin in
Magadi. Maximum deflection (4.0 km) occurs at the left of the graph (distance = 0 km) and approaches zero at
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50 km. Also plotted is the horizontal extension that would result across the basin from the deflection of a 19, 23
and 25 km-thick plate. (C) Summary of data from the models presented in A and B. Mean extension (%) and
total horizontal extension considers the average of all the extensional strain over the 50-km-wide basin. The
time-averaged extension is estimated by dividing the total extension by the age of the half-graben basin.

Estimating extensional bending stresses from border fault activity in each basin first
requires constraints on subsurface border fault throws, which are provided by both gravity and
seismic velocity data in the region (Birt et al., 1997; Ebinger et al., 1997). These studies give
estimates of rift basin sediment fill of 3.6 km for Magadi and 1.6 km for Natron. Above the
ground surface, the Nguruman and Natron escarpments exhibit throws of ~1.4 km and ~0.6
km, respectively. Summing values of subaerial and subsurface throws for each basin equates
to total border fault throws of 2.2 km for Natron, and 5.0 km for Magadi. Assuming a ratio of
upthrow to downthrow on the fault of 0.2 (e.g., Stein and Barrientos, 1985; refer to Section
4.8.2), the maximum downward deflection of the hanging wall (i.e., deflection at x =0 in
Figure 4.9) is estimated to be 4 km for Magadi and 1.76 km for Natron. These values are
within constraints provided by basins depths (Birt et al., 1997; Ebinger et al., 1997), which
require minimum hanging wall deflections of 3.6 km and 1.6 km in Magadi and Natron,

respectively.

Based on hanging wall deflections for each basin and a mean basin width of 50 km
(Foster et al., 1997; Ebinger, 2005), the flexural profile and subsequent horizontal extensional
strain can be approximated using the methods of Turcotte and Schubert (1982) and Billings
and Kattenhorn (2005) (Fig. 4.9 and Section 4.8.2). Using effective elastic thicknesses
ranging 19-25 km for rift basins in North Tanzania, based upon Ebinger et al. (1997), it is
estimated that border fault flexure has produced approximately 0.8-1.1% and 1.8-2.4% of

extension in the Natron and Magadi basins, respectively. By making the simplifying
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assumption that strain was accumulated at a constant rate from border fault activation to the
present day, time-averaged extension rates related to hanging wall flexure range 0.34-0.45
mm yr' for Natron and 0.13-0.18 mm yr' for Magadi. These results have implications for
how much regional extension is accommodated via intra-rift faulting in each basin (discussed

further in Section 4.6.1).

4.5.6 Distribution of springs and their geochemistry

Hydrothermal springs are observed at the base of some fault scarps in the study
region, and are often aligned in fault-parallel clusters (Figs. 4.3E and 4.10A). In Magadi,
springs occur in a ~11-km-wide zone (measured rift-normal) in the center of the basin,
whereas springs in the Natron basin are present along a ~23-km-wide zone extending rift-
normal from the border fault eastward across the hanging wall to an antithetic fault bounding
the eastern side of Lake Natron. No springs are documented or observed along the Nguruman
border fault of the Magadi basin, nor are any springs present in the center of the intra-rift fault

population in Natron.

Spring water samples were collected in the field using Giggenbach bottles, and
dissolved gases were analyzed at the Volatiles Laboratory and Center for Stable Isotopes,
University of New Mexico (UNM) (refer to Section 4.9.1 for detailed methods). Sampled
springs exhibit high pH (8.9-10.2) and warm temperatures from 35.0 to 50.7°C (Table 4.3).
The N,-He-Ar systematics of spring samples were compared with fluids and gases from
springs, gas vents, and fumaroles from the Rungwe Province (southern Tanzania) and
Oldoinyo Lengai volcano of the EAR (Fischer et al., 2009; de Moor et al., 2013a) (Fig.

4.10B). On a N,-He- Ar ternary diagram (Fig. 4.10B), fluids derived from the mantle should
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Figure 4.10. (A) Annotated DEM map of the Natron and Magadi basins, showing the distribution of springs
(yellow stars) mapped in this study and from Baker (1958) and Eugster (1970). Springs sampled for geochemical
analyses are annotated as red stars (see Table 4.3). Border faults are annotated as black lines. (B) Ternary plot of
N,-He-Ar abundances in the sampled springs (red stars) compared to samples from Rungwe Province (light grey
diamonds) and Oldoinyo Lengai (dark grey diamonds) (Fischer et al., 2009; de Moor et al., 2013a). Samples
from this study plot on a mixing line between air-saturated water and a mantle end-member. (C) Carbon isotope
compositions and concentrations of spring samples in this study (red stars) compared to gases from fumaroles at
Kenyan volcanoes (grey circles) from Darling et al. (1995). The 8'3C-CO, values are presented as per mil (%o)
against a standard Pee Dee belemnite (PDB) limestone. Also shown are the range of isotope values for (i)
Oldoinyo Lengai fumaroles and (ii) mantle carbon, from Fischer et al. (2009) and Sano and Marty (1995),
respectively. Black arrow represents a typical mixing line between mantle carbon and air observed for magmatic
volatiles (e.g., Parks et al., 2013; Chapter 3).
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Table 4.3. Composition of spring samples from the Natron and Magadi basins (locations shown in Fig. 4.10).
Gas compositions are reported as % volume. Gas volumes below the detection limit are reported as “<dI”.
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plot near the He apex, consistent with He/Ar and N»/Ar ratios of the upper mantle, which are
shown to be ~1 and 80, respectively (Burnard et al., 1997; Marty and Zimmermann, 1999). In
contrast, both air and air-saturated water have N»/Ar ratios of 84 and ~40 (varies slightly
depending on temperature), respectively, and low proportions of He relative to Ar (<0.01) (de
Moor et al., 2013a). Consistent with magmatic gases and fluids from the Rungwe Province
and Oldoinyo Lengai volcano, spring samples from the Natron and Magadi basins fit on a
mixing line between air-saturated water and a mantle/crust end-member (Fig. 4.10B). Values
of 8"*C (Table 4.3) from CO, gases dissolved in spring samples also overlap with mantle
carbon values (-6.5+2.5%0). These data are also consistent with isotope values from diffusely
degassing CO; in the Magadi and Natron basins, which show a mixing relationship between
air and mantle-derived CO, released from degassing magmas (Chapter 3). Plots of 8*C-CO,
and CO, concentrations of springs in the region also fit on a mixing line between air and

magmatic CO; (Darling et al. 1995; Sano and Marty, 1995) (Fig. 4.10C).

4.6 Discussion

Data presented in this study are critical for investigating the development of rift basin
architecture during continental rifting in the EAR, particularly the magmatic-tectonic
processes that influence faulting in the first 10 million years of rift development (Fig. 4.2A
and 4.2B). Results from this study provide insights into how and when strain migrates to the
rift center prior to the development of magmatic segments, like those observed today in the
Main Ethiopian Rift (Keranen et al., 2004; Fig. 4.2C). The evolution of fault systems in early-
stage basins is discussed below by comparing the 7 Ma Magadi and 3 Ma Natron basins.

Specific topics of interest are:
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1) the volcanic-tectonic history of the Natron-Magadi region;

2) importance of flexure of the border fault hanging wall for intra-rift faulting;

3) amount of strain accommodated between border faults and intra-rift faults in each
basin;

4) evolving fault strain and basin morphology during early-stage rift development; and

5) processes assisting the evolution of fault systems (e.g., kinematic, magmatic,

hydrothermal).

4.6.1 Fault evolution during early-stage continental rifting

Tectonic-magmatic history of the Magadi and Natron basins

Data presented in this study in context with previous work reveal that rift activity in
the Natron and Magadi basins is characterized by persistent faulting and punctuated phases of
volcanic activity (Baker and Mitchell, 1976; Crossley, 1979; Le Gall et al., 2008; Guth, 2015)
(refer to Figs. 4.7 and C1). The earliest stages of rifting in the Natron-Magadi region were
characterized by faulting and volcanism along the Enguruman escarpment of the Magadi
basin. Faulting initiated on the rift border at ~7 Ma, prior to the eruption of Lengitoto trachyte
lavas (6.9-5.0 Ma) along the western rift edge (Crossley, 1979). Volcanism began on the
eastern border of Magadi at ~6.7 Ma with the eruption of Ol Eyaseti volcanics (Baker et al.,
1971; Baker and Mitchell, 1976). The next major phase of volcanism involved eruption of
Kirikiti lavas along the western side of the basin and the rift center from 5.1 to 2.5 Ma (Baker
et al., 1971; Crossley, 1979). During this period, volcanism in the Natron region initiated with
the development of Mosinik volcano at 4.05 Ma (Table 4.1), followed by faulting along the

now-extinct Oldonyo Ogol border fault escarpment at ~3 Ma (Foster et al., 1997; Le Gall et
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al., 2008; Stollhofen and Stanistreet, 2012). The Ngong-Turoka fault, which bounds the
eastern side of Magadi basin, was active during this time from 2.3 to 3.3 Ma (Baker and
Mitchell, 1976), as well as the Lenderut (2.5-2.7 Ma), Olorgesaile (2.2-2.7 Ma), and Ngong
(2.5-2.6 Ma) composite volcanoes and related volcanics (Baker et al., 1971; Fairhead et al.,
1972; Baker and Mitchell, 1976; Baker et al., 1977). Since 2 Ma, the Magadi and Natron
basins have been subject to widespread, basin-filling lava eruptions, including the Limiru
trachytes (2.05 Ma) and Singaraini basalts (1.96), with additional volcanism from Oldonyo
Sambu (1.8 Ma to, possibly, 3.5 Ma) and Shompole volcanoes (1.96 Ma — present(?))
(Fairhead et al., 1972; Isaacs and Curtis, 1974; Le Gall et al., 2008; Table 4.1). The final
phase of tectonic-magmatic activity in the region was marked by a shift in border faulting in
Natron from the Oldonyo Ogol escarpment to the Natron border fault between 1.0 and 1.2 Ma
(Foster et al., 1997). Changes in the location of border faulting in Natron were both
accompanied and preceded by voluminous axial volcanism in the rift center (combined
minimum volume = 1263 km®; Guth, 2015), with eruption of Gelai volcanics (0.95-1.23 Ma)
and Magadi trachyte lavas (0.95-1.4 Ma) (Baker and Mitchell, 1976; Table 4.1). This volcanic
resurfacing event filled the entire rift valley floor, erasing earlier faulted topography (Baker
and Mitchell, 1976). Since this time, both rift basins have been characterized by an extended
phase (~1 Ma to present) of rift-parallel, intra-rift faulting (Baker, 1958; Crossley, 1979; Le
Gall et al., 2008; Fig. 4.7), whereas volcanism has been largely absent (Chapter 2). Intra-rift
faults dissecting rift valley-filling lavas provide important information on the upper crustal
extensional strain accommodated within the rift center since these final phases of volcanic

activity (Fig. 4.8).
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Intra-rift faulting in the Natron and Magadi basins: regional extension vs hanging wall

flexure

Large-scale fault slip (e.g., >1000 m) along border faults, and subsequent flexure of
the down-thrown hanging wall, generates extensional stresses in half-graben basins (Vening
Meinesz, 1950; McClay and Ellis, 1987; Lavier et al., 2000; Imber et al., 2003; Cowie et al.,
2005) (Fig. 4.9). During early-stage rifting in the Eastern rift, strain was primarily
accommodated through slip along border faults (Hayward and Ebinger, 1996), which
accumulated displacements on the order of 1000s of meters over the lifetime of rifting. It
follows that some intra-rift faults must be activated from flexural stresses in the border fault
hanging wall (Ebinger, 2005) (Fig. 4.9). These faults accommodate only localized bending
strains, rather than regional extension. Therefore, in order to calculate the amount of regional
extension accommodated via intra-rift faulting, extension related to hanging wall flexure must

be considered (Table 4.4).

Table 4.4. Summary of strains accommodated by intra-rift and border fault populations in the Magadi-Natron
region, based on fault-strain and bending strain analyses. Sources of data are shown in parentheses.

Basin  Regional Border Flexural Flexural Intra-rift Regional extension Border fault
Age extension fault strain (% extension extension accommodated via extension
(Ma) rate throw  extension)® rate rate intra-rift faulting rates
(mm/yr) (m) (mm/yr)b (mm/yr)c (mm/yr)d (mm/yr)e
Natron 3 (1) 1.8 (3) 2200 (4) 0.8-1.1 0.34-0.45 0.47-0.90 0.02-0.56 1.24-1.78
Magadi 7 (2) 2(3) 5000 (5) 1.8-2.4 0.13-0.18 1.52-1.73 1.34-1.60 0.40-0.66

%strains related to flexure of the border fault hanging wall from Figure 9.

btime-averaged extension rate estimated by dividing total extension related to flexure by the age of the border fault.
“estimated from rift-normal transects shown in Figure 8.

destimated by subtracting the range of flexural extension rates from the range of extension rates for intra-rift faults.

“estimated by subtracting the range of intra-rift extension rates in d, from the model regional extension rate.
References: (1) Foster et al. (1997); (2) Crossley et al. (1979); (3) Saria et al. (2014); (4) Ebinger et al. (1997); (5) Birt et al.
(1997).

Transects X-X’ and Y-Y’ in Figure 4.8 show the distribution of strain across intra-rift

fault populations in the Magadi and Natron basins, as well as the cumulative time-averaged
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extension rate. Subtracting extension rates related to hanging wall flexure (Fig. 4.9) from
these estimates provides constraints on the amount of regional extension accommodated in the
intra-rift fault systems (Table 4.4). Calculations from this study suggest that hanging wall
flexure in the Magadi basin has produced 0.13-0.18 mm yr' of extension. This hanging wall
flexure accounts for only a small fraction (<12%) of extension observed in this fault system
(1.52-1.73 mm yr'l). Based on these estimates, it is inferred that intra-rift faults in Magadi
accommodate 1.34-1.60 mm yr' of regional extension. Hanging wall flexure in the Natron
basin, however, can explain a significant portion of observed strain in the intra-rift fault
systems (0.34-0.45 mm yr'"), accounting for between 38 and 96% of the 0.47-0.90 mm yr™'
time-averaged extension represented by intra-rift faults (Table 4.4). These results imply that

intra-rift faults in the Natron basin accommodate 0.02-0.56 mm yr™' of regional extension.

Border fault vs intra-rift faulting

Fault system analyses presented in this study do not provide direct constraints on
border fault extension rates. However, in early-stage rift basins the extension accommodated
by fault systems (border faults and intra-rift faults) should equal the far-field extension rate.
Therefore, by assuming that modeled plate motion vectors for the EAR (i.e., Saria et al.,
2014) accurately reflect extension rates over the last few million years, and assuming that all
upper crustal strain is accommodated along faults observed in the 50 km-wide basins, the
maximum border fault extension rates can be estimated by subtracting the plate motion
vectors by the calculated time-averaged extension in the intra-rift fault populations (Table 4.4;
refer to Section 4.8.3). These results can then be compared with time-averaged extension of

border faults from basin depth estimates (refer to Section below).
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Subtracting 1.34-1.60 mm yr™' of regional extension measured across the Magadi
intra-rift fault system in this study from the modeled 2.0 mm yr' extension rate for the basin,
it is estimated here that the Nguruman border fault accommodates 0.40-0.66 mm yr™' of
extension. This is 20 to 33% of the regional extension. Similarly, by subtracting the 0.02-0.56
mm yr’' of regional extension measured across intra-rift faults of the Natron basin from the
modeled 1.8 mm yr'l, the Natron border fault is estimated to accommodate 1.24-1.78 mm yr'1
of extension, which is 69 to 99% of the regional extension. Hence, border fault activity is a far
greater contributor to regional extension in the 3 Ma Natron basin than the 7 Ma Magadi
basin. This is consistent with field observations of recent activity along subsidiary segments

of the Natron border fault (Fig. 4.3A, B).

Border fault slip-rates from subsurface throw

Border fault extension rate estimates presented in Table 4.4 may be further tested by
comparing these values with estimated extension rates based on the age, throw, and assumed
dip of the rift basin border faults (Table 4.5). Using a range of possible ages for the Natron
border fault (1.0-1.2 Ma; Foster et al., 1997) and an assumed fault dip of 50-60°, consistent
with focal plane mechanisms in the region and normal faults generally (Foster et al., 1997;
Lambert et al., 2014), the 2.2 km of throw accumulated on the Natron border fault
corresponds to an extension rate of 1.06-1.85 mm yr™'. This compares well to the 1.24-1.78
mm yr”' from the fault strain analysis summarized in Tables 4.4 and 4.5. Similarly, a range of
reasonable ages for the Nguruman fault (6.9-7.1 Ma; Crossley, 1979) and an assumed fault
dip of 50-60° corresponds to an extension rate of 0.41 to 0.61 mm yr', which also compares

favorably to the 0.4-0.66 mm yr' from the fault strain analysis (Tables 4.4 and 4.5). This
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simple approach provides comparable results, which lends confidence to the fault-strain

analyses in this study (Fig. 4.11; Table 4.4).

Extension rates across the Natron border fault, however, do not match results from age
dating and fault throw analyses collected along border fault segments in the field (e.g.,
Samples 2, 3, and 12 in Table 4.1; Table 4.5). Of note, the border fault segments analyzed in
the field in this study are subsidiary structures of the main escarpment (Sherrod et al., 2013).
Due to the border fault’s size and the substantial basin-fill sediments concealing its vertical
dimensions (Ebinger et al., 1997; Sherrod et al., 2013), analyses of extension rates along the
primary fault escarpment can only be constrained from subsurface information (Section 4.5.5)

or indirect techniques, such as the fault-strain analysis discussed in Section 4.5.4.

Border fault extension rates shown in Table 4.5 correspond to a range of possible slip
rates that are consistent with rates along major normal faults on Earth. Slip rates are well
constrained for normal faults in extensional terrains such as the Apennines (Italy), Taupo Rift
(New Zealand), and Basin and Range (United States). Field studies show that normal fault
slip rates are typically on the order of 0.1 to 4 mm yr' (Villamor and Berryman, 2001; Hetzel
and Hampel, 2005; Kent et al., 2005; Villamor and Berryman, 2006; Hampel et al., 2007;
Berryman et al., 2008; Blakeslee and Kattenhorn, 2013; Wilkinson et al., 2015), although they
may reach as high as 10s of mm yr' during periods of co-volcanic slip associated with
caldera-forming, rhyolite volcanism in magmatic rifts (e.g., the Paeroa fault of the Taupo Rift,
New Zealand; Rowland et al., 2010; Downs et al., 2014). Compared to normal faults
elsewhere, the Natron border fault exhibits a relatively high slip rate, with estimates from this
study ranging anywhere from 1.93 to 3.56 mm yr™'. The slip rate of 0.62-1.32 mm yr’'

estimated for the Nguruman fault is typical of normal faults at many extensional settings.
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Table 4.5. Comparison of border extension rates and slip rates from analyses of basin depths and ages, time-
average extension rates in intra-rift fault systems, and field data collected on subsidiary border fault segments.
Border fault ages from Foster et al. (1997) and Crossley (1979).

Natron border fault

basin  scar min. max. min. max. min. sli max. sli
depth  hei ll: ¢ throw heave fault fault extension extension rz; te p rz;te P
P g m m age age rate rate 1 1
(m) (m) 1 1 (mmyr’) (mmyr’)
(Ma) (Ma) (mm yr~) (mm yr~)
60° dip 1600 600 2200 1270 1 1.2 1.06 1.27 2.12 2.54
From fault-strain data®: 1.24 1.78 2.48 3.56
From “Ar/*Ar dates: 0.05 0.08 0.09 0.16
55°dip 1600 600 2200 1541 1 1.2 1.28 1.54 2.24 2.69
From fault-strain data”; 1.24 1.78 2.16 3.10
From “Ar/*’Ar datesb: 0.06 0.1 0.10 0.17
50°dip 1600 6000 2200 1846 1 1.2 1.54 1.85 2.39 2.87
From fault-strain data®; 1.24 1.78 1.93 2.77
From “Ar/°Ar dates™: 0.07 0.12 0.10 0.18
Nguruman border fault
basin  scar] min. max. min. max. min. sli max. sli
depth  hei ll: ¢ throw heave fault fault extension extension ”; te P ra'te P
P g m m age age rate rate 1 -1
(m)  (m) 8 8 | o (mmyr?)  (mmyr?)
(Ma) (Ma) (mm yr") (mmyr™)
60°dip 3600 1400 5000 2887 6.9 7.1 0.41 0.42 0.81 0.84
From fault-strain data: 0.40 0.66 0.80 1.32
From “°Ar/°Ar dates’: NA NA NA NA
55°dip 3600 1400 5000 3501 6.9 7.1 0.49 0.51 0.86 0.88
From fault-strain data®; 0.40 0.66 0.70 1.15
From “Ar/*Ar datesb: NA NA NA NA
50°dip 3600 1400 5000 4196 6.9 7.1 0.59 0.61 0.92 0.95
From fault-strain data®; 0.40 0.66 0.62 1.03
From “°Ar/*’Ar datesb: NA NA NA NA

border fault extension rates based on data from Table 4.

bslip rates on subsidiary border fault segments based on data from Table 1.

By contrast, the highest slip rates on individual intra-rift faults (up to 0.45 mm yr'l) in
both the Natron and Magadi basins are lower than the surrounding border faults (cf. Tables
4.1 and 4.5). These low slip rates are, however, consistent with a rift system where
extensional strains are spread over a wide area and accommodated on many faults (e.g.,

>100).
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Figure 4.11. Summary of strain data from this study. (A) Distribution of fault strain in the 7 Ma Magadi basin.
Black lines and grey lines represent border faults and intra-rift faults, respectively. Based on estimated extension
rates, the greatest proportion of regional extension (i.e., modeled total strain) is accommodated in the intra-rift
fault system (67-80% of total strain). In all, analyses from this study give a mean border fault slip rate of 0.91
mm yr'l. (B) Distribution of fault strain in the 3 Ma Natron basin. Based on estimated extension rates, the
greatest proportion of regional extension (i.e., modeled total strain) is accommodated along the border fault (69-
99% of total strain). In all, analyses from this study give a mean border fault slip rate of 2.57 mm yr"'. Numbers
in superscript in the key refer to data sources, and include: (1) Saria et al. (2014); (2) Table 4.4 (this study); (3)
Ebinger et al. (1997), Birt et al. (1997), Table 4.5 in this study; (4) mean values from Table 4.5 in this study; and

(5) Table 4.4 in this study.
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Evolution of fault-related strain and structural relief in the Natron-Magadi region

Results presented here provide the first quantitative analysis of the spatial and
temporal distribution of fault-related strain over the course of early-stage rift evolution in the
Magadi and Natron basins (Fig. 4.11). These data illustrate how fault-related strain is
distributed within rift basins after approximately 3 and 7 million years of rifting. Accounting
for the various sources of uncertainty, there are clear differences in how strain is distributed
between Natron and Magadi. Specifically, in the Natron basin, the majority (>69 %) of
regional extension is accommodated along the border fault, whereas in Magadi the greatest
strain is primarily accommodated in the rift center in the intra-rift fault population (>67 %).
Furthermore, during early-stage rifting in the 3 Ma Natron basin, a significant amount of
intra-rift faulting (38-96 %) is driven by hanging wall flexure of the border fault. After 7
million years of rifting, however, flexure of the border fault hanging wall has less influence
on the formation of intra-rift faults (refer to Table 4.4). Intra-rift fault populations instead
accommodate the majority of regional extension as border faults become less active, as

illustrated by the Magadi rift basin.

Evolving fault system dynamics in continental rift basins are accompanied by changes
in structural relief that affect water and sediment catchments (Scholz et al., 1990; Gawthorpe
and Leeder, 2000; Ebinger and Scholz, 2012). For example, zones of maximum subsidence in
half-graben basins in the Malawi and Tanganyika rifts of East Africa occur adjacent to border
faults, where more than 4 km of syn-rift sediments have accumulated (Scholz et al., 1990).
Similarly, border fault subsidence in the Natron and Magadi region has clearly been a major
control on the position of ephemeral lakes (Ebinger and Schultz, 2012). However, the

transition to intra-rift faulting in the Magadi basin also appears to have affected the position of
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Lake Natron and the development of Lake Magadi (Crane, 1981) (Fig. 4.12). As shown in
Figure 4.1C, the lowest relief in the Magadi basin occurs in the rift center, consistent with the
focusing of strain into the intra-rift fault system. In the Natron basin, however, the lowest
relief is observed adjacent to the border fault escarpment (Fig. 4.1D), where the greatest
amount of strain is also accommodated. The occurrence of Pleistocene lake sediments from
Lake Natron northward along the base of the Nguruman escarpment indicates that paleo-Lake
Natron extended further north into the Magadi basin during the Pleistocene (Crossley, 1979).
The transition to intra-rift faulting in the Magadi basin, and subsequent reduction in border
activity, may explain the southward retreat of the northern shoreline of Lake Natron, as areas
of structural relief evolved in response to changes in fault system dynamics (Fig. 4.12).
However, during warmer and wetter climatic periods in the Late Pleistocene, increasing water
levels have also occasionally resulted in both Lake Natron and Magadi forming a single,
contiguous lake (Roberts et al., 1993). Similar patterns in the distribution of lake systems in
the Natron-Magadi region are observed in basins of different ages across south Kenya and
north Tanzania (Fig. 4.13). For example, in the 1 Ma Manyara and 3 Ma Natron basins, lakes
occur adjacent to border fault escarpments, whereas in more evolved basins (7-15 Ma), Kenya
rift lakes are situated along the rift axis. The positions of these lakes likely reflect the locus of

upper crustal strain (rift border vs rift axis) within these basins (Ebinger and Scholz, 2012).

4.6.2 Source of spring waters in the Natron and Magadi basins

Diffuse soil CO, flux surveys and carbon isotope analyses from the Natron and
Magadi basins reveal that rift-wide fault systems in the region act as pathways for the rise of
mantle-derived CO, (Chapter 3). These CO,-rich fluids are likely sourced from magma

bodies, which have been detected geophysically in the lower crust and/or upper mantle (Birt
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et al., 1997; Roecker et al., 2015; Chapter 3). Is the chemical signature of springs in the

Natron and Magadi basins also consistent with a magmatic source?

Natron border fault

asin subsidence

at b%d,er fauls”

continued subsidence
at Natron border fault

separates|basin lakes

Late Pleistocene
lake deposits

Figure 4.12. Conceptual model of changing structural relief and water/sediment catchments resulting from fault
system evolution in the Magadi-Natron region. (A) High activity on the border faults results in the formation of a
contiguous lake in response to subsidence along the western side of the basins. (B) Over time, the locus of the
strain, and greatest subsidence, in the Magadi basin migrates away from the Nguruman border fault and into the
intra-rift fault population. Although the rate of subsidence along the Nguruman escarpment reduces, strain
continues to be accommodated along the border fault in Natron, with continued subsidence along the western
side of the basin. A zone of structural relief begins to develop at the base of the Nguruman escarpment in
response to these evolving fault dynamics. The original border fault lake therefore retreats southward into Natron
and a new lake develops in the subsiding center of the Magadi basin.
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border faults. Basin lakes in 7-15 Ma rift basins in the Kenya rift occur along the rift axis.

Spring samples from this study exhibit N,/Ar ratios (15-67) within the range of, or
slightly less than, air-saturated water (Fig. 4.10B). High He contents shown in Figure 4.10B,
however, suggest additional inputs from either mantle or crustal sources. Similar N,-He-Ar

abundances have been observed previously in the EAR for springs in the Rungwe Province



139

and fumaroles from Oldoinyo Lengai, which were interpreted to be sourced from magma
bodies at depth (Fischer et al., 2009; Barry et al., 2013; de Moor et al., 2013a). A magmatic
interpretation for the observed N>-He-Ar abundances is also consistent with 813C—C02 values
in the Natron and Magadi springs (Fig. 4.10C), and isotope investigations of diffusely
degassing CO; (Chapter 3). In line with this assertion, unpublished helium isotope data from
springs in Lake Magadi (reported in McNitt et al., 1989) are consistent with significant
contributions (~25-50%) of mantle-derived fluids. These geochemical data, combined with
geophysical studies supporting the presence of lower crustal and upper mantle magma bodies
in the region (Birt et al., 1997; Roecker et al., 2015), suggest a magmatic, rather than crustal,

source for dissolved gas species in Natron and Magadi springs.

4.6.3 Controls on fault system evolution

Fault strain analyses in this study demonstrate that the Magadi and Natron basins are
in a transitional stage of continental rift evolution — the locus of strain is actively transitioning
from border faults to intra-rift fault populations (e.g., Fig. 4.2A, B). Previous studies in the
Main Ethiopian Rift have attributed these transitions to the influence of magmatism, oblique
rifting, and crustal inheritance (Chorowicz et al., 1994; Bonini et al., 1997; Kendall et al.,
2005; Corti, 2008). Below it is discussed how each of these processes applies to the Natron

and Magadi basins, as well as the role of magmatic fluids.

Crustal inheritance

Chorowicz et al. (1994) attributed intra-rift faulting in the Main Ethiopian Rift in the
Late Pleistocene to the reactivation of preexisting Pan-African basement structures. This

interpretation was challenged in later studies (e.g., Bonini et al., 1997; Corti, 2009) given the
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difficulties in explaining why optimally oriented structural fabrics would not be activated
immediately during the initial stages of rifting. The influence of crustal inheritance in the
Kenya rift is illustrated by orientations of transfer structures between border faults, as well as
the broad geometry of central Kenya rift basins, which follow major NW-SE-striking shear
zones mapped in Mozambique basement rocks (Smith and Mosley, 1993; Mosley, 1993;
Smith, 1994; Katumwehe et al., 2015b; Robertson et al., 2015). These observations support
previous assertions that border faulting in the EAR often initiates on preexisting basement
fabrics (McConnell, 1972; Daly et al., 1989; Foster et al., 1997; Katumwehe et al., 2015a;
Lao6-Ddvila et al., 2015). However, as basins evolve and favorably oriented faults develop
orthogonal to the regional extension direction, the earlier formed, unfavorably oriented and/or
located faults are eventually abandoned (Ebinger, 2005). Structural investigations in the
Kenya rift show a number of transverse, NW-SE-striking intra-rift faults, which probably
initiated on preexisting basement fabrics (Le Turdu et al., 1999; Atmaoui and Hollnack, 2003;
Kattenhorn et al., 2013). However, the majority of intra-rift faults in the Natron and Magadi
basins, as well as intra-rift faults further north in the Naivasha-Nakuru basin (Chapter 2),
trend orthogonal to the ESE-WNW regional extension direction (Fig. 4.7), and oblique to the
NW-SE-striking basement structures. These observations suggest that, although some border
fault segments and intra-rift faults (e.g., Kordjya fault of the Magadi basin; Le Turdu et al.,
1999; Kattenhorn et al., 2013; see Chapter 5) may have initiated along inherited crustal
fabrics (e.g., Smith and Mosley, 1993; Foster et al., 1997), the transition to an intra-rift
dominated faulting regime in the study area cannot be attributed to the reactivation of

basement weaknesses.
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Oblique rifting

Strain localization into intra-rift faults in the Main Ethiopian Rift has also been
proposed to be the result of oblique extension along the border fault system (rift obliquity up
to 45°; Corti, 2008; Agostini et al., 2011b) (discussed in Section 4.2). These assertions are
based on the timing and kinematics of faulting observed from analog experiments (Corti,
2008; Agostini et al., 2011b; Corti, 2012), which compare favorably with field and remote-
sensing studies in the region (Corti, 2009; Agositini et al., 2011a). Rifting in the Natron and
Magadi basins, however, has been inferred to occur primarily under orthogonal extension (Le
Gall et al., 2008). Accordingly, intra-rift faults (008° mean trend) and border faults (006°
mean trend) trend roughly normal to the 090-110° extension direction inferred from analyses
of fault plane solutions, volcanic vent alignments, neotectonic joints, and GPS plate motion
vectors (Ibs-von Seht et al., 2001; Atmaoui and Hollnack, 2003; Brazier et al., 2005; Stamps
et al., 2008; Saria et al., 2014; Chapter 2). Focal mechanisms for earthquakes in the central
parts of the Natron basin (Lambert et al., 2014) show dip-slip motions along NNE-trending
normal faults. It is therefore unlikely that the evolution to intra-rift faulting in the study area

has been assisted by oblique-style rifting along the border system.

Role of magma

The development of intra-rift fault systems in the Natron and Magadi region has
occurred with accompanying magma intrusion (Calais et al., 2008) and magmatic volatile
release in the rift basins (Chapter 3). An axial gravity anomaly has been traced along the
Kenya rift into the Magadi basin (Baker and Wohlenberg, 1971; Mechie et al., 1997; Ibs-von
Seht et al., 2001), and interpreted as lower-crustal intrusions. Ibs-von Seht et al. (2001)

attributed high seismic velocities in the center of the Magadi basin to a zone of cooled mid- to
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upper-crustal dikes, and Birt et al. (1997) observed a low seismic velocity zone in the upper
mantle, which they interpreted as partial melt below the central rift axis. The presence of
magma along the rift center is consistent with asthenospheric upwelling and enhanced melt
production below the zone of maximum lithospheric extension in the center of the rift
(Rooney, 2010) — in other words, where the border fault intersects the lower crust (e.g., Brun
et al., 1992; Brun, 1999; Lavier et al., 2000; Ebinger and Casey, 2001; Ebinger, 2005).
Furthermore, asthenospheric melts are likely guided (upward) along steep gradients in the
lithosphere-asthenosphere boundary produced by thinning and flexing of the lithosphere,
resulting in magma migration at depth from the rift margins into the rift center (Rooney et al.,
2011, 2014; Keir et al., 2015). Dikes ascending from melt zones at depth can also be guided
into the rift center along intra-rift faults (Casey et al., 2006; Le Corvec et al., 2013b), some of

which formed from flexure in the border fault hanging wall (Section 4.5.5).

Magma rising into the center of these rift basins is likely to help localize deformation
in intra-rift fault populations and drive the transition from border fault to intra-rift fault
dominated strain accommodation (Ebinger and Casey, 2001; Keir et al., 2006; Beutel et al.,
2010). For example, dikes emplaced at mid- to upper-crustal levels enhance extensional
stresses in the area above the dike tip (Rubin and Pollard, 1998). These static stress changes
can initiate faulting in the shallow crust, as has been demonstrated during dike-rifting events
in Iceland and Ethiopia (Bjornsson et al., 1977; Rowland et al., 2007; Belachew et al., 2013;
Wright et al., 2012; Sigmundsson et al., 2015). Similarly, a diking event in south Natron in
2007 was accompanied by slip along several intra-rift faults based on seismicity, focal
mechanisms, InSAR displacements and measured surface ruptures (Baer et al., 2008; Calais et

al., 2008; Biggs et al., 2009a; Wauthier, 2011). However, this event was confined to a
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volcanic field at the southern end of the Natron basin, and may not represent a rift-wide
process of upper crustal diking from the center of the Natron basin northward along the length
of Magadi (Chapter 2). Despite the presence of underlying magma at the rift center (Birt et al.,
1997), there is no evidence (i.e., volcanic cones, lava flows) of significant surface-breaching
dike intrusions since the eruption of Magadi trachyte lavas (Chapter 2), suggesting dike arrest
at predominantly lower- to mid-crustal depths, with upper crustal strain accommodated almost

purely by normal faulting.

Numerical modeling studies show that cooling magma intrusions transfer heat to the
surrounding country rock, causing thermally-driven variations in crustal rtheology (Daniels et
al., 2014). Dike intrusions can therefore locally weaken lithosphere and assist in crustal
thinning and strain localization in the basin center (Bialas et al., 2010; Daniels et al., 2014).
Extensional stresses are also shown numerically to localize around cooled axial intrusions
emplaced within continental crust (Beutel et al. 2010), thereby focusing extensional strain into
the rift center even during episodes of low magma flux. In the Magadi basin in particular,
geophysical and geochemical observations (e.g., Baker and Wohlenberg, 1971; Birt et al.,
1997; Mechie et al., 1997; Ibs-von Seht, 2001; Chapter 3) suggest that the transition to intra-
rift faulting shown in this study (Section 4.6.1; Fig. 4.11) has been accompanied by axial
magma emplacement in the lower crust and upper mantle. These observations provide support
for the potential role of magmatism in assisting the transition to focused intra-rift faulting in

the study region.
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Role of magmatic fluids

An important factor controlling lithospheric weakening and the localization of rifting
of cratonic lithosphere is the presence of CO,-rich fluids (Geissler et al., 2005; Lindenfeld et
al., 2012; Albaric et al., 2014). In continental rift settings exhibiting high fluid flow (e.g.,
Taupo Volcanic Zone, New Zealand), the magnitude of extensional tectonic stresses required
for normal faulting decreases locally in areas exhibiting high pore-fluid pressures (Reyners et
al., 2007; Rowland and Simmons, 2012). Similarly, lower crustal earthquakes observed in the
EAR may require anomalously high pore-fluid pressures at depth (Seno and Saito, 1994;
Lindenfeld et al., 2012), with some of these fluids likely exsolved from lower crustal magma
intrusions (Keir et al., 2009a; Chapter 3). The rheology of lithosphere, particularly within
fault zones, will vary cyclically depending on the presence or absence of fluids (Yardley et
al., 2010). Deeply derived, magmatic fluids (e.g., CO,, H,0) are redistributed en masse during
earthquake slip events (Sibson, 2000; Brodsky et al., 2003; Shelly et al., 2015). Depending on
oxygen fugacity, the presence of these magmatic fluids (i.e., CO, and H,O) may enhance
intracrystalline deformation in quartz and other crystalline minerals (Chen et al., 2006;
Chernak et al., 2009; Holyoke and Kronenberg, 2013). During periods of seismic quiescence,
fluids present in fault zones are gradually consumed during hydration reactions to produce

weaker, fine-grained, hydrous minerals (Moore and Rymer, 2007; Yardley et al., 2010).

Geochemical data from spring systems throughout the Natron and Magadi basins (Fig.
4.10) support the release of volatiles into the rift from magma bodies at depth. The high
output of magmatic gases (>1 Mt yr'' of magmatic CO,; Chapter 3) along rift-wide fault
networks in the Magadi-Natron region suggests a significant supply of deeply circulating

fluids, which may be able to weaken faults and assist in strain localization. In line with these
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assertions, the locations of hot springs in the Magadi-Natron region coincide with areas of
high strain (Figs. 4.8 and 4.10; Table 4.2). For example, time-averaged extension rates in the
Magadi basin are highest within faults dissecting the Magadi Trachyte lava group (0.93+0.28
mm yr'l) in the center of the rift. Within this area of high strain (unit 3 in Table 4.2), hot
springs manifest at the base of intra-rift fault scarps (Fig. 4.3E), whereas no springs were
observed along the Nguruman border fault escarpment. In the Natron basin, however,
hydrothermal systems are present along the western border fault of the rift and ~20 km
outward into the border fault hanging wall. In contrast to Magadi, the border fault
accommodates significantly more regional extension (1.24-1.78 mm yr™') than intra-rift faults
(0.0.2-0.56 mm yr"). Therefore, fluids in the Natron basin likely ascend from crustal magma
bodies along the border fault, and then possibly outward into nearby faults forming in the
flexing border fault hanging wall (Fig. 4.14). The close associations between areas of high
strain and volatile release suggest that magmatic volatiles may also play an active role in
weakening lithosphere and assisting the transition to focused intra-rift faulting in the study

region.

4.6.4 Conceptual model: evolving fault-fluid systems in the Natron and Magadi basins

Comparison of the 3 Ma Natron and 7 Ma Magadi basins provides a revised
conceptual model for evolving fault and magmatic volatile systems during early-stage rifting.
Results from the Natron basin show that, within the first 3 million years of rifting, border
faults accommodate the majority of strain (>69 %) related to regional extension. In Natron
specifically, the depth of syn-rift basin fill suggests the border fault system accrued ~2200 m
of throw during this period, which caused significant flexure of the hanging wall in the ~50-

km-wide half-graben basin. Horizontal extensional strain related to this flexure drove the
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formation of intra-rift faults, which acted to both accommodate regional extension as well as
localized stresses in the flexing hanging wall. Evidence for diking in south Natron (Calais et
al., 2008; Biggs et al., 2013; Chapter 2), lower crustal seismicity (Roecker et al., 2015;
Chapter 3), and rift-wide release of magmatic volatiles at the surface (Chapter 3; Fig. 4.10)
support the development of intra-rift fault systems coevally with the emplacement of crustal
magmas. Fluids released from magmas interact with these fault systems (Chapter 3) (Figs.
4.10 and 4.14), and may explain the presence of lower- to mid-crustal earthquake swarms
documented in these basins (Seno and Saito, 1994; Chapter 3). The focusing of magma
toward the rift center and concomitant release of magmatic fluids into the flexing hanging
wall provides a previously unrecognized mechanism that may help to weaken crust and assist

the transition to intra-rift dominated strain accommodation.

A 3 million years (Natron basin) B 7 million years (Magadi basin)

west west
east intra-rift fault dominated east

border fault dominated reduced border fault strain accommodation

g : . = o
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magmatic fluids stop magmatic fluids rise
rising up the border fault up through the rift center

magmatic fluids rise up the border fault

Figure 4.14. Conceptual model of evolving fault-related strain and magmatic fluid systems during early-stage
rifting (<7 Ma) in the Natron and Magadi basins. (A) Rift configuration 3 million years after rift initiation in the
Natron basin. Strain is primarily accommodated along the border fault. Minor faulting occurs on intra-rift faults
in the rift center from stresses generated by flexure of the border fault hanging wall. These intra-rift faults
accommodate only a small proportion of regional extension. Magmatic fluids ascend the crust (yellow arrows)
along the border fault system and then outward into nearby intra-rift faults in the flexing hanging wall (red lines).
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These fluids are observed at the surface as hot springs (yellow stars) that feed water into an ephemeral lake (light
blue). (B) Rift configuration 7 million years after rift initiation in the Magadi basin. At this stage of rifting, the
locus of strain has migrated from the border fault to the intra-rift fault population. The border fault escarpment
becomes progressively more degraded. Magmatic fluids ascend the crust in areas of high strain in the center of
the rift, and no longer rise up along the relatively inactive border fault. Paleo-lake deposits on the rift border
(light yellow) on the western side of the basin reflect the earlier locus of strain and hydrothermal fluid release.
Based on previous studies in the study area, magma bodies sourcing the fluids are likely situated at upper mantle
and/or lower crustal depths (Birt et al., 1997; Mechie et al., 1997; Chapter 3).

Findings from the Magadi basin show that, by 7 million years, regional extension was
primarily accommodated in the intra-rift fault population. By this stage of rifting, the border
fault became relatively less active (accommodating 0.40-0.66 mm yr'1 of extension, compared
to 1.24-1.78 mm yr'1 in Natron), and hanging wall flexure played only a minor role in driving
intra-rift faulting. The transition to intra-rift faulting was accompanied by widespread magma
emplacement below the rift axis (Baker and Wohlenberg, 1971; Birt et al., 1997; Ibs-von
Seht, 2001; Chapter 3). Furthermore, the migration of strain away from the border fault into
the rift center is followed by a similar migration in the locations of magmatic volatile release.
These observations highlight a strong association between strain localization and the release
of magmatic fluids in the rift. Magmatic volatiles may therefore help to weaken lithosphere
and localize strain in the rift center prior to the establishment of magmatic segments, like

those present in the Main Ethiopian Rift further north.

4.7 Conclusions

This study is the first to investigate the evolving distribution of upper crustal
deformation in the 3 Ma Natron and 7 Ma Magadi basins from quantitative fault-strain
analyses. These data are examined alongside spring geochemistry and new AP Ar ages of
rift volcanics to elucidate the timing of volcanic and tectonic activity. New AP Ar ages

provide revised constraints on the timing of activity in the Natron basin from Mosonik (as old
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as 4.05 Ma), Gelai (0.95-1.23 Ma), and Oldonyo Sambu volcanoes (as young as 1.97 Ma).
Results also suggest that the Singaraini basalts in the Magadi basin were emplaced by 1.96
Ma. Intra-rift faults measured and dated in the field in the Natron basin exhibit minimum slip
rates that range 0.06-0.09 mm yr', whereas analyzed (subsidiary) border fault segments range
0.09-0.16 mm yr'. Time-averaged minimum slip rates from intra-rift faults measured in the
field in Magadi range 0.01-0.13 mm yr'l, but likely reach as high as 0.45 mm yr'1 on the
largest faults. Basin-wide strain analyses give estimated slip rates of 1.93-3.56 mm yr’' for the
Natron border fault and 0.62-1.32 mm yr” for the Nguruman border fault, which are in good

agreement with estimates based on rift basin depths and border fault ages.

Results from the Natron basin in this study show that, within the first 3 million years
of rifting, border faults accommodate the majority of strain (>69 %) related to regional
extension. Flexure of the border fault hanging wall may have been an important driver of the
initial formation of intra-rift faults, which ultimately accommodated both regional extension
as well as localized stresses in the flexing plate. Within the 7 Ma Magadi basin, regional
extension is primarily accommodated in the intra-rift fault population (67-80%), revealing a
transition from border fault to intra-rift fault dominated strain accommodation sometime
between 3 and 7 million years after rift initiation. The transition to intra-rift faulting in the
Magadi basin also affected the position of Lake Natron and the development of Lake Magadi,
where a reduction in activity along the Nguruman border fault resulted in the southward

retreat of the northern shoreline of Lake Natron.

The localization of strain into intra-rift faults in the Magadi basin did not require the
reactivation of preexisting structures (Chorowicz, et al., 1994) or oblique-style rifting (Corti,

2008), as has been asserted previously for the Main Ethiopian Rift. Instead, the transition to



149

intra-rift faulting in Magadi has been accompanied by recent magmatism and magmatic
volatile release in the rift center. Areas of high strain in each basin also coincide with the
presence of hydrothermal spring systems, and geochemical analyses of dissolved gas species
support a magmatic source for these fluids. These observations highlight a strong association
between strain localization and the introduction of magmatic fluids into the rift. The ascent of
magmatic volatiles within rift basins may therefore help to weaken lithosphere and localize
strain in the rift center prior to the establishment of magmatic segments, like those present in

the Main Ethiopian Rift further north.

4.8 Supporting information

4.8.1 Supplemental Map

Figure C1 of Appendix C provides a supplemental geological map of the Magadi-
Natron region. The map shows the broad distribution of major geological units from Baker
(1958), Baker (1963), Crossley (1979), Sherrod (2013), and Guth and Wood (2014), with ages
and brief descriptions provided in the key. This map provides the basis for defining volcanic
units in Table 4.2, which were used for broad strain analyses. Some revised unit ages are
provided based on data from this study, and some units of overlapping age have been merged.
For more precise units boundaries, please refer to the referenced work, particularly Sherrod

(2013), and Guth and Wood (2014).

4.8.2 Modelling extensional strain from hanging wall flexure

The theoretical plate deflection and extensional strains from large-scale border fault
displacements were modelled using the method of Turcotte and Schubert (1982), described in

Billings and Kattenhorn (2005), where a vertical line-load is applied to the hanging wall side
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of the plate at the origin, which occurs at intersection of the fault plane and upper contact of
the hanging wall (i.e., where x = 0 in Figure 4.9). The fault is assumed to behave as a weak
zone that doesn’t locally transmit torque to the plate either side of the fault. The deflection

profile across the border fault hanging wall from Billings and Kattenhorn (2005) is:
w - wpe™ cos (o) (eq. 4.5)

where wyis the maximum deflection, x defines the position away from the fault along the

deflecting plate, and a is defined by:

o= [ERI(3pog (1 — ™))™ (eq. 4.6)

where E is Young’s modulus, v is Poisson’s ratio (0.25), g is acceleration due to gravity, A is
the thickness of the plate, and pyis the density of the underlying layer (quartzo-feldspathic

lower crust is ~2,950 kg m'3).

Total border fault throw for each basin is assumed to equal the sum of the observable
border fault throw at the surface and the depth of the rift-basin fill estimated from previous
studies (Birt et al., 1997; Ebinger et al., 1997). Throw values can be converted to a maximum
deflection in the hanging wall by estimating the ratio (r) of upthrow to downthrow on the fault

from the equation (Turcotte and Schubert, 1982):

r=(papp)” (eq. 4.7)

where p, is density difference between upper (2,650 kg m™) and lower crust (2,950 kg m™),
and p, is density difference between upper crust and air. From eq. 4.7, an r value of 0.2 is

obtained, which is consistent with r values of normal faults observed on earth (e.g., Borah
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Peak fault; Stein and Barrientos, 1985) and from modelling studies, which typically range

from 0.2 to 0.5 (Rubin and Pollard, 1988; Ebinger et al., 1991; Grant and Kattenhorn, 2004).

The range of the thicknesses for the deflecting plate in the presented models comes
from Ebinger et al. (1997), who estimated the elastic thickness of the crust in 1-3 Ma basins in
Tanzania sectors of the Easter rift from gravity data. Deflections for plates of different
thicknesses (19, 23, and 25 km) were then modeled by adjusting parameters in eq. 4.5 such
that the plate deflection produces a 50-km-wide half-graben basin (i.e., w = 0 at x = 50,000)
characteristic of the Eastern rift (Foster et al., 1997; Ebinger, 2005). Plate deflections exhibit
low sensitivity to changes in pyand v compared to changes in 4 and E, so a range of Young’s
modulus values were used (E = 5, 7, 13 GPa for 4 values of 25, 23 and 19 km, respectively)
to produce each deflection profile. Using this approach, identical flexural profiles were
produced for half-grabens with plate thicknesses of 19, 23, and 25 km. From these flexural
profiles, the horizontal extensional strain is calculated using the following equation from

Billings and Kattenhorn (2005):
£ = -y (d*w/dx?) (eq. 4.8)
where y is the vertical distance from the center of the plate (dlownward is positive).

4.8.3 Modelled extension rates of the Magadi and Natron basins

To derive the long-term surface motions shown in Figures 4.1 and 4.15, the angular velocity
vector is calculated for the Somalian plate (S) relative to the Victoria Block (V) using the
recent kinematic block model of Saria et al. (2014) in a Cartesian geocentric coordinate

system in an Earth Centered, Earth-Fixed frame (ECEF; deg/Ma):
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~0.089108
L, Q=] —0.059761
0.019995

Assuming tectonic motions are well described by rigid plate motions on a sphere (i.e.

McKenzie and Parker, 1967), a 3-component velocity vector can be calculated at each

position ( P ) using the following:

- T _ = -
V= Ro10 °(,6,x P) (eq. 4.9)

where R is the Earth’s radius. From this equation, long-term extension through the center of
the Magadi (-1.67°S, 36.302°E) and Natron basins (-2.38°S, 36.171°E) is estimated to be 2.0

mm yr' and 1.8 mm yr, respectively.
4.9 Supporting methods

4.9.1 Natron and Magadi springs: sampling and analytical methods

Spring samples were collected in the field in pre-evacuated Giggenbach bottles. A
tube was inserted deep into the outflow area in the spring. Gas-rich water was then siphoned
through silicon tubing into the bottle. For each sample, ~50% of the volume of the
Giggenbach bottle was filled with spring water, thereby leaving a headspace into which
dissolved inert gases could be partitioned. Gases in these headspaces were analyzed at the
Volatiles Laboratory, University of New Mexico (UNM) using a Gow-Mac series G-M 816
Gas Chromatograph (GC) and a Pfeiffer Quadrupole Mass Spectrometer (QMS), which has a
mass range from 0 to 120 amu. Gas compositions were measured simultaneously by the

combined system of GC and QMS. Relative abundances of CO,, CHy4, H;, Ar+0O,, N,, and CO
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in the headspaces were measured on the GC using a He carrier gas. Gas species were
separated on the GC using a Hayes Sep pre-column and 5A molecular sieve columns. A
discharge ionization detector was used for CO,, CHa4, Hy, Ar+O;, N, and CO, respectively
(Giggenbach and Goguel 1989). He, Ar, O,, and N, in the headspaces were also analyzed for
their relative abundances on the QMS with a secondary electron multiplier detector in
dynamic mode. Combining the data from GC and QMS, the relative abundances of CO,, CHy,

H,, Ar, O, Nj, and CO were acquired. 813C values of CO; in the headspaces were measured
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Figure 4.15. A: Distribution of plates and plate boundaries (dashed lines) throughout East Africa including the
Nubian and Somalian plates, and the Victoria and Rovuma sub-plates of Saria et al. (2014). B: Velocity vectors
(long-term extension rates) for the Natron and Magadi basins based on the movement of the Somalian plate
relative to the adjacent Victoria plate from the kinematic model of Saria et al. (2014). BF = border fault.
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by an Isotope Ratio Mass Spectrometer (Finnigan Delta XL) with a gas bench at the Center
for Stable Isotopes, UNM. The 8'*C-CO, values are presented as per mil (%o) against the
standard, Pee Dee belemnite (PDB). Using the Oztech isotope ratio reference gas, the

standard error of the analyses is + 0.2%o (105).

4.9.2 *Ar/*° Ar dating of Magadi and Natron volcanics

Twelve samples (9 lavas and 3 tuffs) from the Natron basin and 7 samples from
Magadi basins (7 lavas) were analyzed using “’Ar/*’Ar laser incremental-heating techniques
in the Earth and Planetary Sciences Noble Gas Laboratory at Rutgers University on a MAP-
215-50 mass spectrometer (Table C1 in Appendix C). Samples were crushed and then sieved
using 30 and 50 mesh size ranges, washed in an ultrasonic bath in distilled water, and dried in
an oven at ~80°C. Phenocrysts were then hand-picked from the samples under a binocular
microscope. In instances where it was not possible to remove all phenocrysts, samples were
labeled as “whole rock”, while “matrix” indicates samples in which all phenocrysts were
removed from the groundmass (refer to Table C1). Sample 3 was particularly enriched in
plagioclase phenocrysts that were dated after separating it using a Frantz Isodynamic

Separator. Mica was manually separated from the volcanic tuffs.

Samples were loaded into Al irradiation disks along with multiple splits of a monitor
mineral (Fish Canyon Sanidine; 28.201 + 0.046 Ma; Kuiper et al. 2008) and neutron irradiated
at 1000 kW for 0.25 hours using Cd-foil shielding in the central thimble facility of the USGS
TRIGA reactor in Denver, Colorado. Corrections for interfering neutron reactions from Ca
and K were performed using the following correction constants: (36Ar/37Ar)Cal = (2.64%0.02)

x 10%; PAr’Ar)ca = (6.7320.04) x 10 C*Ar/PAr)k = (1.3420.02) x 107 from Dalrymple
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and Ryder (1993) and Dalrymple et al. (1981); and (**Ar/*’Ar)k = (2.85+0.5) x 10, which is
determined from measurements of kalsilite glass. Age calculations were made using the
current accepted decay constants and isotopic abundances of Steiger and Jager (1977): A; =

581 x 107" yr', 45 =4.962 x 107" yr™!, “K/Korar = 1.167 x 107",

After neutron irradiation, samples were then placed into individual pits in a stainless
steel planchet and loaded into an ultra-high vacuum extraction system. The extraction system

was then baked overnight at a temperature of 60-80° C.

The “Ar/*°Ar incremental-heating results include integrated/total-fusion ages (which
are similar to conventional K-Ar ages), plateau ages if the necessary criteria are fulfilled (see
below), and inverse-isochron ages (Table C1). The plateau ages are defined by at least three
contiguous incremental steps representing at least 50% of the total ¥ Ark released from the
sample, and with any two adjacent fractions that must be analytically indistinguishable at the
95% confidence level following Fleck et al. (1977). Once all the necessary corrections (e.g.,
blanks, decay, mass spectrometer mass fractionation) are made, the apparent ages, assuming
an atmospheric YAr/°Ar ratio of 298.61+0.09 (average of published results from Lee et al.
(2006) and Valkiers et al. (2010)) for the trapped component, are cast on a standard plateau

diagram.

Isotopic data are then plotted on an OAr/Ar versus P Ar/*Ar isotope correlation
diagram to determine the “measured” Y Ar/°Ar ratio of the trapped component and age by a
linear fit to the data array (see McDougall and Harrison, 1999). The “measured” PAr°Ar

ratio of the trapped component is then used to recalculate the apparent ages, which are then
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re-plotted on a standard plateau diagram. These results are listed under the heading as

“Corrected for "Trapped" **Ar/*°Ar” in Table C1 in Appendix C.

Four of the twenty (20%) measurements have statistically non-atmospheric "trapped"
*OAr/CAr ratios and are enriched in *°Ar (see results reported in Table C1). It is believed that
the recalculated plateau ages, that take into account the isochron determined YAr/*Ar ratio
for the "trapped" component, produce the most accurate age for the simple reason that this
interpretation makes fewer assumptions. Ages that are considered the most reliable are
reported in bold and highlighted in yellow. For samples that were measured in duplicate, the

variance weighted average is the preferred age.
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CHAPTER 5: ACTIVATION OF PREEXISTING TRANSVERSE STRUCTURES DURING

CONTINENTAL RIFT EVOLUTION

5.1 Abstract

Inherited crustal weaknesses have long been recognized as important factors in strain
localization and basin development in the East African Rift (EAR). However, the timing and
kinematics (e.g., sense of slip) of transverse (rift-oblique) faults that exploit these weaknesses
are debated, and thus the roles of inherited weaknesses at different stages of rift basin
evolution are often overlooked. The mechanics of transverse faulting were addressed through
an analysis of the Kordjya fault of the Magadi basin (Kenya Rift). Fault kinematics were
investigated from field and remote-sensing data collected on fault and joint systems. Results
indicate that the transverse Kordjya fault has reactivated earlier developed rift-parallel faults
as oblique-normal faults with a component of sinistral shear. In all, these fault motions
accommodate dip-slip on an underlying transverse structure that exploits the Aswa basement
shear zone. This study shows that transverse faults may be activated through a complex
interplay among magma-assisted strain localization, preexisting structures, and local stress
rotations. Rather than forming during rift initiation, transverse structures can develop after the
establishment of rift-parallel fault systems, and may exhibit dip-slip kinematics when
activated from local stress rotations. The Kordjya fault is shown here to form a kinematic
linkage that transfers strain to a newly developing center of concentrated magmatism and
normal faulting. It is concluded that recently activated transverse faults not only reveal the
effects of inherited basement weaknesses on fault development, but also provide important

clues regarding developing magmatic and tectonic systems as continental rift basins evolve.



158

5.2 Introduction

Inherited crustal weaknesses—such as steeply dipping foliation planes, fracture sets
and shear zones—are known to play important roles in localizing strain and influencing the
architecture of continental rifts (Dixon et al., 1987; Rosendahl, 1987; Daly et al., 1989;
Dunbar and Sawyer, 1989; Hetzel, 1994; Bonini et al., 1997). At some rift settings, like the
East African Rift, far-field tectonic forces are theoretically too small to rupture the thick
continental lithosphere (Buck, 2004, 2006; Stamps et al., 2014). Such rifts are thought to
initiate in zones of intense magmatism (Kendall et al., 2005; Beutel et al., 2010; Bialas et al.,
2010; Daniels et al., 2014), fluid-driven weakening (i.e., mantle metasomatism; Hui et al.,
2015; Leseane et al., 2015; Mana et al., 2015), and along preexisting lithospheric weaknesses
(Keranen et al., 2009; Katumwehe et al., 2015a). Early-stage rift basins (< 10 Ma) provide
ideal natural laboratories for investigating the effects of these processes on rift initiation and
development (Modisi et al., 2000; Calais et al., 2008; Kinabo et al., 2008; Le Gall et al., 2008;

Lao6-Ddvila et al., 2015; see also Chapters 2, 3, and 4).

The earliest states of rifting involve a competition between the formation of new,
optimally oriented faults in strong, intact rock, and non-optimally oriented faults that follow
and exploit preexisting crustal weaknesses (Youash, 1969; Sibson, 1985; Smith and Mosley,
1993; Morley, 1995; Morley et al., 2004; Agostini et al., 2009; Corti, 2012). Newly developed
faults that define the dominant structural fabric of the rift system are expected to trend
orthogonal to the regional least compressive stress (63) (Anderson, 1951) and have been
previously termed orthogonal faults (e.g., Morley et al., 2004). Here, they are referred to as
rift-parallel faults to avoid mechanical inferences based purely on fault orientation. Faults

trending oblique to the dominant rift trend (oblique to the regional o3) often initiate along
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preexisting weaknesses that cut across the dominant fault fabric (Morley et al., 2004), and are

referred to here as transverse faults (e.g., Ben-Avraham and Ten Brink, 1989) (Fig. 5.1C).
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Figure 5.1. A: Distribution of major rift faults (black lines) across East Africa. Grey polygons represent Archean
cratons; white fill represents Proterozoic basement rocks (after Corti, 2009 and Morley, 2010). Ocean is colored
light blue. Annotated are the Congo Craton (CC), Tanzanian Craton (TC), and Bangweulu Block (BB), as well
as the Main Ethiopian Rift (MER) and Kenya Rift (KR). The general location and trend of the Aswa shear zone
(ASWA) is illustrated in red, with its distribution based on Smith (1994) and Katumwehe et al. (2015b). Inset
(globe) shows the location of the map in A. Annotated on the globe are the Eastern rift (ER) and Western rift
(WR) of the East African Rift, shown as red lines. B: Distribution of major rift faults (black lines) and
preexisting basement structures (grey lines) in the Kenya Rift (after Smith and Mosley, 1993). Also annotated
are the Kerio-Bogoria-Marmanet transfer zone (KBMTZ) and major basin lakes, including (1) Turkana, (2)
Baringo, (3) Nakuru, (4) Naivasha, (5) Magadi, and (6) Natron. The Engorika-Magadi-Lembolos (EML)
lineament, along which the Kordjya fault lies, is shown as a dashed orange line. C: Annotated Shuttle Radar
Topography Mission (SRTM) map of the Magadi basin. Selected examples of transverse (red) and rift-parallel
(black) faults are annotated. The orientations of the greatest (Sy) and least (S;) horizontal compressive stress,
based on data from Ibs-von Seht et al. (2001) and Atmaoui and Hollnack (2001), are illustrated by white arrows.
Transverse faults trend oblique, whereas rift-parallel faults trend normal, to the regional least compressive stress
prevalent throughout the basin. Note how transverse faults in C trend roughly parallel to the dominant NNW-
SSE strike of the preexisting basement structures in B.

In the East African Rift (EAR), the effects of preexisting weaknesses on the
distribution and nature of faulting are visible on many scales (Morley, 1995) (Fig. 5.1). At the

continental scale, rift basins preferentially form within Proterozoic basement rocks and are
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located near the margins of Archean cratons (e.g., Tanzanian craton) (Daly et al., 1989; Smith
and Mosley, 1993; Ring, 1994; Simiyu and Keller, 2001; Morley, 2010) (Fig. 5.1A). This
effect has divided the entire rift system into distinct Eastern and Western rifts (Rosendahl,
1987; Chorowicz, 1992; Koptev et al., 2015). Ductile and brittle shear zones in basement
rocks also exhibit a control on rift basin segmentation and orientation. For example, a series
of N to NW-trending basement shear zones, with lengths of up to 1000s of km (e.g., Aswa
shear zone; Chorowicz, 1989; Katumwehe et al., 2015b), have been documented throughout
east and northeast Africa from field, remote-sensing, and geophysical studies (Smith and
Mosley, 1993; Hetzel and Strecker, 1994; Birt et al., 1997; Vauchez et al., 2005; Katumwehe
et al., 2015b; Roberston et al., 2015) (Fig. 5.1). These shear zones are responsible for abrupt
changes in the orientation of the rift, such as the 130-km-long, NNW-trending Kerio-Bogoria-
Marmanet transfer zone (Smith and Mosley, 1993), which accommodates an overall left step
in the central Kenya Rift between Lake Baringo and Lake Naivasha (Chorowicz, 1989; Hetzel
and Strecker, 1994; Le Turdu et al., 1999) (Fig. 5.1B). Preexisting basement shear zones also
control the location of transfer zones between major rift-bounding faults (Chorowicz, 1989,
1992; Smith and Mosley, 1993; Ring, 1994). At still smaller scales, inherited weaknesses
control the orientations and kinematics of shorter faults (Ilengths no greater than a few tens of
kilometers) within the centers of rift basins (Le Turdu et al., 1999; Le Gall et al., 2000;

Manighetti et al., 2001) (Fig. 5.1C).

Many questions exist regarding the state of stress (orientation of 63) and kinematics
(e.g., sense of slip) of faulting during the reactivation of preexisting structures in the EAR.
During rift initiation, some fault systems may initiate on lithospheric weaknesses, often

trending oblique to the regional extension direction and dominant NNE-SSW trend of the rift
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(Rosendahl, 1987; Versfelt and Rosendahl, 1989; Chorowicz, 1992; Chorowicz and Sorlien,
1992; Kilembe and Rosendahl, 1992; Modisi et al., 2000; Corti, 2008). Transverse faults
exploiting these obliquely-oriented weaknesses are therefore expected to fail as either
oblique-normal or strike-slip faults (Rosendahl, 1987; Kilembe and Rosendahl, 1992; Le

Turdu et al., 1999; Corti, 2008; Agostini et al., 2009).

Although field kinematic indicators often support this view (Chorowicz, 1989, 1992;
Chorowicz and Sorlien, 1992; Ring et al., 1992; Wheeler and Karson, 1994), regional
syntheses of recent focal mechanisms show that many transverse structures exhibit dip-slip
(normal) kinematics (e.g., Koehn et al., 2010; Delvaux and Barth, 2010). Dip-slip faulting
along transverse structures requires a rotation of o3 away from the first-order (regional)
extension direction (~E-W to ESE-WNW) imposed by plate boundary forces across the EAR
(Lithgow-Bertelloni and Guynn, 2004; Stamps et al., 2008). These rotations can be produced
by second-order stress fields, with length-scales on the order of 100-1000 km, resulting from
processes such as lithospheric flexure and buoyancy forces related to elevated mantle
temperatures (Zoback, 1992). Additionally, third-order stress fields, typically occurring on
scales of <100 km along rift systems, drive stress perturbation locally within and between
individual rift segments (Delvaux and Barth, 2010). In the EAR, these third-order stress fields
are inferred to result from: (1) mechanical interactions between segmented rift basins (Koehn
et al., 2008; Agostini et al., 2009; Koehn et al., 2010; see also Chapter 2); (2) strength
anisotropies related to the presence of shear zones (Morley, 2010); (3) volcano topography
(Tibaldi et al., 2014); and (4) magma overpressures (Ring et al., 2005; see also Chapter 2).
Temporal variations in the regional stress state across the entire EAR (e.g., a rotation from E-

W to NW-SE extension in the Late Pleistocene; Bosworth and Strecker, 1997), resulting from
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changes in far-field plate boundary forces, have also been inferred from the geological record
(Strecker and Bosworth, 1991; Delvaux et al., 1992; Ring, 1992; Bonini et al., 1997; Delvaux,

2001).

Together, these studies suggest that the role of preexisting weaknesses should vary
over the course of rift evolution. For example, transverse structures should activate/deactivate
in response to changes in far-field plate boundary forces, as well as more localized rotations
of o3 as segmented basins progressively merge and interact, and new zones of focused
magmatism develop (Morley and Nelson, 1990; Schlische, 1993; Modisi et al., 2000;
Densmore et al., 2007; Ebinger et al., 2013). Furthermore, long-term rifting should be
accompanied by lithospheric strength reductions (due to heating and thinning) and the
formation of new, optimally-oriented, rift-parallel faults; therefore, non-optimally oriented,
transverse faults should be progressively abandoned as rift basins evolve (Chorowicz and
Sorlien, 1992; Ebinger, 2005; Corti, 2008; Agostini et al., 2009). The Kenya Rift of the EAR
exhibits numerous transverse faults, which trend subparallel to NW-trending basement
structures (Mosley, 1993; Smith and Mosley, 1993; Le Turdu et al., 1999; Robertson et al.,
2015) (Fig. 5.1). Here, we test the timing and kinematics of transverse faulting, and its
association with evolving rift basin segmentation, through an analysis of the Kordjya fault of

the Magadi basin, Kenya.

5.3 Transverse faulting in the Magadi basin of the Kenya Rift

The Kenya Rift is a ~900-km-long sector of the EAR comprising a series of discrete,
asymmetric rift basins, ~100 km long and 10s of km wide (Fig. 5.1B). Upper crustal strain in

the Kenya Rift is primarily accommodated along two types of fault systems: (1) border faults,
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which bound the rift and are 100s of kilometers long and accrue 1000s of meters of throw;
and (2) intra-rift faults, which are smaller than border faults (10s of kilometers long, with 10s
to 100s of meters of throw) and form in the central, inner depressions of rift basins. Faulting
in the Kenya Rift initiated ~25 Ma in the Turkana depression (Morley et al., 1992; Ebinger et
al., 2000). Since then, extension has gradually migrated southward along the Kenya Rift, with
rift basins forming in central Kenya (e.g., Naivasha-Nakuru basin at 10-15 Ma; Smith, 1994;
Spiegel et al., 2007; Acosta, 2015), and southern Kenya (e.g., the Magadi basin by 7 Ma;

Crossley, 1979).

The Magadi basin (Figs. 5.1C and 5.2) consists of pervasively faulted volcanic and
sedimentary sequences (23 Ma to present) overlying Mozambique basement rocks (Baker,
1958, 1963; Baker and Mitchell, 1976; Crossley, 1979; Nyamai et al., 2003). It is bounded to
the west by the ~7 Ma Nguruman border fault escarpment (Crossley, 1979; Birt et al., 1997;
Chapter 4). Numerous intra-rift faults are observed in the center of the basin dissecting <3 Ma
volcanics (Baker, 1958; Baker et al., 1976; Atmaoui and Hollnack, 2003). Recent analysis of
the distribution of fault strain within the Magadi basin (see Chapter 4) suggests that the locus
of faulting recently migrated away from the border fault and into the center of the basin,
within the intra-rift fault population. A number of transverse fault structures are observed
within this intra-rift fault system. They are thought to have formed during reactivation of
NNW-trending basement fabrics (Smith and Mosley, 1993; Le Turdu et al., 1999) (Fig. 5.1B

and C).
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Figure 5.2. A: Existing structural data from the Magadi Basin of the Kenya Rift. Fault traces were mapped from
0.5 m resolution aerial photography (refer to Chapter 4). Thick black lines represent the western border fault,
whereas thin black lines show the eastern boundary fault (Ngong-Turoka fault; Baker and Mitchell, 1976). Red
lines represent intra-rift fault traces. The orientations of the greatest (Sy) and least (S;) horizontal compressive
stress, based on data from Ibs-von Seht et al. (2001) and Atmaoui and Hollnack (2001), are illustrated with white
arrows. Fault planes (primarily dip-slip normal faults) from Ibs-von Seht et al. (2001) were interpreted from 33
focal mechanisms acquired from the 1998 seismic swarm in the center of the Magadi basin. The trace of the
Kordjya fault (dashed black line) is from Atmaoui and Hollnack (2003). This fault trace lines up with the
Lengitoto border fault segment and forms part of the Engorika-Magadi-Lembolos structural lineament (Fig.
5.1B). Lake Magadi is represented by the dark blue polygon. B: Inset of the East African Rift, showing the
distribution of major rift faults (black lines), and location of Magadi Basin shown in A. Lake Victoria
represented by the dark blue polygon.

Previous studies investigating the development and kinematics of transverse faults in

the Magadi basin focused on the Kordjya fault (Le Turdu et al., 1999; Atmaoui and Hollnack,
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2003) (Fig. 5.2). This fault bounds the western shore of Lake Magadi near the center of the
basin. Towards the NW and away from the center of the rift basin, the Kordjya fault cuts
obliquely across the dominant rift-parallel fault fabric and aligns along-strike with a
subsidiary segment of the Nguruman border fault (Lengitoto fault) at its northwestern end.
Previous studies (e.g., Smith and Mosley, 1993; Le Turdu et al., 1999) proposed that the
Kordjya fault follows a preexisting, basement shear zone (Aswa shear zone), that was
reactivated either before or synchronously with the dominant, rift-parallel fault pattern in
response to an ESE-WNW directed extension. Accordingly, earthquake focal mechanisms,
analyses of neo-tectonic joints (~10 ka to present), and the dominant NNE-trending intra-rift
fault pattern, all suggest that o3 is oriented ESE-WNW across the Magadi basin (Ibs-von Seht
et al., 2001; Atmaoui and Hollnack, 2003) (Fig. 5.2). The assertion has been that the Kordjya
fault, and similar NW-trending transverse faults in the Kenya Rift, formed as oblique-normal
faults with a dextral component of shear (Smith and Mosley, 1993; Le Turdu et al., 1999;
Atmaoui and Hollnack, 2003). In fact, ESE-WNW extension implies roughly equal amounts

of normal dip-slip and dextral strike-slip motion along the Kordjya fault.

Current hypotheses regarding the development of the Kordjya fault system are
conceptually sound from a fault-mechanical and rift evolution perspective (e.g., Rosendahl,
1987; Chorowicz, 1989; Kilembe and Rosendahl, 1992). However, the orientations of some
joint sets measured by Atmaoui and Hollnack (2003) deviated significantly from fractures
measured across the rest of the basin (Fig. 5.2). Specifically, a dominant NNW-trending
(transverse) joint set was recorded in the vicinity of the transverse Kordjya fault. This is
counter-intuitive given that joints theoretically form normal to 63 (Anderson, 1951; Pollard

and Aydin, 1988), which has been proposed to be oriented WNW-ESE across the basin (Ibs-



166

von Seht et al., 2001; Stamps et al., 2008). The Magadi basin is also in a “transitional phase”
in its development, where the locus of strain (i.e., magmatism and faulting) has recently
begun migrating from the rift borders to the rift center (see Chapter 4). Has the Kordjya fault
formed in response to this recent change in rift system dynamics? These considerations
motivate a revision of the mechanics of transverse faulting in the Magadi basin of the Kenya
Rift. Specifically, this study focuses on the timing of the Kordjya fault with respect to the
dominant rift-parallel fault fabric. We provide a revised kinematic model for this transverse
fault by considering the role of inherited basement weaknesses, magmatism, and magmatic
volatile release, and the effects of evolving rift basin architecture on the activation of

transverse faulting in the Magadi basin.

5.4 Field observations and remote-sensing analysis of the Kordjya fault system

5.4.1 Methods

Fault segment traces and throws were measured along the Kordjya fault from high-
resolution aerial photography (0.5 m/pixel) and Shuttle Radar Topography Mission (SRTM)
data (30 m horizontal resolution, 7.6 m vertical precision; Rodriguez et al., 2005). The strikes
of joints (lengths >5 m) were measured in the field in Late Pleistocene to Holocene sediments
and on faulted lavas within 50 m of fault scarps (Fig. 5.3A to C). Horizontal opening vectors
were measured between matching features (e.g., abrupt changes in strike) on opposing
margins of dilational joints (Fig. 5.3D). Fault planes and rakes were also measured on (rare)
striated fault-gouge sediments (Fig. 5.3E). Fault striations provided the sense of fault slip
(Delvaux et al., 1992; Ring, 1992; Ring et al., 2005). Horizontal opening vectors along joints

were used to infer the orientation of 63, however, where no opening vectors or other kinematic
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indicators (i.e., dilational jogs, tail cracks) were present, the extension direction (i.e., 63) was

inferred to be perpendicular to joint strike (Pollard and Aydin, 1988).

joints

; 40 cm

Figure 5.3. Photos of structural features mapped in the field. A: Tectonic joints near the footwall cutoff of the
Kordjya fault in Magadi trachyte lavas (photo location: 1°51°40.01”°S, 36°13°05.19”E). B: Rift-parallel joints
and deformation bands in Late Pleistocene sediments (photo location: 2°01°05.60”S, 36°13°56.33”E). C: NNW-
trending tectonic joints in the hanging wall of the Kordjya fault in Late Pleistocene sediments (photo location:
1°49°32.59”S, 36°12’10.94”E). D: Sediment-filled joint (photo location: 1°50°06.50”S, 36°12°06.12”E). Inset
shows the dilation vector based on piercing points between matching fracture walls. E: Striated fault surface of a
rift-parallel fault segment adjacent to the Kordjya fault, showing sinistral oblique-normal motion (rake = 70°N;
photo location: 1°51°10.66”S, 36°12°59.57”E). F: Kinematic indicators (dilational jog and tailcracks) on NNE-
trending joints near the Kordjya fault, revealing a component of sinistral shear (photo location: 1°49°32.92”S,
36°12°11.25”E).
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Figure 5.4. A: Fault polygon map of the Kordjya fault system, comprising numerous rift-parallel fault segments
aligned in a NNW-trending, en echelon pattern. East- and west-facing segments were mapped from an SRTM
hillshade, and polygon thicknesses represent heave components of the fault scarps (i.e., a proxy for throw
distribution, although also influenced by scarp degradation). Cumulative fault throws were measured along 25
~E-W transects, shown as purple dashed lines. Only the major segments, with heaves visible in the 30 m SRTM,
are included in this map. Dashed black polygon corresponds to the area demarcated in C. B: Fault throw
distribution along the Kordjya fault, showing an elliptical profile consistent with a geometrically coherent
system. Each throw value represents the cumulative throw measured along each transect in A. Numbers
correspond to numbered transects in A. Error bars are to 95% confidence. C: Annotated SRTM map of the
Magadi basin showing the location of the Kordjya fault system. The Nguruman border fault escarpment is
annotated as a bold black line.
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5.4.2 General structure

The Kordjya fault was previously mapped as a continuous NNW-trending fault (e.g.,
Atmaoui and Hollnack, 2003). However, this analysis indicates that the Kordjya fault consists
of a complex system of predominantly NNE-striking, rift-parallel fault segments that
collectively form a NNW-trending array of en echelon faults (Figs. 5.2 and 5.4). To test
whether these rift-parallel faults are kinematically coherent (Walsh and Watterson, 1988), the
distribution of fault throw was analyzed from cumulative throw data collected along 25 E-W
transects throughout the inferred system. As shown Figure 5.4A and B, the throws of faults
were summed where they intersect each transect line (purple dashed lines in Fig. 5.4A). This
approach reveals an elliptical throw profile typical of geometrically and kinematically
coherent fault segment arrangements (Walsh and Watterson, 1988; Dawers et al., 1993;

Cartwright et al., 1995; Nicol et al., 1996) (Fig. 5.4B).

In all, the Kordjya fault is made up of 32 segments that form a roughly 60-km-long
system. These segments merge into the main fault trace of the NNW-trending Kordjya fault
(dashed line in Fig. 5.2A and light red polygon in Fig. 5.5A), hereafter termed the main
Kordjya fault. Segments can be east- or west-facing (black and grey polygons, respectively, in
Figure 5.4A). Although fault segments are primarily rift-parallel, a few shorter (up to ~4 km-
long) NNW-striking segments are present along the main Kordjya fault, suggesting the
Kordjya fault may be starting to form a through-going structure that could potentially by-pass
the original en echelon, rift-parallel segments it currently exploits. Elevation profiles
perpendicular to the strike of the Kordjya fault reveal a topographic profile consistent with the
footwalls and hanging walls of normal faults observed from field and numerical modelling

studies (Ebinger et al., 1991; Bott, 1996; Grant and Kattenhorn, 2004). For example, as shown
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in Figure 5.5, the ground surface gently dips away from the Kordjya fault scarp on the
footwall side, whereas on the hanging wall side, the ground surface gently dips toward the
fault scarp. At the southwestern end of the main Kordjya fault, sets of fault-parallel springs
emanate from the base of the fault scarp, and feed water into perennial Lake Magadi on the

hanging wall side of the fault (Fig. 5.6; see also Chapter 4).
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Figure 5.5. A: Annotated SRTM map of the Magadi basin showing the location of the main Kordjya fault. The
black line marked X-X’ refers to the location of the elevation profile in B. B: Elevation profile perpendicular to
the main Kordjya fault (35x vertical exaggeration). The hanging wall and footwall of the fault are annotated
above. The elevation profile across the footwall, showing the topography gently dipping away from the fault, is
consistent with the footwall profile of a normal fault. Similarly, the elevation profile across the hanging wall,
where the topography gently dips towards the fault, is consistent with the hanging wall of normal a fault (e.g.,
Ebinger et al., 1991; Bott, 1996).

Throw profiles were analyzed along individual rift-parallel fault segments exhibiting
throws >25 m (n = 10) (Fig. 5.7). Although the entire Kordjya fault system collectively
exhibits an elliptical throw profile (Fig. 5.4B), throw profiles along the individual rift-parallel
fault segments that comprise the Kordjya fault are asymmetric (Fig. 5.7B). Maximum fault
throws occur near the intersection of these segments with the main Kordjya fault (yellow stars
in Fig. 5.7A). Here, the rift-parallel fault segments begin to interact and link with one another,

where they exhibit both hard- and soft-linked relay zones (Gibbs, 1984; Childs et al., 1996).
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Soft-linked segments show no physical links between one another, yet are kinematically
coherent (Walsh and Watterson, 1991) (Fig. 5.4). They exhibit relatively high throw gradients

after intersecting the main Kordjya fault — throw quickly decreases from the maximum

Figure 5.6. Distribution of springs along the Kordjya fault and Lake Magadi. Spring locations are based on
observations from this study and data from Baker (1963). A: Photo to the NNW of the Kordjya fault (location
annotated in C). The height of the fault scarp here is ~154 m. B: Photo to to NE of a spring at the base of the
Kordjya fault. Springs here flow ENE into Lake Magadi. C: Annotated SRTM image of the center of the Magadi
basin showing the distribution of springs (yellow pentagons) and lake waters (dark blue polygon). Most springs
occur along rift-parallel faults in the axial depression of the Magadi basin, however, sets of springs are also
observed along the transverse Kordja fault.

value to zero at fault tips (e.g., the northern ends of Segments 2 and 8 in Figure 5.7). Fault
throws for hard-linked segments, however, do not reduce to zero, as they exhibit identifiable

connections with adjacent segments across the main Kordjya fault (e.g., northern end of



172

Segment 1 in Figure 5.7). Some rift-parallel segments also interact with shorter NNW-
trending segments that appear to be developing a through-going, transverse fault trace. At rare
localities segments do not appear to interact directly with neighboring segments as they cross
the main Kordjya fault. For example, segment 10 of Figure 5.7 can be traced across the main
Kordjya fault into the hanging wall side. However, its maximum throw still occurs at its
intersection with the main Kordjya fault, which is typical of all rift-parallel segments forming
the entire fault sytem. These segment also exhibits a relatively sharp reduction in throw from
the location of maximum throw to the tip of the fault, producing the characteristic asymmetric

profile.

Many rift-parallel fault segments terminating near the main Kordjya fault exhibit
curved ends (in a counter-clockwise sense) reminiscent of tailcracks (Cruikshank et al., 1991;
Willemse et al., 1997; Marshall and Kattenhorn, 2005; Watkinson and Ward, 2006) (Fig. 5.8).
Curved ends are not present at fault tips occurring away from the main Kordjya fault (e.g.,
southern end of Segment 1, Fig. 5.7). Field and modeling studies show that fault tip
geometries can be used as kinematic indicators of the sense of slip, specifically to determine if
fault motion is characterized by a component of sinistral or dextral shear (Pollard and Aydin,
1988; Cruikshank et al., 1991; Kattenhorn, 2004). Left-curving (counter-clockwise rotation)
and right-curving (clockwise rotation) tailcracks indicate a component sinistral shear and
dextral shear, respectively. The ends of many rift-parallel faults intersecting the main Kordjya
fault exhibit left-curving geometries, which suggest a component of sinistral shear in addition

to the predominantly dip-slip motions expected along these oblique-normal faults (Fig. 5.8).
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Figure 5.7. Distribution of fault throw along rift-parallel segments that comprise the NNW-trending Kordjya
fault system. A: Map view of rift-parallel fault segments (see Fig. 5.4C for location). East- and west-dipping
segments were mapped from an SRTM hillshade, and line thickness corresponds to the fault scarp width (i.e.,
fault heave). Numbers correspond to fault throw profiles shown in B. The location of maximum fault throw for
each analyzed segment is shown as a yellow-filled star, and define a NNW-trending zone (light red rectangle)
that follows the trace of the main Kordjya fault (see Fig. 5.2A). B: Fault throw data collected along rift-parallel
fault segments. Numbers correspond to faults annotated in A. Throw (T) and length (L) data in each plot are
normalized by the maximum throw (T,,,,) and length (L,,.,) values, respectively, along each fault. Faults exhibit
asymmetric throw profiles with maximum throw values occurring along the trace of the main Kordjya fault.
Hard-linked faults exhibit non-zero throw values at fault tips.
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Figure 5.8. A: Annotated SRTM hillshade (lighting from the W) showing east-dipping rift-parallel faults
terminating at the main Kordjya fault (scale bar in the top right). N- to NNE-trending fault segments exhibit left-
curving tip zones indicative of a component of sinistral shear (red arrows). B: Location of A in the Magadi basin.

The ~60-km-long Kordjya fault has a maximum throw of 315.1 + 10.7 m and
displaces 0.95 to 1.37 Ma Magadi trachyte lavas (ages from Chapter 4). Assuming an optimal
fault dip of 60°, these fault throw and age data correspond to a minimum time-averaged slip
rate of 0.26-0.40 mm yr'l, consistent with slip rates (typically 0.1-4 mm yr'l) along major
normal faults in extensional systems elsewhere. Examples include the Wasatch, Lake Tahoe,
Campo Felice, Rangipo, and Paeroa faults of the Basin and Range (USA; Machette et al.,
1991; Zhang et al., 1999; Hetzel and Hampel, 2005; Kent et al., 2005), Taupo Rift (New

Zealand; Villamor and Berryman, 2001, 2006; Berryman et al., 2008; Downs et al., 2014), and
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Central Apennines (Italy; Galadini and Galli, 2000; Wilkinson et al., 2015). The throw-length
ratio of the Kordjya fault system (0.0053) is consistent with ratios produced by normal faults
dissecting rift lavas elsewhere (e.g., Iceland; Gudmundsson, 1992; Angelier et al., 1997), as

well as regional data from the Natron and Magadi basins, which exhibit a mean throw-length

ratio of 0.0059 for all measured faults (see Chapter 4).

5.4.2 Fault kinematic indicators from field observations

Systematic joint sets and rare deformation bands (~1 mm-wide) were analyzed along
and around the Kordjya fault system (Figs. 5.3 and 5.9). Occasionally, tectonic joints (<4-cm-
wide) are filled with very fine-grained sediment (Fig. 5.3D). Consistent with previous studies
on tectonic joints in the region (Atmaoui and Hollnack, 2003), two dominant joint sets and
two sets of horizontal opening vectors are observed (Fig. 5.9D). NNE-trending joints
(locations v-vii in Figure 5.9A) are observed away from the main Kordjya fault (light red
polygon in Figure 5.7), and are consistently present throughout the Magadi basin (Atmaoui
and Hollnack, 2003). These tectonic joints trend parallel to rift-parallel faults throughout the
Magadi basin (intra-rift faults in Fig. 5.2A) and exhibit a mean opening vector of 115°, which
is consistent with previous estimates of the regional extensional direction (105-115°) from
investigations of joints and focal plane mechanism (Ibs-von Seht et al., 2001; Atmaoui and
Hollnack, 2003) (Fig. 5.2). However, in the vicinity of the main Kordjya fault (light red
polygon in Figure 5.7), a second, NNW-trending joint set is present (locations i, iii, and iv in
Figure 5.9A). Rare N- to NNE-trending joints observed here exhibit dilational jogs and left-
curving tailcracks, consistent with a component of left-lateral shear (Fig. 5.3F). The NNW-
trending joints exhibit a mean opening vector of 079° (refer to location iii in Figure 5.9A),

which is normal to the mean joint orientation and the main Kordjya fault trace, but oblique to
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the regional extension direction. Measured fault surfaces on rift-parallel faults intersecting the
main Kordjya fault exhibit strikes and dips ranging 015-025° and 78-87°, respectively.
Striations on these surfaces exhibit rakes of 70°N, consistent with a sinistral component of
shear along NNE-trending rift-parallel faults in the vicinity of the Kordjya fault (Fig. 5.9).
Overall, joint and fault kinematic data (locations i-iv in Figure 5.9) support ENE-WSW
extension in the vicinity of the main Kordjya fault, which would likely produce dip-slip

motions on a NNW-trending fault structure.

Figure 5.9. A: Tectonic joint measurements around the Kordjya fault system. Sample locations (white circles)
are annotated on an SRTM map of the Kordjya fault. Red polygons represent scarps of the Kordjya fault
segments shown in Figs. 5.4 and 5.5. Rose plots show joint strikes at the seven locations. Bold black arrows
represent the inferred extension directions during original joint development, assumed to be normal to the mean
trend of the tectonic joint set. Purple arrows represent the mean dilation vectors at select locations. Also shown is
a lower hemisphere stereonet plot of fault plane orientations (great circles) and slip vectors (red arrows) along
the main Kordjya fault trace, with the bold black arrows indicating the inferred extension direction. Note the
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change in extension directions from ENE-WSW near the main Kordjya fault, to ESE-WNW south and east of the
fault. B: Annotated SRTM map of the Magadi basin showing the location of the map in A. Nguruman border
fault escarpment annotated as a bold black line. C: Rose plot of the strikes of all measured tectonic joints. Bold
black arrows represent the inferred, disparate extension directions, assumed to be normal to the dominant NNW-
trending and NNE-trending joint sets. D: Rose plot of all measured dilation vectors observed across joints. Bold
black arrows represent the inferred, disparate extension directions.

5.5 Discussion

5.5.1 Kinematics and timing of faulting in the Kordjya system

To create a conceptual kinematic model for the Kordjya fault system, it is important to
consider the mechanics of the rift-parallel fault segments (Fig. 5.10). Previous studies in the
Magadi area have suggested that NNE-striking rift-parallel faults across the Magadi basin
exhibit dip-slip kinematics, whereas NNW-trending transverse structures act as oblique-
normal faults with a component of dextral shear (Smith and Mosley, 1993; Le Turdu et al.,
1999; Atmaoui and Hollnack, 2003). These assertions are supported by focal mechanisms
recorded from earthquakes during the 1998 Magadi seismic swarm, which revealed ENE-
WSW extension along the rift center (Ibs-von Seht et al., 2001) (Fig. 5.2). Additionally, the
inferred regional extension direction from neo-tectonic joints and GPS modeling data suggest
that o3 is oriented perpendicular to the rift-parallel fault system (Atmaoui and Hollnack, 2003;
Calais et al., 2006; Stamps et al., 2008; Saria et al., 2014), which would result in dip-slip
normal faulting along these faults. Joint systems measured away from the main Kordjya fault
in this study (locations vi-vii, Fig. 5.9) also support this assertion. For example, analyzed joint
sets alongside rift-parallel fault segments south of the main Kordjya fault trace (location v-vii,
Fig. 5.9) exhibit a dominant N- to NE-trend, with ESE-WNW oriented dilation vectors.

Similarly, joints east of the main Kordjya fault trend NNE-SSW (Atmaoui and Hollnack,
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2003) (Fig. 5.9). This extension direction is expected to produce dip-slip kinematics on rift-

parallel faults, which is consistent with the kinematic data of Ibs-von Seht et al. (2001).

elevation
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:main Kordjya fault
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Figure 5.10. Conceptual illustration of the kinematics of rift-parallel faults in the Kordjya fault system, annotated
on a SRTM map (oblique-aerial view). The superposed idealized fault throw profile (see Fig. 5.5) shows the
maximum fault throw where the rift-parallel fault approaches the main Kordjya fault. The corresponding fault
scarp is shaded grey and outlined in black on the SRTM map. The orientations of the greatest (Sy) and least (Sy)
horizontal compressive stress are based on joint and fault-slip data in Fig. 5.7. South of the main Kordjya fault,
the least compressive stress is parallel to the ESE-WNW regional extension direction, but rotates in the vicinity
of the main Kordjya fault, resulting in ENE-WSW extension. Conceptual block diagrams show along-strike
changes in the sense of slip along rift-parallel faults based on inferred stress regimes and fault slip data collected
in the field. South of the main Kordjya fault, NNE-trending rift-parallel faults exhibit pure dip-slip motions (slip
vectors indicated by red arrows), whereas in the vicinity of the main Kordjya fault they exhibit oblique-slip with
a component of sinistral shear.

However, the present analysis of rift-parallel faults and joints alongside the main

Kordjya fault reveals a more complex kinematic model for some rift-parallel faults in the
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Magadi basin (Fig. 5.9). Fault tip zone geometries, slip vectors, and dilational jogs observed
on (rare) NNE-striking joints (Figs. 5.3, 5.8 and 5.9) are consistent with a component of left-
lateral shear along NNE-striking extensional structures near the main Kordjya fault. Joint sets
here dominantly trend NNW, rather than the NNE, and exhibit ENE-trending dilation vectors,
which suggests ENE-WSW extension in the vicinity of the main Kordjya fault. This extension
direction should theoretically result in a component left-lateral shear along the NNE-striking

rift-parallel fault segments (Fig. 5.10).

A change in the kinematic behavior of rift-parallel faults in the vicinity of the main
Kordjya fault is further supported by the asymmetric nature of analyzed fault throw profiles
(Figs. 5.7 and 5.10). Specifically, the maximum fault throws along these rift-parallel faults all
correspond to where they intersect the main Kordjya fault (light red polygon in Figure 5.7),
suggesting the Kordjya fault system has locally reactivated these rift-parallel structures. The
implication is that these rift-parallel faults formed prior to the development of the Kordjya
fault, in response to the regional ESE-WNW extension (Fig. 5.11). Once the rift-parallel fault
fabric was established in 0.95-1.37 Ma Magadi trachyte lavas (ages from Chapter 4), the
Kordjya fault system initiated, possibly from the reactivation of the NNW-trending Aswa
basement shear zone (Smith and Mosley, 1993; Smith, 1994; Le Turdu et al., 1999) (Fig.
5.11D and E). The reactivation of this basement fabric probably occurred in response to a
localized shift in the orientation 63 from ESE-WNW to ENE-WSW, which optimally oriented
NNW-trending basement fabrics with respect to this (local) stress field. The WSW-ENE
extension inferred from field data is expected to translate to dip-slip motion along a NNW-
trending structure at basement depths (Fig. 5.11E). The earlier formed rift-parallel structures

in the vicinity of the Kordjya fault were thus reactivated as oblique-normal faults with
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component of left-lateral shear in order to accommodate dip-slip motion along this NNW-
trending fault (Fig. 5.12). Fault-slip along these reactivated, rift-parallel faults occurs
preferentially within the vicinity of main Kordjya fault, thereby resulting in the observed

asymmetric fault throw profiles (Figs. 5.7 and 5.10)

Alternatively, the sinistral oblique motions inferred for the en echelon, rift-parallel
faults could result from bookshelf faulting (e.g., Sigmundsson et al., 1995) that
accommodates dextral shear along the deep-seated, transverse Kordjya fault. A component of
dextral shear along the NNW-trending transverse structure would result from E-W to ESE-
WNW extension in the vicinity of the Kordjya fault; however, this extension direction is not
consistent with kinematic data presented in this study (Fig. 5.9), nor in previous work
(Atmaoui and Hollnack, 2003; Fig. 5.2). Instead, the local orientation of 63 (WSW-ENE) and
topographic profiles across the footwall and hanging wall of the NNW-trending main Kordjya
fault are consistent with normal faulting (Figs. 5.5 and 5.9). Therefore, the most consistent
model is that of dip-slip faulting at basement depths resulting from a counterclockwise

rotation of o3 in the vicinity of the main Kordjya fault (Fig. 5.11E).

5.5.2 An alternative model for transverse faulting and the reactivation of preexisting

structures in the Kenya Rift

The revised kinematic model for the Kordjya fault system presented here (Figs. 5.11
and 5.12) contrasts with previous assertions of the timing and kinematics of transverse
faulting in the Kenya Rift. Many studies favor the reactivation of preexisting weaknesses
during the initiation of rifting (Verfelt and Rosendahl, 1989; Chorowicz, 1992; Chorowicz

and Sorlien, 1992; Modisi et al., 2000). In the Kenya Rift specifically, transverse faults are
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Figure 5.11. Simplified model of the timing of border, rift-parallel and transverse faulting in the Magadi basin.
A: Prior to rifting, the area dominantly comprised Mozambique basement rocks with NNW-striking shear fabrics
of the Aswa sear zone (Smith and Mosley, 1993). B: Faulting along the Enguruman border fault initiated at ~7
Ma (Crossley, 1979). Segmentation along the border fault, and subsequent development of the Lengitoto
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segment, was controlled by NNW-striking, preexisting weaknesses in Mozambique rocks. Specifically, the
Lengitoto fault segment localized along the Engorika-Magadi-Lembolos structural lineament (shown in A). C:
Following the development of the Nguruman border fault, the Magadi basin went through a phase of basin-
filling volcanism and intra-rift faulting. The rift-parallel fault segments comprising the Kordjya fault today
formed after the emplacement of Magadi trachyte lavas in the Mid- to Late Pleistocene. D: Initiation of the
transverse Kordjya fault. A series of en echelon arranged rift-parallel faults were reactivated as oblique-normal
faults, to produce a kinematically coherent, NNW-trending fault system. The Kordjya fault aligns with Lengitoto
segment of the border fault and sits along the Engorika-Magadi-Lembolos lineament, suggesting the Kordjya
fault may in part relate to the reactivation of a long-lived, influential basement fabric. E: Inferred geometry of
the Kordjya fault below syn-rift volcanics of the Magadi basin. The structure forms a through-going, NNW-
trending, normal fault at depth, which represents the SW extension of the Lengitoto border fault segment. The
local orientation of o3 (bold black arrows) is inferred from field data in this study, which would result in dip-slip
normal fault motions along a NNW-trending structure at basement depths.

A Magadi trachyte (surface)
z — reactivated rift-parallel
fault segments Q
e G N
i
main Kordjya fault
rift-parallel faults -
B Mozambique basement (>3.5 km depth)
S =~ - N —

— ~—

N iy

W< =

deep-seated transverse fault—~

— \_/_\_/\—’
preexisting weaknesses

Figure 5.12. Conceptual model of the kinematics of the Kordjya fault system in the near-surface (A) and at
basement depths (B). A: Map view illustration of fault mechanics of the Kordjya fault within Magadi trachyte
lavas in the near-surface. Rift-parallel faults (gray polygons) trending oblique to the trace of the main Kordjya
fault (dashed gray line) are reactivated (light brown fault segments) with a component of sinistral shear in order
to accommodate dip-slip motion along a NNW-trending normal fault at basement depths (B). D and U
correspond to the down-thrown hanging wall and up-thrown footwall, respectively, of the basement fault. B:
Within the Proterozoic basement, the Kordjya fault is interpreted in this study to behave as a pure dip-slip
normal fault through the reactivation of a NNW-trending, transverse, preexisting weaknesses of the Aswa shear
zone, represented by Engorika-Magadi-Lembolos structural lineament of Smith and Mosley (1993). The depth of
basement (>3.5 km) is based on the thickness of rift-basin sediments and volcanics from Birt et al. (1997).
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thought to reactivate NNW-trending basement weaknesses (Mosley, 1993), and fail with a
component of dextral shear in order to accommodate regional ESE-WNW extension (Smith
and Mosley, 1993; Le Turdu et al., 1999; Atmaoui and Hollnack, 2003). Over the course of
rift evolution, transverse faults in the EAR should theoretically be abandoned as more
favorably oriented rift-parallel faults develop and the lithosphere weakens via heating and

stretching (Chorowicz and Sorlien, 1992; Ebinger, 2005; Corti, 2008; Agostini et al., 2009).

By contrast, the reactivation of NNE-trending structures by the Kordjya fault system
suggests that these rift-parallel faults, which formed in response to regional ESE-WNW
extension, developed prior to the activation of the present day NNW-trending transverse fault
(Fig. 5.11C). Field kinematic data favor dip-slip fault kinematics on the Kordjya fault, rather
than the previously predicted oblique-slip behavior (Le Turdu et al., 1999). Conversely, rift-
parallel faults ultimately developed sinistral oblique-normal slip kinematics, rather than dip-
slip, in order to accommodate localized ENE-WSW extension across the Kordjya fault system

(Fig. 5.12).

The revised kinematic model supports the assertions of recent studies that many
transverse faults across the EAR exhibit dip-slip kinematics (e.g., Modisi et al., 2000;
Delvaux and Barth, 2010; Morley, 2010). These studies inferred fault kinematics from focal
plane mechanism and aeromagnetic data of displaced subsurface features (dikes), revealing
dip-slip normal fault motions along major transverse structures. The reactivation of
preexisting structures under these models results from local rotations of 63 away from the

regional stress state.
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Reactivation of pre-existing weaknesses during rift evolution in the Magadi basin

Given the abundance of rift-parallel faults in the Magadi basin that prevailed during
early rift evolution (i.e., since ~7 Ma) the recent tendency for dip-slip activity along
transverse features like the Kordjya fault suggests a change in rift driving forces. Specifically,
the development of the Kordjya fault relates to evolving magma systems and rift basin
tectonic architecture, including the interaction between first-order rift basin segments and
inherited crustal weaknesses, as well as the temporally changing partitioning of fault strain

within the rift basin.

The tectonic-magmatic development of the Magadi basin over the last 7 million years
is comparable to existing conceptual models for basin evolution in the Eastern rift (e.g.,
Hayward and Ebinger, 1996; Ebinger and Casey, 2001; Corti, 2009; see Fig. 4.2, Chapter 4).
These studies suggest that strain is initially accommodated along rift border faults before
migrating toward the rift center, where regional extension is accommodated by magmatism
and intra-rift faulting. Similarly, the initial stages of rifting in Magadi (~7-5 Ma) were
characterized by faulting and volcanism along the rift borders (Fig. 5.13A). Faulting initiated
on the Nguruman border fault escarpment at ~7 Ma, ultimately developing into a 1.6 km high
escarpment and creating an asymmetric basin with a westward-dipping flexure. Border fault
development was accompanied by the eruption of Lengitoto trachyte lavas (6.9-5.0 Ma) along
the western rift edge (Crossley, 1979). Rift volcanism initiated on the eastern border of
Magadi at ~6.7 Ma (Fig. 5.13A) with the eruption of Ol Eyaseti volcanics (Baker et al., 1971;

Baker and Mitchell, 1976).
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From 5 Ma onwards, volcanic activity was distributed across both the rift borders and
the central rift axis (Fig. 5.13B), including the Ngong (2.5-2.6 Ma) composite volcano and
related volcanics (Baker and Mitchell, 1976; Saggerson, 1991), as well as widespread lava
eruptions of the Kirikiti and Limiru trachytes (5.1-2.5 and 2.05 Ma, respectively) (Baker et
al., 1971; Crossley, 1979; see also Chapter 4). The Ngong-Turoka fault escarpment, which
bounds the eastern side of the basin, also developed during this period (2.3-3.3 Ma) (Baker

and Mitchell, 1976).

Since ~2 Ma, however, volcanism and faulting in the Magadi basin became
increasingly focused into the rift center (Fig. 5.13C). This transition was accompanied by
emplacement of magmas below the central rift axis (inferred from gravity and seismic
tomography data; Baker and Wohlenberg, 1971; Birt et al., 1997; Ibs-von Seht et al., 2001),
eruption of voluminous rift lavas (e.g., 295 km’® Magadi trachyte lavas; Guth, 2015), and
release magmatic volatiles along fault systems in the rift center (e.g., >1 Mt yr’' of magmatic
COg; Chapters 3 and 4). Together, these observations support a magmatic- and fluid-driven
model of strain localization into the central rift axis (i.e., Ebinger and Casey, 2001; Keir et al.,
2006; Beutel et al., 2010), with some intra-rift faulting also resulting from extensional stresses
in a flexing border fault hanging wall (see Chapter 4). The focusing of strain into the intra-rift
fault system has resulted in basin subsidence along the central axis of the valley floor, creating
the topographically lowest point within the rift valley (Fig. 5.13C), and forming a catchment
basin for axial Lake Magadi since the Late Pleistocene (Behr and Rohricht, 2000; see also

Fig. 4.12, Chapter 4).
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Figure 5.13. (previous page). Conceptual model of the tectonic-magmatic evolution of the Magadi basin and the
development of the transverse Kordjya fault. In parts A-C, the top panel shows the distribution of fault strain
(idealized graphs) based on existing models of basin evolution in the Eastern rift (e.g., Ebinger, 2005) and fault
system analyses from Chapter 4, the middle panel shows the corresponding conceptual rift basin tectonic
architecture (areas of high fault strain highlighted light red), and the bottom panel shows the (idealized)
distribution of volcanic activity. A: During the earliest stages of rifting (first 2 million years), upper crustal strain
is focused on the western border of the basin, and volcanism occurs on the eastern and western boundaries (lavas
shown in purple and brown). B: 2-5 million years after rift initiation. Strain is primarily accommodated along the
rift borders; however, a system of intra-rift faults begins to develop. Volcanism occurs along both the rift borders
and the central rift axis. C: In the past few million years of rifting, fault strain became focused into the center of
the Magadi basin below Lake Magadi. The transverse Kordjya fault developed in response to the changing rift
basin architecture and kinematically links the center of the basin with older locus of strain along the rift border.

The migration of strain toward the rift center seen in the Magadi basin represents a
fundamental change in along-axis segmentation within this section of rift. Developing rift
segments in East Africa typically grow and link through along-axis propagation and
subsequent interaction of fault and magmatic systems (e.g., Ebinger, 1989; San’kov et al.,
2000, 2009; Densmore et al., 2007; Beutel et al., 2010; Allken et al., 2012; Wauthier et al.,
2015; see also Chapter 2). Transverse fault zones that create physical and mechanical linkages
between rift segments may subsequently develop, re-adjust, or become abandoned in response
to rift propagation and evolution (e.g., Chorowicz, 1989; Ebinger, 1989; Morley et al., 1990;
Modisi et al., 2000; Densmore et al., 2007; Koehn et al., 2010; Ebinger and Scholz, 2012).
Consequently, new transverse faults can potentially reactivate preexisting fabrics during later
stages of rifting as first-order rift segments develop and interact. Under this model, the
reactivation of non-optimally-oriented, preexisting basement weaknesses may post-date the
development of rift-parallel faults, with transverse structures forming at later stages of rift
evolution (e.g., the transfer zones between intra-rift fault segments of Corti (2008) and
Agostini et al. (2009)). Depending on how 63 reorients within interaction zones between
newly developing rift segments (Pollard and Aydin, 1984; see also Chapter 2), these

transverse faults may also exhibit dip-slip kinematics (e.g., Koehn et al., 2010; Morley, 2010),
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rather than forming as the oblique-slip structures predicted during the reactivation of
basement fabrics during rift initiation (e.g., Kilembe and Rosendahl, 1992; Ring, 1992; Smith

and Mosley, 1993; Le Turdu et al., 1999).

Consistent with the studies described above, a number of lines of evidence suggest
that the activation of the Kordjya fault occurred as a response to evolving rift segmentation in
the Magadi basin (Fig. 5.13). Firstly, the Kordjya fault system post-dates the formation of the
rift-parallel faults in the rift center, which have accommodated a significant proportion of
regional tectonic strain (67-80%) within the last ~1 million years (see Chapter 4). The
Kordjya fault therefore initiated immediately after, or possibly with, the establishment of this
new centralized region of magma- and fault-related strain accommodation within the central
rift axis (Fig. 5.13C). Secondly, the SW section of the main Kordjya fault merges into the
axial depression (i.e., Lake Magadi) of the Magadi basin. To the NW, the fault cuts across the
dominant rift-parallel structural fabric, and can be traced into the Lengitoto segment of the
border fault (Atmaoui and Hollnack, 2003; Fig. 5.2). This border fault segment shares the
same orientation as the Kordjya fault and likely exploits the same NNW-striking basement
weaknesses (Figs. 5.2A and 5.11E). The Kordjya fault is therefore inferred to connect the
developing locus of strain in the rift center, with the previous locus of strain along the rift
border. Thirdly, the development of the Kordjya system is in part related to a counter-
clockwise rotation of the least compressive stress direction locally within the basin. The
described counter-clockwise rotation of o3 is consistent with a mechanical interaction between
offset, left-stepping rift basin segments, as has been inferred for NNW-trending transverse
faults and volcanic cone lineaments between the left-stepping Pangani and Natron basins

further south (Tanzania) (see Fig. 2.16, Chapter 2).
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These observations show that transverse faults exploiting preexisting weaknesses, like
the Kordjya fault, may initiate at later stages of rift basin evolution and act as a critical
kinematic linkages between developing centers of magmatic and tectonic strain. Although
additional NNW-trending transverse faults are present in the Magadi (Fig. 5.1C), the Kordjya
fault is unique in that it has accumulated a large amount of throw (>300 m) and has observed
links with the Lengitoto border fault segment. These observations suggests that (1) this
structure has become a dominant transverse feature within the Magadi basin, and (2) slip
along the Kordjya fault has become the preferred mode of strain transfer from the rift border
to the rift center. The preference for fault slip along the Kordjya fault, rather than other
transverse features, may in part relate to the presence of an influential basement weakness
and, potentially, magmatic volatile release in this part of rift. In support of the former, the
Kordjya fault has localized along the same NNW-trending, transverse structural zone as the
Lengitoto border fault segment. Both these faults line up along the NNW-striking Engorika-
Magadi-Lembolos lineament of Smith and Mosley (1993) (Fig. 5.1B), which is a transverse
structural fabric that has developed within the Aswa shear zone (Fig. 5.1A). During the initial
stages of rifting in Magadi, which were characterized by border fault development, this
basement weakness also acted as a locus of strain transfer, accommodating a left-step in the
rift bounding fault system (i.e., Smith and Mosley, 1993) (Fig. 5.11B). Observations
presented here suggest that this basement weakness continues to play a role in strain transfer
in the present day. The Kordjya fault represents an extension of the original Lengitoto fault
segment, thereby connecting the newly developed locus strain in the rift center with the older
locus of strain along the rift border. By transferring strain to the rift center, the Kordjya fault

acts to cut off the Nguruman fault south of the Lengitoto segment (Fig. 5.13C).
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The preference for fault slip along the transverse Kordjya fault may have been further
assisted by the rise of magmatic fluids within the rift center. Although spring systems situated
near Lake Magadi typically rise to the surface along rift-parallel faults, they also emanate
from the Kordjya fault along a ~10 km stretch at the southwestern end of the structure (Fig.
5.6). Spring geochemistry, carbon isotope analyses, and diffuse soil CO, flux data (Chapters 3
and 4) also support the rise of significant volumes of magmatic volatiles along the NNW-
striking Kordjya fault. Fluid infiltration is shown to weaken faults from hydration mineral
reactions (Moore and Rymer, 2007) and enhanced pore-fluid pressures (Sibson, 2000), and
thus magmatic volatile release could feasibly have assisted in the development of the

transverse Kordjya fault in this part of the rift.

Although this study is unable quantify the extent to which faulting along the Kordjya
fault has been assisted by fault-fluid interactions, the idea is consistent with transfer zones in
continental rifts elsewhere. For example, transfer faults in the Taupo Rift (New Zealand)
produce zones of increased vertical permeability where they intersect rift-parallel faults
(Rowland and Simmons, 2012). Factors like this contribute to higher bulk permeabilities in
transfer zones compared to rift segments, resulting in enhanced hydrothermal fluid flow
(Rowland and Sibson, 2004; Wilson and Rowland, 2016). These zones are prone to fluid-
assisted failure, with fault weakening driven by changes in pore-fluid pressure (Rowland and
Simmons, 2012). It is therefore possible that the release of magmatic fluids along the Kordjya
fault system—in addition to the effects of inherited basement weaknesses—assisted faulting

along this part of the Magadi basin, promoting development of a major transfer fault structure.
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5.6 Conclusions

This study provides a revised field and remote-sensing analysis of the mechanics of
faulting along the transverse Kordjya fault of the Magadi basin. Results demonstrate that the
NNW-trending, transverse Kordjya fault is a complex system of NNE-striking, left-stepping,
en echelon rift-parallel faults. The structure developed by reactivating rift-parallel faults as
oblique-normal faults with a component of sinistral shear. These kinematically coherent
oblique-normal faults collectively accommodate dip-slip motion along a reactivated,

underlying, NNW-trending basement structure likely related to the Aswa shear zone.

Field analysis of tectonic joint sets and fault slip vectors also show that the least
compressive stress in the vicinity of the Kordjya fault rotated to an ENE-WSW direction, in
contrast to the ESE-WNW regional extension direction throughout the basin. The tendency
for predominantly dip-slip fault activity along transverse features suggests a recent change in
rift driving forces in the Magadi basin. These changes are likely the result of an interplay
among magma-assisted strain localization at the rift center, inherited crustal fabrics, and a
localized counter-clockwise rotation of o3 related to interacting segments of the southern
Kenya Rift. Since the Mid- to Late Pleistocene, the Kordjya fault has become a dominant
transverse feature within the rift basin, and represents a southwestern extension of the original
Lengitoto border fault segment. This fault currently acts as a critical kinematic linkage
between the newly developed locus strain in the rift center and the older locus of strain along
the rift border. The preference for fault slip along the Kordjya fault, rather than other
transverse structures, may in part relate to the presence of an influential basement weakness
and, potentially, magmatic fluid weakening. By transferring strain to the rift center, the

Kordjya fault acts to cut off the Nguruman border fault south of the Lengitoto segment.
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Results from this study have implications for the timing and kinematics of fault
systems that exploit preexisting basement weaknesses in the EAR. Specifically, field

observations and data from this study lead to the following broad conclusions:

1) The reactivation of preexisting weaknesses and subsequent formation of transverse faults

can postdate the development of widespread rift-parallel fault systems within rift basins.

2) Transverse faults throughout the EAR may exhibit predominantly dip-slip kinematics due

to local rotations of 3.

3) During rift development, preexisting transverse structures can be reactivated in response to

evolving magmatic systems and basin tectonic architecture.

It follows that recently activated transverse faults observed throughout the EAR may not only
reveal the effects of inherited basement weaknesses on fault system dynamics, but also
provide important clues regarding developing magmatic and tectonic stain fields as

continental rift basins evolve.
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CHAPTER 6: THE ROLE OF SILLS IN FEEDING FLOOD BASALT ERUPTIONS

Chapter based on: Muirhead, J. D., Airoldi, G., White, J.D.L., Rowland, J.V., 2014, Cracking
the lid: Sill-fed dikes are the likely feeders of flood basalt eruptions: Earth and Planetary

Science Letters, v. 406, p. 187-197, doi:10.1016/j.eps1.2014.08.036.

6.1 Abstract

Although subparallel swarms of dikes are thought to be the primary feeders to
voluminous volcanic eruptions, increasing recognition of volumetrically significant sill
complexes suggests that they too play an important role in magma ascent through the shallow
crust. However, the extent to which sills and interconnected, sill-fed dikes actually transport
magma to the earth’s surface in many large igneous provinces (LIP) is presently unclear. By
analyzing field relationships and dimensions of intrusions of the Ferrar LIP in South Victoria
Land, Antarctica, I show that sill-fed dikes were the likely feeders for voluminous flood basalt
eruptions. These intrusions are small but numerous, with cumulative dimensions equivalent to
a feeder network 308,000 km long and 1.8 m wide. Due to the tremendous aerial extent of this
intrusive network, each individual dike-feeder segment would only be required to actively
feed magma for 2 to 3 days on average to erupt the 70,000 km? of flood lavas represented by
the Kirkpatrick basalts. The Ferrar intrusions form a broadly-distributed array of small,
moderately dipping dikes (<2 km long, 1.8 m wide, 56° mean dip) exhibiting almost any
orientation. This sill-fed dike network contrasts with dike swarms conventionally depicted to
feed flood basalt provinces, and has the appearance of a variably “cracked lid” atop a sill

complex. The cracked lid model may apply to a range of shallow feeder systems (<4 km
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depth) intruding sedimentary basins, where the effects of far-field tectonic stresses are
negligible and sill intrusions exert the dominant control on dike orientations. This study
demonstrates that sill inflation, and resulting deformation of surrounding host rock, plays a
critical role in the ascent of magma in shallow volcanic systems that span the full spectrum of

eruptive volumes.

6.2 Introduction

Dike intrusion is conventionally considered the dominant process by which magma
ascends through cold lithosphere to feed eruptions at the surface (Anderson, 1951; Lister and
Kerr, 1991; Rubin, 1995). In particular, giant dike swarms (20-40 m wide, 100s-1000s of km
long) are often invoked as the primary feeders to flood basalt eruptions (Ernst et al., 1995;
Self et al., 1997; Coffin et al., 2006; Ray et al., 2007; Bryan and Ernst, 2008; Hooper et al.,
2010). This key role of regionally extensive, collinear swarms of dikes has been further
supported by thermo-mechanical modeling of large-scale intrusions (Fialko and Rubin, 1999)
and geochemical links between dike swarms and overlying flood basalt lavas (Hanghgj et al.,

2003).

Recent field observations, however, point to limitations in this model. Although most
observations of giant dikes occur in Precambrian shields, where they are inferred to have
intruded at paleodepths of 6-15 km (e.g. Proterozoic dikes of the Canadian shield: Ernst et al.,
1995), sills are volumetrically dominant at shallower paleodepths (<4 km) in many flood
basalt provinces. Examples include the 250 Ma Siberian Traps (Hawkesworth et al., 1995),
1.1 Ga Mid-Continental Rift, Canada (Hollings et al., 2010), and 183 Ma western Karoo

igneous province, South Africa (Marsh et al., 1997; Chevallier and Woodford, 1999; Hastie et
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al., 2014). Seismic reflection studies by Cartwright and Hansen (2006) have also revealed
interconnected sills over vertical distances of 8-12 km in the Mgre and Vgring Basins,
offshore Norway. These results imply that sill complexes may play a more important role in

shallow magma ascent than generally considered.

However, the extent to which sills and sill-fed dikes are able to feed voluminous lava
eruptions at the Earth’s surface remains unclear (Larsen and Marcussen, 1992; Hald and
Tegner, 2000; Cartwright and Hansen, 2006). For many LIPs, the sub-vertical conduits
(dikes) connecting flood lavas to underlying sills have not been recognized (e.g., the 1270 Ma
Mackenzie and 723 Ma Franklin LIPs: Ernst and Baragar, 1992; Bedard et al., 2012). This
owes in part to a lack of preservation at relevant stratigraphic levels. Consequently, the
processes controlling the upward transport of magma and the geometric relationships between
sills, dikes and lavas are poorly constrained for many sill-dominated LIPs. For example, the
250 Ma Siberian LIP comprises a shallow (<5 km paleodepth) intrusive system dominated by
sills (Czamanske et al., 1995; Arndt et al., 1998; Li et al., 2009). Although the intrusive and
extrusive components of the system are geochemically linked (Fedorenko and Czamanske,
1997), little has been published about their physical connections. Geochemical studies
demonstrate that sills formed the lateral component of the conduit system for the Siberian
traps lavas (Naldrett et al., 1995). However, questions remain regarding: (1) the geometrical
relationships between sills, dikes and lavas, (2) the processes driving the formation of dikes,
and (3) the eruption feeding capacity of the sill-fed dike network that possibly fed the Siberian

lavas.

Additional challenges in studies of sill-fed dike networks arise from the limitations of

seismic reflection methods, which are key tools for visualizing the 3-D geometry of sill



196

complexes in LIPs (e.g., Malthe-Sgrensson et al., 2004; Thomson and Hutton, 2004; Hansen
and Cartwright, 2006a; Schofield et al., 2012a; Magee et al., 2013a). For example, seismic
reflection cannot discern thin (<10 m), sub-vertical structures such as dikes, which may be
instrumental for transporting magma between sills and the Earth’s surface in these systems.
Despite these limitations, seismic reflection surveys have successfully detected volcanic
constructs a few hundred meters above the lateral terminations of sills in the Ceduna basin,
offshore Australia (Magee et al., 2013a), and the Faeroe-Shetland basin, offshore UK (Davies
et al., 2002). Geophysical studies such as these support the role of sills and sill-fed dikes in
feeding eruptions, with the Ceduna examples having relatively small eruptive volumes

(typically <10 km®: Magee et al., 2013a).

This study takes a novel approach to investigate the eruption-feeding capacity of sill
complexes using observations from shallow (<4 km paleodepth), sill-fed intrusions of the 183
Ma Ferrar LIP, Antarctica (Encarnacion et al., 1996). Previous models did not consider the
role these intrusions played in feeding the overlying flood lavas (Elliot and Fleming, 2004). It
is instead inferred that >100 m-thick megadikes or subparallel dike swarms transported
magma upward through the shallow crust to eruption. However, to date, neither have been
discovered (Elliot and Fleming, 2004, 2008). To re-examine the necessity of such regionally-
extensive, subparallel dike swarms, this study addresses the following question: might the
observed network of sill-fed dikes be responsible for bringing magma to the surface from

shallow depths?
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6.3 Review of intrusion dynamics of the Ferrar LIP

The Ferrar LIP is exposed for 3,500 km along the Transantarctic Mountains (Elliot
and Fleming, 2004). Post-Ferrar uplift has produced a series of tilted fault blocks, and
exhumation of the Ferrar intrusions with relatively little deformation (Gleadow and
Fitzgerald, 1987; Marsh, 2004). Volume estimates of the Ferrar LIP yield ~300,000 km? of
magma (Ross et al., 2005), with dikes comprising <1% (Fig. 6.1). The greatest proportion of
magma was emplaced as sills (170,000 km?® ), while the Dufek layered mafic intrusion and
Kirkpatrick flood basalts represent approximately 60,000 km?® and 70,000 km® of magma,

respectively (Ross et al., 2005, and references therein).

DIKES PYROCLASTIC ROCKS

<l

FLOOD SILLS
BASALTS

Figure 6.1. Pie chart illustrating the relative volumes of the various components of the Ferrar LIP. Volume
estimates from Ross et al. (2005). The inferred volume of dikes is calculated from this study.
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Figure 6.2. DEM image of areas of South Victoria Land examined in this study. Areas of persistent ice cover are
annotated white. Dikes were only examined at locations where Beacon Supergroup and/or Mawson Formation
rocks are present. Rose diagrams are of dike strikes. Only areas where >20 dikes were measured are presented
here, and include Allan Hills (A), Coombs Hills (B), Head Mountains (C), Olympus range (D), Asgard Range
(E), Fenrir Valley (F), Beacon Heights (G), and Terra Cotta Mountain-Mt Kuipers (H). Inset (top right) shows
the location of the study area in Antarctica. TAM = Transantarctic Mountains.
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South Victoria Land, Antarctica, provides superb exposures of the shallow (<4 km
paleodepth) plumbing system of the Ferrar LIP (see Muirhead et al. (2012) for a detailed
review) (Figs. 6.2 and 6.3). Up to 2000 m-high vertical exposures of interconnected dikes and
sills are present over a ~10,000 km> area, and some sills can be traced laterally >50 km along
their lengths (Marsh and Zeig, 1997; Marsh, 2004). Key areas along the Transantarctic
Mountains (i.e., North Victoria Land and Central Transantarctic Mountains) exhibit similar
intrusive networks, suggesting that the Ferrar LIP forms an interconnected sill network within
the Beacon Supergroup along its entire length (Elliot and Fleming, 2004: Leat, 2008;
Muirhead et al., 2012). In South Victoria Land, Ferrar dike intrusions are hosted by a ~2.5
km-thick sequence of sedimentary rocks (Beacon Supergroup) and volcaniclastics (Mawson
Formation), and are rarely observed dissecting the underlying basement granitoids (Table
6.1). The Beacon Supergroup dips shallowly, 1-2° to the west (Gleadow and Fitzgerald,
1987), although significant local variations exist where strata have been buckled and tilted
from the forceful intrusion of Ferrar sills (Grapes et al., 1974; Korsch, 1984; Pyne, 1984;
Airoldi et al., 2011). While no regionally distributed, sub-parallel dike swarms are known
(Elliot and Fleming, 2004, 2008), swarms of moderately dipping, sill-fed dikes extend from
sills at a number of locations, including Coombs Hills, Mt Gran, Terra Cotta Mountain, Allan
Hills, and Pearse Valley (Elliot and Fleming, 2004; 2008; White et al., 2009; Muirhead et al.,

2012: Figs. 6.3 and 6.4).

Early work on intrusion mechanics of the Ferrar LIP highlighted the governing role of
sills (Grapes et al., 1974; Korsch, 1984; Pyne, 1984). A later study by Wilson (1993),
however, suggested that dike orientations in South Victoria Land were controlled by a far-

field transtensional environment. Recent work has tested both models by combining structural
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analyses (White et al., 2009; Airoldi et al., 2011; Muirhead et al., 2012) and anisotropy of
magnetic susceptibility (AMS) analysis of magma flow directions (Guegan, 2006; Airoldi et
al., 2012). These studies point to a sill-driven model for Ferrar dike emplacement, and suggest
that evidence for a far-field extensional, or trans-tensional, tectonic regime during Ferrar

emplacement is lacking.

Table 6.1. Simplified stratigraphy of South Victoria Land, Antarctica. Table modified from McClintock (2001)
and Airoldi et al. (2011).

Stratigraphic Unit Description Max. Thickness
. Kirkpatrick Basalt Basalt lava flows and pillow-palagonite breccias, with intercalated Mawson Formation 380
o 3 and Beacon Supergroup deposits
2 3
E § Ferrar Dolerite Tholetitic sills, dikes and localized sheet swarms
= = BRI
(o) .
i 1 Mawson Formation Heterolithic, poorly - to unbedded basaltic tuff-breccia and lapilli-tuff, minor bedded 400+
J— fr“,‘—/ lapilli-tuff and tuff. Widespread peperite, hyaloclastite and swirly dikes
£
& | Lashly Formation Arkosic and volcaniclastic sandstone, greenish grey and grey siltstone. Roots and stems 520+
e are common in the lower part
=]
g
2 Feather Conglomerate Quartz pebble conglomerate, quartzose and arkose sandstone, siltstone and grit 220
g E
E a2 4 . . 4
L D Weller Coal Measures Quartzose and minor arkosic sandstone and minor carbonaceous siltstone. Pebbles and 250
S boulders appear scattered and in lenses. Coal, logs and stems in the upper part
QO
=4 Meschel Tillite Tillite, conglomerate, sandstone and siltstone. Locally stump-folded 70
m
—_—n —
R e
Zz -~ | Aztec Siltstone Siltstone and sandstone. Fish fossils, plant roots, mudcracks and ripplemarks are common 220
o
%:) Beacon Heights Orthoquartzite Indurated quartz and arenites with occasional quartz grit lenses. Rare lycopod stems 340
- i
s Mg . . .
'g m § ©779 Arena Sandstone Quartz arenites and siltstone, ferruginous layers, burrows and trails 360
> O [Ess
3 s
a _i -~ | Altar Mountain Formation Sandstone, siltstone and subarkose. Burrows and trails 240
<
E =
New Mountain Sandstone Quartzose sandstone with minor siltstone, breccia, conglomerate and fossils 270
Terra Cotta Siltstone Siltstone with interbedded sandstone layers 60
B Windy Gully Sandstone Pebbly quartzose sandstone 50
) F o+ o+
58 2 [N\
52 2 |& A :+ Granite Harbour Intrusives Undifferentiated granitoids
E5 g [ X«
s B I NAY . . .
oo S Ns"A| Skelton Group Upper amphibolite facies metasediments
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X rafts of Beacon

Figure 6.3. Photos illustrating the shallow (<4 km paleodepth) plumbing system of the Ferrar LIP in South
Victoria Land. A: Dikes at Terra Cotta Mountain ascend the stratigraphy and connect to an overlying sill. B:
Exposure of a thick sill at Coombs Hills with country rock rafts near the upper contact. C: Exposures of
extensive sills and dike swarms near Taylor Glacier. D: Sills intruding Beacon Supergroup rocks in the Beacon
Heights region.
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Figure 6.4. A: Stepped dike-sill geometry at Allan Hills. B: Moderately inclined dikes on the northern slopes of
Terra Cotta Mountain. Contour plot of poles to dike planes from Muirhead et al. (2012). C: Schematic of cross-
cutting dikes highlighted in B. Half arrows indicate the inferred sense of shear given the offset accrued on the
early intruded dike (dark grey). D: Simplified kinematic model after Muirhead et al. (2012) for stepped dike-sill
intrusions. Opening normal to both the sill and dike results in a dilation vector (double sided arrow) oblique to
both the dike and sill plane, and a component of reverse shear along the dike plane (half arrows). Bold white
arrows show the inferred local orientations the least (63) and greatest (c,) compressive stresses. E: Photo of
intrusions seen from Pearse Valley. Moderately inclined dikes extend from a sill periphery into an overlying sill.
Inset illustrates dike kinematics inferred from cross-cutting relationships between dikes. F: Folded strata at the
lateral termination of a sill segment. G: Mineral striations on a dike selvage at Allan Hills. Double sided arrows
indicate the orientation of the striations.
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The current line of thinking is that dike intrusions in the upper 4 km of the plumbing
system represent the response of the country rock to forceful intrusion of sills (Muirhead et
al., 2012). Ferrar dikes are typically sandwiched between larger sills, producing stepped, dike-
sill geometries (Fig. 6.4a). Field observations show that country rock at the lateral ends of sill
segments was buckled upward (Grapes et al., 1974; Korsch, 1984; Airoldi et al., 2011: Fig.
6.4f), generating local extensional stresses (Johnson and Pollard, 1973; Goulty and Schofield,
2008). These stresses led to the formation of fractures that could be exploited by magma that
ascended the stratigraphy before deflecting back into sills at higher stratigraphic levels
(Thompson and Schofield, 2008; Airoldi et al., 2011; Muirhead et al., 2012: Fig. 6.4a and e).
AMS studies support these assertions, demonstrating that magma was “passively” drawn into
localized zones of high stress generated from underlying sills, rather than actively forming
fractures ahead of the dike tip (Airoldi et al., 2012). In these instances, advancement of the
crack in front of the dike did not depend solely on magma pressures in the inflating dike tip,
and subsequent widening of dike segments was enhanced by jacking-up of the crust above
underlying sills (Fig. 6.4a and d). The proposed process of intrusion is consistent with dike
and sheet formation in sill complexes elsewhere, based on field observations (Johnson and
Pollard, 1973; Polteau et al., 2008), numerical simulations (Malthe-Sgresson et al., 2004),
laboratory experiments (Galland et al., 2009), and seismic reflection studies (Thomson and
Hutton, 2004; Hansen and Cartwright, 2006a; Thompson and Schofield, 2008; Magee et al.,

2014).

In line with analogue modelling of sill-fed dike intrusions (Galland et al., 2009),
Ferrar dikes exhibit a component of reverse shear along the dike plane (Muirhead et al.,

2012). For example, exposures of dikes at Terra Cotta Mountain and Pearse Valley show that
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dikes dissected by later intrusions were uplifted on the hangingwall side (Morrison, 1989: Fig.
6.4e). Striated surfaces along dike margins further support a component of shear during the
intrusion process (Fig. 6.4g), although the timing of these shearing events relative to dike
emplacement is difficult to constrain (Muirhead et al., 2012). Similar kinematic models have
been invoked for cone sheet intrusions on the Canary Islands (Schirnick et al., 1999), and
laterally-emplaced regional dikes deflected into inclined sheets at Ardnamurchan, Scotland
(Magee et al., 2012). In all, these recent insights add to a growing body of evidence that the

shallowly intruded dikes of the Ferrar LIP formed under a dominantly sill-driven process.

6.4 Methods

To establish a regional picture of the orientations and dimensions of intrusions in
South Victoria Land, 644 sill-fed dikes were analyzed, comprising a number of irregular or en
echelon stepping segments (Appendix D). Dike lengths, widths and strikes were collected
from a combination of published maps and datasets (Korsch, 1984; Pyne, 1984; Guegan,
2006; Airoldi et al., 2011; Muirhead et al., 2012; Cox et al., 2012) and DigitalGlobe satellite

imagery (1 to 2 m-horizontal resolution) courtesy of Google Earth (Fig. 6.5).

As aresult of the data-mining method and the nature of the exposures, certain
limitations exist in the dataset. Scree and ice cover limited traceability of ~75% of dikes, so
the reported lengths are minimum values. However, since no dikes can be traced across
glaciers into neighboring nunataks, it is unlikely that many intrusions exceed lengths of a few
km. Dike segment widths were acquired from four previous field studies (Appendix D), and
in many instances are not matched with length data, so aspect ratios could not be examined

for most intrusions. The segment width data presented here (n = 401) is not as complete as the
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length and strike data, as true dike widths must be collected in the field. Nonetheless, the
calculated 1.8 m mean width from 401 dike segments is in agreement with assertions of

previous authors, estimating Ferrar dikes to be between 1 and 2 m wide (Pyne, 1984; Wilson,

1993; Ross et al., 2008).

Bedding

] Beaon Supergroup/ [ ] sSills | | Snow/ice  Dikes , Bedding _ n=31

Mawson Formation rocks

Figure 6.5. Google Earth images of Ferrar dikes intruding Beacon Supergroup and Mawson Formation rocks in
South Victoria Land. A: Plan-view image of dikes in the Fenrir Valley. B: Simplified schematic of A. Rose
diagram is of measured dike strikes in the Fenrir Valley from this study. C: Plan-view image of dikes at Coombs
Hills. D: Simplified schematic of C. Rose diagram is of measured dike strikes at Coombs Hills from this study.
E: Oblique aerial view of a sub-parallel swarm of moderately dipping dikes at Allan Hills. F: Simplified
schematic of E. Contour plots are of poles to dike, sill, and bedding planes collected in the field by Muirhead et
al. (2012). Note the moderate dip of the dikes as well as the common dip direction.
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6.5 Results

Dikes mapped in this study are exposed in the Beacon Supergroup and Mawson
Formation over an area of 458 km®. The dikes are broadly distributed, with mean lengths and
widths of 550 m and 1.8 m, respectively (Fig. 6.6). Field analyses at Allan Hills and Terra
Cotta Mountain (Airoldi et al., 2011; Muirhead et al., 2012) show that dikes are moderately
dipping (56° mean; Fig. 6.6¢). Where dikes form local, subparallel arrays (e.g., Allan Hills
and Terra Cotta Mountain), they also exhibit common dip directions (Figs. 6.4b and 6.5f),
consistent with intrusion under local, magma-induced stresses (Klausen, 2004; Muirhead et
al., 2012). The complete catalogue of dike strikes shows that all orientations are well
represented and, similarly, length-weighted histograms of dike strikes show a wide range of
orientations (Fig. 6.7). A weak NNW-SSE alignment is, however, observed in the length-

weighted strike data, the implications of which are discussed further in Section 6.6.3.
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Figure 6.6. A: Frequency histogram of dike lengths measure in this study. B: Frequency histogram of measured
dike segment widths. C: Frequency histogram of observed dike dips.

The aerial extent and volume of Ferrar dikes was calculated by first considering the

ratio of dikes to country rock in the study area. The 595 dikes mapped in plan view represent
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a combined aerial extent of 0.56 km?. This gives an average dike to country rock ratio of
1:815. Applying the same ratio over the full extent of the Ferrar province (3,000 x 150 km:
Ross et al. 2005), Ferrar dikes can be inferred to have covered a total area of 550 km?,
corresponding to a volume of 1,380 km” within the 2.5 km-thick Beacon Supergroup and
Mawson Formation host rocks. For comparison, a single fissure of equivalent size would be
3,000 km long x 184 m wide, or, using the mean width of 1.8 m, a cumulative dike network

totalling 308,000 km in length.
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Figure 6.7. A: Frequency histogram of dike strikes measure in this study. B: Length-weighted frequency
histogram of dike strike.

6.6 Discussion

6.6.1 Did the inferred Ferrar dike-fissure network feed the flood basalts?

Two basic conditions must be met to conclude that sill-fed dikes of the Ferrar large

igneous province fed flood basalt lavas: (1) the intrusions must have extended all the way to
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the surface; and (2) the size of the network must be sufficient to erupt the 70,000 km?® of flood
lavas on a reasonable timescale. Tracing subsurface dikes vertically to the surface is
challenging in the Ferrar, due to rare exposure of the basal contact of the Kirkpatrick lavas.
However, a close kinship is observed between Ferrar dikes and volcanic rocks of the Mawson
Formation (McClintock and White, 2006). Shallowly intruded sills and sill-fed dikes at
Coombs Hills and Shapeless Mountain transition at their lateral ends into intrusive tuff
breccias (Korsch, 1984; Elliot and Grimes, 2011), indicating that these sill-fed dikes did
indeed feed surface eruptions (Gunn and Warren, 1962; McClintock and White, 2006; Airoldi
et al., 2011; Elliot and Grimes, 2011). Furthermore, this study reveals that the dike to country
rock ratio remained constant as intrusions ascended toward the surface. This is shown in the
Coombs-Allan Hills region (~800-0 m paleodepth: Ross et al., 2008), where the dike to
country rock ratio of 1:880 is comparable with the mean value of 1:815. It would therefore be
unreasonable to assume that the sill-fed dike network terminated abruptly only a few tens of
meters below the paleosurface. Lastly, in areas exhibiting evidence for extensive volcanism,
such as nested diatremes, mafic pyroclastic density currents, fall deposits, and basalt lavas
(e.g. Coombs Hills and Allan Hills: White and McClintock, 2001; Ross and White, 2005;
McClintock and White, 2006; Ross et al., 2008), the shallow plumbing system is dominated
by sill-fed dikes; no other potential feeders are recognized. Until competing shallow dike-
feeders are discovered throughout the Ferrar LIP, it is fair to assume that the sill-fed dike

network locally extended all the way to the surface.

A relatively simple approach may be taken to address criterion (2), the feeding
capacity of the sill-fed dike network. A reasonable lava effusion rate was applied to the

cumulative dike network (308,000 km long) to establish the time required to produce the
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70,000 km® Kirkpatrick flood basalts. This method has been similarly used to analyze dike-
feeder systems of the Deccan province (Ray et al., 2007). Lava effusion rates are taken from
the 1873-74 eruption of Laki, Iceland, which produced 14.7 £ 1.0 km? of lava, representing
the most voluminous basaltic lava eruption of historic time. During this eruption, which lasted
8 months, lava erupted during discrete events on individual dike-fissure segments that were
active for weeks to months at a time (Thordarson et al., 1996), with maximum effusion rates
of ~2 m® s per meter length of fissure (Self et al., 1997). After a few days to weeks of
activity, lava effusion on each individual segment reduced and focused on a few point sources
(central magma conduits) along the fissures. In some respects, flood basalt eruptions represent
scaled-up versions of these basaltic fissure eruptions (Bryan and Ferrari, 2013). Individual
flood basalt lavas erupt for years to decades at a time (Self et al., 1997), providing constraints
on the timescales over which lavas may be fed from individual feeder dikes. Activity across
the entire fissure network occurs over 10°-10° years (Ray et al., 2007; Bryan and Ferrari,
2013), with decades-long eruptions alternating with tens to hundreds of millenia of inactivity.
Assigning a conservative lava effusion rate of 1 m’ s per meter of dike-feeder length in the
Ferrar LIP (i.e., mean effusion rates for Kilauea: Self et al., 1997), each individual segment
(10*-10° m long) of the 308,000 km-long, dike-feeder system requires an average of only 2 to
3 days of activity to cumulatively produce the volume of the Kirkpatrick basalts over the
timescale of Ferrar LIP emplacement (~10° years: Heimann et al., 1994). Given that
individual fissure segments in large-scale basaltic eruptions are observed and theoretically
demonstrated to have eruptive durations of 2-3 weeks (Thordarson et al., 1996; Thordarson

and Self, 1998), it is reasonable to conclude that the Ferrar dike network transported magma
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upward to eruption throughout the area of its shallow plumbing system to feed the Kirkpatrick

flood lavas.

6.6.2 Additional ascent through conduits and roof collapse

In addition to the dike network, volcanic plugs observed at Coombs Hills, Allan Hills,
and Shapeless Mountain have been highlighted as potential feeders to the flood basalts
(Korsch, 1984; Reubi et al., 2005; Ross et al., 2008). These plugs likely represent complex
conduit structures that could have contributed to upward magma transport at shallow depths.
They are probably sites where magma flow in dikes localized into point sources (e.g. Delaney
and Pollard, 1982; refer also to the “pyroclastic massifs” of Chapter 7), which were enhanced
at dike intersections (cf. Appendix 1 of Korsch, 1984). Furthermore, large tilted blocks (up to
500 m in diameter), interpreted by White et al. (2009) as fragmented sill roofs, have been
observed “floating” in shallow sills that intruded a few hundred meters from the paleosurface
(Fig. 6.3b). Based on these observations, White et al. (2009) suggest that wholesale breakup
of country rock occurred at some localities above shallowly intruded sills. The model
presented here (Fig. 6.8) is complementary to this hypothesis, as a variably oriented,
crosscutting network of dikes extending vertically from a shallow sill to the surface, or an
overlying partially molten sill, is expected to isolate domains of country rock, which can then
be engulfed in magma. The domains of country rock described by White et al. (2009) may,
however, represent “bridges” that became isolated as adjacent sill segments coalesced (Hutton
et al., 2009; Scholfied et al., 2012a). The isolated blocks observed in Ferrar sills, up to 500 m
in diameter, are an order of magnitude larger than broken bridges observed in shallow sills

elsewhere (e.g. Theron Mountains, Antarctica: Hutton, 2009).
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Figure 6.8. Schematic illustration of end-member, shallow (< 4 km depth) feeder systems for flood basalt
provinces. A: Long, subparallel aligned dikes oriented perpendicular to a far-field least principal stress direction.
Note that on the scale of a craton (i.e. 1000s of km), swarms like these can also form a radial pattern (Ernst et al.,
1995). B: The cracked lid model. Short dikes of almost any orientation overlie a network of sills.

6.6.3 The cracked lid: an end-member feeder style for flood basalt volcanism

The observed dike network of the Ferrar is at odds with the traditional model of

shallow magma ascent invoked for many LIPs, which involve subparallel swarms of large,
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steep dikes (>100 km long, 20-40 m wide, >75° dip) (Ernst et al., 1995; Ray et al., 2007;
Bryan and Ernst, 2008). In contrast, the Ferrar’s sill-fed dikes form a broadly-distributed array
of smaller, moderately dipping intrusions (<2 km long, 1.8 m wide, 56° mean dip) of any
orientation. Although a very weak NNW-SSE trend is present in the length-weighted strike
data (Fig. 6.7), it is significantly weaker than those produced by dikes forming in extensional
tectonic regimes in magmatic rifts (e.g., Tertiary rifts of Iceland: Gudmundsson, 1995a; 2002)
or giant dike systems (e.g., Okavango and Lembobo dike swarms; Aubourg et al., 2008;
Klausen, 2009). Rather, Ferrar dike orientations have similarities to dike networks that
intruded into isotropic stress regimes, such as the Nasi-Pune swarm of the 66 Ma Deccan
Province, India (Hooper, 1990; Vanderklusen et al., 2011), and dikes of the Navajo volcanic
field, USA (Laughlin et al., 1986). These observations imply that a regional extensional stress

regime did not influence the orientations of Ferrar dikes at shallow paleodepths (<4 km).

This conclusion is in line with recent studies addressing the controls on Ferrar dike
formation (White et al., 2009; Airoldi et al., 2011, 2012; Muirhead et al., 2012). These studies
have dismissed shallow dike emplacement as part of a far-field extensional stress regime
based on (1) the predominance of Ferrar sills and sill-fed dikes, (2) the moderate dips (~50°
mean) exhibited by dikes, and (3) the lack of steeply dipping, subparallel dike swarms.
Instead, dikes at Allan Hills, Coombs Hills and Terra Cotta Mountain appear to have been
emplaced into a local magmatic stress regime, with dikes forming at the propagation fronts of
sills. It is therefore possible that the weak NNW-SSE trend in Ferrar dike orientations
represents a common process related to sill formation, such as a preferred propagation

direction (White et al., 2005).
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This sill-driven, dike feeder system creates a remarkable scene in plan view,
resembling a variably “cracked lid” overlying a sill network (Fig. 6.8). This cracked lid model
represents an end-member example of a flood basalt feeder system, where the effects of far-
field tectonic stresses are negligible and sill intrusions exert the dominant control on dike

orientations.

6.6.4 When does the cracked lid arise?

The cracked lid may be the archetypal model for shallow feeder systems of LIPs that
intruded sedimentary basins where the influence of any far-field extensional tectonics is
negligible. Seismically observed, sill-dominated LIPs intrude sedimentary basins in offshore
Australia (Magee et al., 2013a; Rohrman, 2013), Norway (Thomson and Hutton, 2004;
Cartwright and Hansen, 2006; Thomson and Schofield, 2008) and Senegal (Hansen et al.,
2008). The processes governing dike formation in these provinces are strikingly similar to
those inferred for the Ferrar sill-fed dikes. For example, shallowly dipping, concentric dikes
of any orientation extend from the peripheries of sills and form in response to sill-roof uplift
(Thomson and Hutton, 2004). Observations of sill-fed dikes in seismically observed LIPs are,
however, restricted to thicker (>10 m), shallowly dipping (<40°) intrusions. Thus, the
distribution and geometry of thinner dikes (<10 m) comprising the vertical component of
these feeder systems cannot be easily resolved. Nonetheless, the similarity in dike formation
processes combined with the abundance of sills in seismically observed LIPs suggests that a

cracked lid feeder system may be present in many of these provinces.

Despite the geometric similarities between the Ferrar plumbing system and sill

complexes generally, many seismic reflection studies reveal the presence of “intrusive LIPs”
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that are not demonstrated to have fed voluminous outpourings of flood lavas (Rohrman,
2013). Further, it is common for seismically imaged sill complexes to be coupled with
extrusive components that have small eruptive volumes, such as the Ceduna Sub-basin,

offshore Australia, where edifice volumes are typically <10 km’ (Magee et al., 2013a).

Given that many sill complexes do not erupt significant lava volumes, why did sills
and sill-fed dikes of the Ferrar LIP lead to eruption of a flood basalt province? Rohrman
(2013) demonstrates that, as magma ascends sedimentary basins, decreasing sediment
densities produce a corresponding decrease in magma overpressure gradients. Consequently,
if a sedimentary sequence is sufficiently thick magma ascent will terminate. Compared to
intrusive LIPs observed in seismic reflection surveys (e.g., Rockall Basin, offshore United
Kingdom: Thomson and Hutton, 2004), which are known to have been emplaced in basinal
sedimentary successions as thick as 12 km (Cartwright and Hansen, 2006), intrusions of the
Ferrar LIP traversed only a relatively thin sequence of sedimentary rocks (~2.5 km) and, as a
consequence, breached the surface to feed flood basalt eruptions. This basic observation
supports the assertion of Rohrman (2013) that sedimentary basin thickness has a first-order
control on the eruptive capacity of a sill complex. In addition to basin thickness, the vertical
ascent of magma within sill complexes will also be affected by magma buoyancy, source
pressure and solidification, and by the physical properties of the host rock, such as density,
rigidity contrasts, pre-existing structures, fluid pressure, and rheology (Kavanagh et al., 2006;
Thomson, 2007; Schofield et al., 2012b; Le Corvec et al., 2013b; Chanceaux and Menand,

2014; Kavanagh and Pavier, 2014; Krumbholz et al., 2014).

An ideal field location to compare and contrast the controls on magma ascent in the

Ferrar LIP is the contemporaneously emplaced dikes and sills of the western Karoo basin
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(Encarnacion et al., 1996; Marsh et al., 1997; Chevaillier and Woodford, 1999; Schofield et
al., 2010). The intrusive pattern in the western Karoo basin is similar to that observed in the
Ferrar LIP, exhibiting widespread sills and an arrangement of dikes that to some degree
mimic the cracked lid pattern described in this study (Marsh et al., 1997; Chevallier and
Woodford, 1999; Fig. 6.8). However, compared to the Ferrar LIP, the Karoo Province records
a protracted magmatic/tectonic history (~183-174 Ma) and the geometry of the shallow
plumbing exhibits greater structural complexity (Hastie et al., 2014). Although dikes are
observed extending from sill peripheries in the western Karoo basin, imposed on this dike-sill
network are broadly distributed (200 to > 400 km wide) NW-SE striking dikes, indicating a
zone of right-lateral shear (Chevallier and Woodford, 1999). Additionally, long, collinear dike
swarms extend along the northern and eastern boundary of the Kaapvaal Craton and appear to
form a triple junction (Aubourg et al., 2008; Klausen, 2009; Hastie et al., 2014).
Consequently, linking specific dike-feeder systems with Karoo flood basalts is challenging.
Geochemical analyses by Galerne et al. (2008) demonstrate a close kinship between the
saucer-shaped, Golden Valley Sill and the earliest erupted Lesotho lavas. However, it is yet to
be determined whether or not flood lavas of the Karoo LIP were primarily fed by a sill-fed
dike system exhibiting a cracked lid pattern, rather than regionally extensive, collinear dike

Swarms.

6.6.5 Applications to active volcanic systems

Although larger in scale than any of today's active mafic volcanic systems, intrusions of
the Ferrar LIP highlight the influence of sills on upward magma transport, with potential
implications for hazard forecasting. Models of shallow, sill-assisted dike intrusion (Johnson

and Pollard, 1973; Polteau et al., 2008) diverge from classic depictions of ascending magma
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(Anderson, 1951), where upward (or lateral) propagation of a dike requires that magma
pressure in the dike exceeds the regional least compressive stress. In a shallow, interconnected
sill-dike network, sill inflation may promote the ascent of magma in dikes, by creating
localized zones of extension at the sill periphery and assisting opening of the dike walls as the
sill inflates (Johnson and Pollard, 1973; Goulty and Schofield, 2008; Galland et al., 2009). In
these systems, the timing and location of volcanic eruptions may be related to sill
inflation/deflation events. Field observations from the Ferrar LIP reveal a shallow magma
system composed of complex, interconnected dike-sill geometries, one in which dikes often
emanate from the lateral ends of sills (Muirhead et al., 2012; Fig. 6.4). Given these basic
geometric relations it is likely that, during Ferrar magmatism, ground deformation related to
sill inflation may have been laterally offset from eruption sites. These interpretations are in
line with InSAR deformation studies of recent eruptions (e.g., 2004 Asama eruption (Japan),
2005 Fernandina eruption (Galapagos): Chadwick et al., 2011; Aoki et al., 2013),
experimental modelling of magmatic intrusions (Galland, 2009, 2012), seismic reflection
observations of sills in the Ceduna basin, offshore Australia (Magee et al., 2013a), and field
observations in monogenetic basaltic fields (Bakony-Balaton Highland Volcanic Field,
Hungary: Nemeth and Martin, 2007), where eruption sites occur above the lateral

terminations of sills rather than above the sill center.

6.7 Conclusions

This study is the first to catalogue the dimensions and distribution of regionally
exposed sill-fed dike intrusions of the Ferrar LIP in South Victoria Land, Antarctica. Dikes of
the Ferrar LIP formed an aerially extensive dike network, with a cumulative length of 308,000

km. Applying reasonable effusion rates to this shallow dike system reveals that each
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individual segment of this feeder array could have been active for as little as 2 to 3 days to
produce the volume of the Kirkpatrick flood lavas. The observed sill-fed dike network of the
Ferrar LIP is at odds with the traditional model of magma ascent invoked for many LIPs, and
resembles a variably “cracked lid” atop a sill network. The cracked lid may be the archetypal
model for shallow feeder systems of LIPs that intruded sedimentary basins where the
influence of far-field extensional tectonics is negligible. This study reveals that shallow
magma systems composed dominantly of sills are capable of feeding voluminous outpourings

of lava, and highlights the important role sills likely play in feeding active volcanic system.
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CHAPTER 7: SHALLOW FEEDER SYSTEMS TO MONOGENETIC ERUPTIONS

Chapter based on: Muirhead, J.D., Van Eaton, A.R., Re, G., White, J.D.L., Ort, M.H., 2016,
Monogenetic volcanoes fed by interconnected dikes and sills in the Hopi Buttes volcanic
field, Navajo Nation, USA: Bulletin of Volcanology, v. 78, p. 1-16, doi: 10.1007/s00445-016-

1005-8.

7.1 Abstract

Although monogenetic volcanic fields pose hazards to major cities worldwide, their
shallow magma feeders (<500 m depth) are rarely exposed and, therefore, poorly understood.
This study investigates exposures of dikes and sills in the Hopi Buttes volcanic field, Arizona,
to shed light on the nature of its magma feeder system. Shallow exposures reveal a transition
zone between intrusion and eruption within 350 m of the syn-eruptive surface. Using a
combination of field- and satellite-based observations, three types of shallow magma systems
have been identified: (1) dike-dominated, (2) sill-dominated, and (3) interconnected dike-sill
networks. Analysis of vent alignments using pyroclastic massifs and other eruptive centers
(e.g., maar-diatremes) shows a NW-SE trend, parallel to that of dikes in the region. It is
therefore inferred that dikes fed many of the eruptions. Dikes are also observed in places
transforming to transgressive (ramping) sills. Estimates of the observable volume of dikes
(maximum volume of 1.90 x 10° m?) and sills (minimum volume of 8.47 x 10° m®) in this
study, reveal that sills at Hopi Buttes make up at least 30% of the shallow intruded volume
(~2.75 x 10° m” total) within 350 m of the paleosurface. Also identified are saucer-shaped

sills, which are not traditionally associated with monogenetic volcanic fields. This study
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demonstrates that shallow feeders in monogenetic fields can form geometrically complex
networks, particularly those intruding poorly-consolidated sedimentary rocks. It is concluded
that the Hopi Buttes eruptions were primarily fed by NW-SE-striking dikes. However, saucer-
shaped sills also played an important role in modulating eruptions by transporting magma
toward and away from eruptive conduits. Sill development could have been accompanied by
surface uplifts on the order of decimeters. It is inferred that the characteristic feeder systems
described here for the Hopi Buttes may underlie monogenetic fields elsewhere, particularly
where magma intersects shallow, and often weak, sedimentary rocks. Results from this study

support growing evidence of the important role of shallow sills in active monogenetic fields.

7.2 Introduction

A number of major cities are built on active volcanic fields (e.g., Auckland, New
Zealand, and Mexico City, Mexico), hosting tens to hundreds of cinder cones and explosive
maar-diatremes. These volcanoes typically arise from small, episodic eruptions <1 km? in
volume (Kereszturi and Nemeth 2012; Le Corvec et al. 2013a), and exhibit shifts between
effusive and explosive activity (Houghton et al., 1999; Ort and Carrasco-Nuiiez, 2009; McGee
et al., 2012; Valentine and Cortés, 2013). Thus, volcanic hazards in monogenetic fields may

change in style and scale over the course of a single, ongoing eruption.

Previous studies have shown that eruption style, duration and location are linked to
changes in and around the underlying magma system, such as the regional and local stress
fields (Buck et al., 2006; Wadge and Burt, 2011), magma supply rate (Houghton et al., 1999;
Mastin et al., 2004; Valentine and Cortés, 2013; Lefebvre et al., 2016), magma composition

(McGee et al., 2012), volatile exsolution (Sparks, 1978; Rotella et al., 2014; Harp and
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Valentine, 2015) and magma-water interaction (White, 1991; Ort and Carrasco-Nuiiez, 2009;
Ross and White, 2012). Changes in intrusion geometry (e.g., transitions from dikes to sills)
and magma flow within shallow feeder systems also play a role in modulating eruption
location and behavior (Lefebvre et al., 2012; Kavanagh et al., 2015; Richardson et al., 2015;
Lefebvre et al., 2016), as well as the warning signs of impending activity (Sparks et al., 2012;
Segall., 2013; Rivalta et al., 2015). For example, the 1943-1952 eruption of Paricutin,
Mexico, was preceded by meter-scale surface uplifts (Foshag and Gonzalez-Reyna, 1956),
which are often related to the emplacement of dikes and/or sills (Chadwick et al., 2011;
Bonaccorso et al., 2013). GPS and InSAR studies of more recent volcanic crises have also
shown both inflation/deflation and lateral ground surface movements over the course of an
eruption, linked to deflation or replenishment of shallow magma bodies and propagation of
dikes and sills (Wright et al., 2012; Biggs et al., 2013; Aoki et al., 2013; Sigmundsson et al.,
2015). However, eruptions in monogenetic fields have rarely been observed with the modern
tools (e.g., InSAR, GPS) required to detect magma movement and constrain the geometry and
interconnectivity of subsurface intrusive feeders (c.f., Chadwick et al., 2011; Albert et al.,
2016). Furthermore, extinct fields typically lack adequate geological exposures of the shallow
intrusions (<500 m depth) that feed monogenetic volcanoes. Therefore, the nature and

evolution of shallow intrusive networks in many monogenetic fields remain unclear.

Models of shallow magma transport in monogenetic volcanic fields have largely
focused on dikes, which have steep dips and cut across stratigraphy (Anderson 1951; Delaney
and Gartner, 1997; Brown and Valentine, 2013; Rivalta et al., 2015). Sills are typically
ignored or assumed to be of second-order importance. However, recent studies have found

that sills may be substantially more common than previously assumed at a range of volcanic
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settings, particularly where magma intrudes shallow sedimentary successions (Cartwright and
Hansen, 2006; Nemeth and Martin, 2007; Muirhead et al., 2012; Magee et al., 2013b;
Richardson et al., 2015). For example, seismic reflection studies from offshore UK and
Australia show that basaltic magmas intruded sediments to form complex networks of dikes,
sills and sheets (Thomson and Hutton 2004; Cartwright and Hansen 2006; Magee et al. 2013a,
2014). Similar findings have emerged from field-based mapping in the Ferrar-Karoo large
igneous province of southern Africa (Polteau et al. 2008) and Antarctica (Airoldi et al. 2011,
2012; Muirhead et al. 2012). The compelling suggestion is that sills can and do provide
critical pathways to feed eruptions (Magee et al., 2013a; Muirhead et al. 2014). However, it is
largely unknown if geometrically complex intrusive networks underpin monogenetic feeder
systems, despite the important implications for how eruptions are fed and modulated. For
example, what are the relative volumes of sills compared to dikes in monogenetic volcanic
fields? What are the geometric relations between dikes, sills and other eruptive conduits, and
how does magma flow within and between these intrusive structures? These questions are
addressed in this study within the well-exposed plumbing system of the late Miocene Hopi
Buttes volcanic field. This field area provides rare, high-quality exposures of feeder systems
that illuminate the geometry and interconnectivity of shallow intrusions and eruptive conduits

within 350 m of the pre-eruptive surface.

7.3 Background on the Hopi Buttes volcanic field, Navajo Nation, Arizona

Eruptions of the Hopi Buttes volcanic field were fed by conduits that passed through
flat-lying, wet sediments of the southern Colorado Plateau at ~7 Ma (White 1990, 1992;
Billingsley et al. 2013) (Figs. 7.1 and 7.2). The field bears similarities to a number of

currently-active examples in terms of the poorly consolidated sedimentary host rock, narrow
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range of small volcano types (scoria cones with lavas to deeply-cut maars), and number and
density of volcanic centers (~300 and 1.3 x 107/m?, respectively). Broadly similar fields

include the Chichinautzin (Mexico), Auckland (New Zealand), Eifel (Germany) and
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Figure 7.1. A: Simplified geological map of the southern Hopi Buttes volcanic field, modified from Billingsley
et al. (2013) and Lefebvre (2013). The map is draped on a 10 m-resolution hill shade. Stratigraphic units are
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defined in Table 1. Igneous rocks in the Hopi Buttes volcanic field are shown in black. The locations of the
intrusive complexes in this study are annotated. B: Geological cross-section (X-X") oriented approximately
north-south across southern Hopi Buttes. The stratigraphy has an assumed dip of ~1° to the northwest
(Billingsley et al., 2013).

Bidahochi Formation: Claystone, siltstone, and minor sandstones deposited in a lacustrine to playa-
Tb| dominated environment. Cross-bedded sandstone and siltstone. Minor claystone near the top of the forma-
tion deposited in fluvial and eolian environments. Inter-fingers with Hopi Buttes volcanic rocks in places.

—~ 100 Moenave Formation: Red-colored siltstones and sandstones deposited in a fluvial environment, overlain
é by lower white and upper light-red eolian sands of the Wingate Sandstone. Unconformable with the
= overlying Bidahochi Formation.
—
(o8
% 200 Owl Rock Member: Upper member of the Chinle Formation. Grey clastic limestone beds with siliceous
8 nodules interbedded with yellow-gray calcareous claystones. Unconformable contact with the overlying
= Moenave Formation.
o

Petrified Forest Member: Middle member of the Chinle Formation. Blue, red, white and grayish green

300 fluvial mudstone interbedded with lenticular sand, with petrified wood fragments in lower parts of the unit.

Figure 7.2. Simplified stratigraphy of the Hopi Buttes region.

San Francisco (Arizona, USA) volcanic fields (Le Corvec et al. 2013a, and references
therein). Volcanoes of the Hopi Buttes are exposed at different stratigraphic levels, from
subaerial volcanic deposits to hundreds of meters below the paleosurface. This provides a
superb cross-section of the system from intrusion to eruption. In general, the erosion surface
deepens from north to south, exposing lavas and maar-diatremes in the northeast and igneous
intrusions to the south (Fig. 7.1). This study focuses on the structure and volcanology of the

intrusive-eruptive transition within ~350 m of the paleosurface in southern Hopi Buttes.
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7.4 Methods

7.4.1 Terminology

Table 7.1 provides a summary of terms used in this study. Coherent intrusions are
classified as dikes (mean dip >60°), sills (<10°), and inclined sheets, which have an
intermediate dip from 10-60° (Annels, 1967; Klausen., 2004; Pasquaré and Tibaldi, 2007;
Airoldi et al., 2011). In practice, the sills and inclined sheets are closely interrelated,
producing ramped step-and-stairs or transgressive geometries, as shown in Figure 7.3C
(Francis, 1982; Airoldi et al., 2011; Re et al., 2015). Therefore, sills and inclined sheets are
collectively referred to as transgressive sills in this study. Pyroclastic massif is used to refer
to the prominent, sub-cylindrical to tabular breccia bodies exposed throughout Hopi Buttes
(Figs. 7.3A, B and 7.4) after Re et al. (2015). Previous studies have used the terms volcanic
conduits or plugs, inferring that they represent zones where magma focused to feed eruptions
(Delaney and Pollard, 1981; Keating et al., 2008; Kiyosugi et al., 2012; Friese et al., 2013;
Harp and Valentine, 2015). In this paper, the term pyroclastic massif is preferred to avoid a
genetic association, and to be consistent with recent work in the Hopi Buttes (Re et al., 2015;
Lefebvre et al., 2016). Maar is used for explosion craters cut into the ground, surrounded by
volcanic ejecta, and diatreme for infill of the subsurface continuation of the maar structure

(White and Ross, 2011; Fig. 7.3E, F).
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Table 7.1. Definition of terms applied in this study (references in superscript).

term description
intrusion dike'? planar intrusion dipping >60° and discordant to bedding
type
sill? planar intrusion dipping <10° and often bedding concordant
sheet’ planar intrusion dipping 10-60° and discordant to bedding
transgressive composite intrusion comprising alternating sheet and sill segments, dipping <60°
sill*
saucer-shaped composite intrusion comprising an inclined outer rim transgressing upward from
sill>® the edge of an inner sill forming a concave-upward geometry
cuspate sill’ convex upward intrusion with an outer transgressive sill fed by an inner dike
intrusion
peperite® intrusive rock resulting from the mingling between viscous magma and viscous
host; commonly extends from the margins of intrusions and lacking a systematic
planar structure; exhibits either fluidal or blocky shapes
intrusive segment, lobe™'®  single, planar intrusive element; sets of sub-parallel, closely spaced segments,
features offset from one another, form a single intrusive body (dike or sill); segment often
merge with continued dilation and growth
segment tip"' lateral (or vertical) termination of a segment; segment tips either gradually taper
or show no gradual decrease in thickness, forming a blunt termination
offset, step'® area along an intrusion where closely spaced, sub-parallel segments become
disconnected, typically exhibiting minor overlap (10-100 cm) between the
segment tips; the host rock contained within a step, situated between the offset
segment ends, is termed a bridge
horn'® Thin (typically a few cms), wedge-shaped apophysis extending from a blunt
segment tip
eruptive maar '? volcano with little to no relief comprising a central crater (typically 500-1000 m
centers diameter) cut into the ground with a surrounding ejecta ring; commonly
interpreted to be underlain by a diatreme
diatreme' steep-sided, typically cone-shaped structure comprising volcaniclastic and

scoria cone'”

pyroclastic
massifi 151617

fragmented country rock; entire structure enclosed by country rocks; extends
from crater floor downward to a feeder dike at depth

small (10s to 100s m high) cone-shaped volcanic landform dominantly composed
of vesicular, basaltic volcanic clasts a few mm to 10s of cm in diameter

sub-cylindrical, brecciated intrusive body typically >5 m wide and comprising
coherent intrusive rock, country rock, juvenile fragments ( typically variably
welded spatter and scoria), and mixed fluidal and blocky peperite; considered the
root zone or conduit to a diatreme or scoria cone; also termed a plug, conduit, and
spatter dike

References: (1) Rubin (1995); (2) Anderson (1951); (3) Annels (1967); (4) Airoldi et al. (2011); (5) Chevallier and
Woodford (1999); (6) Magee et al. (2014); (7) Mathieu et al. (2008); (8) Skilling et al. (2002); (9) Pollard et al.

(1975); (10) Hoek (1991); (11) Kattenhorn and Watkeys (1995); (12) White and Ross (2011); (13) Wood (1980);
(14) Lefebvre et al. (2012); (15) Re et al. (2015); (16) Delaney and Pollard (1981); (17) Kiyosugi et al. (2012)
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Figure 7.3. A: Dike in close proximity to a 40 m-high massif structure at Jagged Rocks (lat: 35.11318°N, long:
110.31209°W). B: Dike transitioning vertically into a massif and connecting to a sill intrusion. No cross-cutting
relations are observed between the dike, sill, and conduit (lat: 35.10406°N, long: 110.30943°W). Intrusive
margins indicated by dashed white lines. C: Inclined sheet transitioning up section into a sill, forming a
transgressive sill (lat: 35.13318°N, long: 110.19773°W). Lower margin indicated by dashed white line. D:
Moderately dipping (~50°) inclined sheet in the Crown Butte complex (lat: 35.08122°N, long: 110.26406°W).
Lower margin indicated by dashed white line. E: Diatreme bed comprising juvenile volcaniclasts and country
rock fragments (typically 1-10 mm diameter) (lat: 35.07679°N, long: 110.26557°W). F: Weakly bedded (upper)
diatreme units. Dashed white lines show select bedding contacts (lat: 35.07858°N, long: 110.26279°W).

7.4.2 Field measurements and remote sensing

Field measurements and remote-sensing analysis were used to characterize the nature
and geometry of the shallow intrusive system in southern Hopi Buttes. First, the broad-scale
spatial distribution and orientation of 258 dikes, 73 pyroclastic massifs and 24 maar-diatremes
were measured using Google Earth satellite imagery (~25-50 cm pixel resolution), alongside

the geological map of Billingsley et al. (2013) (Appendix E). These satellite-based
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observations were refined during fieldwork, which involved measuring the thickness, strike
and dip of more than 300 intrusive segments, and documenting textural and field relations.
Intrusion segments were defined in the field where offsets exceeded 0.5 m. Individual

segments were identified in satellite imagery where intrusions were visibly disconnected.

‘{_a‘

pyroclast& , £
b

N ¢

Figure 7.4. Example of a pyroclastic massif deposit (lat: 35.07586°N, long: 110.27075°W). A: Pyroclastic massif
structure (8-10 m-high) in the Crown Butte area, containing weakly bedded, normally-graded pyroclasts. B:
Silhouette of the massif on the horizon. C: Close-up of weakly bedded, vesicular pyroclasts in b. Note the well
sorted, clast-supported framework of the juvenile clasts.

Remote-sensing data of dike lengths and sill areas, combined with field measurements
of thickness, were used to estimate the volume of the observed intrusions in the upper ~350 m

of the plumbing system. These estimates provide constraints on the minimum volume of
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transgressive sills relative to dikes. The maximum volume of dikes can be reasonably
estimated by assuming that all the dikes observed in south Hopi Buttes extended to the paleo-
surface (Richardson et al., 2015), and were thus approximately 350 m high. We assume a
constant mean thickness of 0.45 m, consistent with the mean value from hundreds of field
measurements along the lengths of dikes. The true areal extents of transgressive sills are more
difficult to constrain. However, by considering only the observable areas of transgressive sill
segments (rather than assuming a maximum lateral extent) and their field-derived, mean
thickness (0.85 m), a conservative minimum volume for the sills may be determined. Their
actual volume therefore is clearly larger than the presented values, as shown in eroded fields
elsewhere, such as the San Rafael volcanic field, Utah (Delaney and Gartner, 1997,
Richardson et al., 2015). However, this simple approach allows an examination of their

minimum volumetric importance within the shallow plumbing system.

Using spatial data from the satellite analysis of the field area (Fig. 7.1; Table E1 of
Appendix E), we investigated the alignments of variably eroded eruptive centers (pyroclastic
massifs and maar-diatreme deposits) using the method of Le Corvec et al. (2013a). As
summarized in Figure 7.5, the linear regression algorithm calculates best-fit lines between
nearest-neighbor triplets (i.e., 3-point alignments between eruptive centers). Each lineament
must satisfy length and width tolerances to be included. A length tolerance of 3,878 m was
used based on the method of Le Corvec et al. (2013a), which finds the optimal length for
minimizing artifacts (<10%) using the density of volcanic centers (refer also to Section 7.9.1).
A conservative width tolerance of 10 m was applied, which is well within the range of ‘A-
grade’ lineaments (<125 m) defined by Paulsen and Wilson (2010), and has been used in

previous alignment studies in monogenetic fields (Le Corvec et al., 2013a).
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Figure 7.5. Criteria for detecting alignments slightly modified from Le Corvec et al. (2013a). An alignment
consists of three points (i.e., eruptive centers). A: Example of an acceptable alignment where all the three points
are within predetermined length and the width (W) tolerances. B: Example of a rejected alignment where one
point lies outside of the predetermined length tolerance (reject point indicated by arrow). C: Example of a
rejected alignment where one point lies outside of the predetermined width tolerance (rejected point indicated by
arrow).

7.5 Results

7.5.1 Broad-scale arrangement of dikes, transgressive sills, and pyroclastic massifs

Dike segments analyzed in Google Earth imagery exhibit a mean strike of 126°, which
is sub-parallel to the mean trend (139°) of eruptive center alignments in the southern Hopi
Buttes (Figs. 7.6A, B). Field measurements of dike segments and systematic joint-sets are in
agreement with this overall NW-SE trend, striking 129° and 131°, respectively (Figs. 7.6C,
D). The mean dike width, calculated from field measurements of hundreds of segments along

the lengths of dikes throughout the field, is 0.45 m, and dikes have an observed cumulative
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length of ~12 km estimated from satellite imagery. These estimates give a total exposed areal
extent of 5.44 x 10° m”. Assuming that all dikes extended from the current exposure level to
the surface, the maximum volume of observed dikes in the upper 350 m of the plumbing
system is ~1.90 x 10° m®. This suggests that dikes comprise a maximum of 69% of the
solidified plumbing system at this level, with the rest represented by transgressive sills (Table

7.2).

Dikes are observed in places connected to transgressive sills (Fig. 7.3B). Transgressive sills
form the dominant component of some complexes in the southern Hopi Buttes. These
intrusions ascend the stratigraphy step-wise, transitioning between shallow-dipping sill
segments and moderately-dipping inclined sheets. Sills may directly intrude bedding in
layered sedimentary rocks (Fig. 7.7), but also occur in massive mudstones with no observable
bedding. Sills typically have sharp contacts with the surrounding country rock. In places,
though, they exhibit margins of fluidal peperite within a brecciated host consisting of a
mixture of intrusive and country rock fragments (Fig. 7.8). Transgressive sill segments have
mean dips and thicknesses of 21° and 0.85 m, respectively, and a total exposed areal extent of
9.97 x 10° m?. Together, the mean width and measured area of sills equates to an observable
volume of 8.47 x 10° m’, suggesting that transgressive sills comprise a minimum of 31% of
the total intrusive volume of the shallow plumbing system at southern Hopi Buttes, which is

estimated to be ~2.75 x 10° m® (Table 7.2).

Pyroclastic massifs are prominent structures made up of chaotic domains of coherent
to swirly intrusions, vesicular pyroclasts (scoria), and blocky to fluidal sedimentary host rock,

all of which were emplaced below the contemporary ground surface (Lefebvre et al., 2012). In
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map view, the massifs have subequant to elongate outlines, with long axes often trending

subparallel to the overall NW-SE trend from dike alignments (Fig. 7.9).
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Figure 7.6. Structural data in the southern Hopi Buttes region collected from both the field and Google Earth
imagery. A: Rose plot of dike segment trends as observed in Google Earth. B: Rose plot of eruptive centers
alignments. C: Contour plot of poles to planes of dike segment strikes. Great circle (dashed black line) represents
the mean dike orientation. D: Contour plot of poles to planes of joint strikes measured in sandstones. Great circle
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(dashed black line) represents the mean dike orientation. E: Histogram of dike segment thicknesses measured in
the field. F: Histogram of transgressive sill segment thicknesses measured in the field.

Table 7.2. Summary of dike and transgressive sill dimensions in the southern Hopi Buttes.

intrusion type cumulative length (m) mean width (m)  area (m®)  volume (m®) percentage
dikes 12,0917 0.45" 5.441° 1,904,350° 69% (max.)
transgressive sills N/A 0.85" 996,650" 847,152 31% (min.)

# cumulative dike length calculated by summing the length of all dike segments mapped in Google Earth imagery
g dike and sill mean width measured in the field from >300 intrusive segments

¢ dike area estimated by multiplying mean width and cumulative length

d transgressive sill area calculated from the cumulative area of all transgressive sills mapped in Google Earth

© calculated by multiplying dike area by an assumed height of 350 m, providing a maximum estimate for the upper 350 m of the system
fsill volume caleulated by multiplying mean width by total area, providing a minimum observable volume in the upper 350 m of the system

Figure 7.7. Thin (~10 cm thick) sill intrusion (A) in fine to medium grained sandstones of the Chinle Formation
(lat: 35.07701°N, long: 110.27102°W). Sill margins commonly following bedding planes, and thin, bedding-

parallel horns are seen extending from sill segments (B and C).
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Figure 7.8. A: Upper margin of a sill at Crown Butte (lat: 35.07563°N, long: 110.27027°W). The intrusion
changes vertically from (i) coherent intrusive rock, to (ii) fluidal peperite margin, to (iii) mixed, angular,
intrusive and country rock fragments with variable peperite, to (iv) fractured country rock (mudstone). B: Lower
margin of a sill at Crown Butte showing a downward transition from (i) coherent intrusive rock, to (ii) mixed,
angular, intrusive and country rock fragments with variable peperite, to (iii) fractured mudstone.

\, dike segment O pyroclastic massif

Figure 7.9. Simplified map of northwest Jagged Rocks on a 10 m-resolution hillshade. Location of the complex
annotated in Figure 7.1. The stereonet is a lower hemisphere projection of contours of poles to dike planes. Great
circle (dashed line) represents the mean dike orientation.



234

7.5.2 Field observations of intrusive complexes

Intrusive complexes in the southern Hopi Buttes may be broadly categorized into three
kinds of feeder systems: (1) dike-dominated; (2) sill-dominated; and (3) interconnected dike-
sill networks. The following sections provide field examples, all of which intruded the
Petrified Forest Member sedimentary rocks (Fig. 7.2) at depths of ~250-350 m below the syn-

eruptive surface (Billingsley et al., 2013; Re et al., 2015).

Dike-dominated feeder system: Jagged Rocks complex

The northwest portion of the Jagged Rocks complex exemplifies the classic model of a
dike-dominated volcanic feeder system (e.g., Mono-Inyo Craters; Reches and Fink, 1988). It
contains a 50 cm-wide, NW-SE-trending dike with a right-stepping en echelon pattern (Re et
al., 2015; Fig. 9). Five pyroclastic massifs are located in the center of the dike, in a NW-SE
alignment that is consistent with both the strike of the dike and the broader regional trend of
Hopi Buttes volcanic field. Relations between the dikes and massifs are complex (Figs. 7.3B
and 7.10). At many localities, dikes are cross-cut by massifs and vice-versa; at others they
seamlessly merge into one another, suggesting synchronous or overlapping periods of

activity.

Sill-dominated feeder system: Crown Butte complex

The Crown Butte complex contains four massifs, two diatremes, and numerous
transgressive sill segments, but lacks exposed dikes (Fig. 7.11). The transgressive sill
segments dip into the center of the complex, resulting in a saucer shape (long axis ~1.3 km
across, trending roughly E-W). The overall geometry mimics saucer-shaped sills in the Karoo

and the North Atlantic igneous provinces (Thomson and Hutton, 2004; Galland et al., 2009;
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Scholfield et al., 2010; Hansen et al., 2011). Typical of those field areas, the arrangement of
intrusive segments, or lobes, and the gradual tapering and termination of sills at the outer
edges of the system are consistent with a primary magma flow direction radially away from

the center of the complex (Hansen and Cartwright, 2006b; Schofield et al., 2010; Schofield et

al., 2012a) (Fig. 7.12).

Figure 7.10. A: Dike intruding a pyroclastic massif structure indicating the dike post-dates this part of the massif
(lat: 35.11176°N, long: 110.31104°W). Dike margins indicated by white dashed lines. B: Same dike as in A, but
here it is cut by the pyroclastic massif (indicated by white arrows), suggesting the massif here post-dates the

dike.

The two diatremes, located in the center of the sill Crown Butte complex, contain
bedded, upper-diatreme facies deposits that dip toward the center of the diatreme (White and
Ross, 2011). The deposits are crudely bedded on a cm- to m-scale, consisting of lithic-rich
and poorly-sorted, mafic scoria, greenschist, chert and mudstone in a slightly greenish

(palagonitized) matrix (Fig. 7.3E, F). The four pyroclastic massifs are located on the eastern
edge of the complex. A direct contact between the massifs and transgressive sills has not been

identified, but they occur within a few tens of meters of one another. No NW-striking dikes
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are observed in the vicinity of massifs or the complex generally. Furthermore, alignments
between massifs and diatremes trend ~E-W, which is subparallel to the long axis of the
saucer-shaped intrusion, yet oblique to the broad-scale NE-SW structural trend in Hopi Buttes
(Fig. 7.11). The underlying feeder to the Crown Butte complex is not exposed, and is inferred

to be either a dike or transgressive sill below the current exposure level.

Figure 7.11. Simplified map of Crown Butte on a 10 m-resolution hillshade. Location of the complex annotated
in Figure 7.1. Stereonets are lower hemisphere projections of contours of poles to intrusion planes for each
labelled area represented by a dashed ellipse. Great circles (dashed line) represent the mean intrusion orientation
for each area.
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Figure 7.12. Transgressive sills at Crown Butte. A: Distal termination of a sill segment at the southern edge of
the complex (lat: 35.07427°N, long: 110.26146°W). B: Steps between segmented sill lobes with ~5-10 m
vertical offsets (lat: 35.07395°N, long: 110.26263°W). Red arrow indicates the inferred direction propagation
based on the nature of the segmentation and long-axis of the country-rock bridge between segments (Schofield et
al., 2012a) (refer to Table 2). C: Conceptual illustration of the growth of segment lobes from a single parent
intrusion modified from Scholfield et al. (2012a). Arrows represent propagation direction, which is aligned to the
long-axis of the segment and the long-axis of the bridge between segments.
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Interconnected dike-sill network: Crescent Rocks complex

The Crescent Rocks complex consists of two sub-parallel dikes and two pyroclastic
massifs surrounded by transgressive sills (Fig. 7.13). As with Jagged Rocks, the cross-cutting
relations between dikes and massifs are complex, and in places dikes merge seamlessly into
the walls of the massifs. Dikes and massifs exhibit NW-SE trends, subparallel to the broad-
scale, basement-controlled structural trend in Hopi Buttes (Marshak et al., 2000; Re et al.,
2015). Transgressive sill segments are primarily exposed in the eastern half of the complex,
although small, discontinuous outcrops (areas of 10-100 m?) are present in the west. These
transgressive sills all dip into the center of the complex, forming a semi-saucer shape (Fig.
7.13). The western half of the saucer is not exposed, or possibly never formed. The
arrangement of intrusive segments (or lobes) is consistent with a primary magma flow
direction away from the dikes and massifs in the center of the complex (Schofield et al.,
2012a) (Fig. 7.14). A similar saucer-shaped intrusion is also present in the southwestern

portion of the Jagged Rocks complex (Re et al., 2015).
7.6 Discussion

7.6.1 The intrusive-eruptive transition at southern Hopi Buttes

The dikes and transgressive sills of south Hopi Buttes represent the shallowest
portions (<350 m) of an extinct monogenetic volcanic field. Intrusions here are exposed in the
zone of intrusive-eruptive transition, and thus in some ways were on the “verge of eruption”,
as illustrated by the fragmented, brecciated intrusions (massifs), and close spatial association
(and transitions) among maar-diatremes, dikes and sills (Re et al., 2015; Lefebvre et al.,

2016). Scoria clasts within pyroclastic massifs provide evidence for magma vesiculation,
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Figure 7.13. Simplified map of Crescent Rocks on a 10 m resolution hillshade. Location of the complex
annotated in Figure 7.1. Stereonets are lower hemisphere projections of contours of poles to intrusion planes for
each labelled area represented by a dashed ellipse. Great circles (dashed line) represent the mean intrusion
orientation for each area.
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Figure 7.14. Oblique view of a Google Earth image of Crescent Rocks. Inset (top right) shows the viewing
direction of the image within the complex (refer also to Fig. 7.10). Segmented transgressive sills are annotated in
transparent red. Red arrows signify the inferred propagation direction based on the nature of the segmentation
and the long-axis of the country rock bridge between segments (Schofield et al., 2012a) (refer to Table 7.1).
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fragmentation and ballistic or column/current particle transport (e.g., debris jets; Ross and
White, 2006; Andrews et al., 2014). Yet, the juvenile pyroclasts are also mingled chaotically
with non-erupted, coherent magma (Lefebvre et al., 2012). It is inferred that these structures
represent the “roots” of subaerial eruptions (Hooten and Ort, 2002; Keating et al., 2008;
Lefebvre et al., 2012; Re et al., 2015). As shown in Figure 7.4, beds of juvenile scoria
occasionally form normally-graded layers within the pyroclastic massifs, providing
compelling evidence that these structures were once open to the atmosphere, feeding
eruptions. This is consistent with the interpretation of Re et al. (2015) that massifs in the
northwestern and southern sectors of Jagged Rocks represent conduits to multiple volcanoes.
Similar structures in the San Rafael and Navajo volcanic fields, USA, and Raudhélar volcanic
chain, Iceland, have also been interpreted as volcanic feeders (Delaney and Pollard, 1981;

Kiyosugi et al., 2012; Friese et al., 2013).

7.6.2 Transporting magma to eruption: the role of dikes vs. sills

Ambiguous cross-cutting relations between dikes and massifs suggest near-
synchronous formation, and it is likely that dikes developed into the larger, pyroclastic feeders
(massifs) through gradual removal and ingestion of country rock (Hooten and Ort, 2002;
Keating et al., 2008; Lefebvre et al., 2012; Harp and Valentine, 2015). Structural alignments
between massifs and other eruptive centers in the Hopi Buttes region are sub-parallel to the
broad-scale dike trends throughout the volcanic field. For example, 84% of eruptive center
alignments are within 20° of the mean dike trend (129°). By inference, it is suggested in this

study that the majority of volcanoes in the Hopi Buttes were fed by the NW-SE-striking dikes.
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Although NW-SE-striking dikes and their related pyroclastic massifs were the primary
pathways through which magma was transported to eruption, the abundance of sills
throughout the Hopi Buttes suggests that they too played an important role. A good example
is the Crown Butte complex, which contains sills and eruptive centers (maar-diatremes,
pyroclastic massifs), in the absence of observable dikes. At Crown Butte, the diatremes are
positioned in the center of a saucer-shaped sill (Fig. 7.11). Pyroclastic massifs occur near the
peripheries of the sill complex and are often surrounded by transgressive sills (Fig. 7.11),
which is not the case in the Jagged Rocks or Crescent Rocks field areas (Figs. 7.9, 7.13).
Further field investigation is required to constrain the precise timing of sill, diatreme, and
massif formation. However, it is clear that the pyroclastic massifs are aligned sub-parallel to
the long-axis of the saucer-shaped sill, and at a high angle to the NW-SE regional dike trend.
These observations suggest that eruptive centers at Crown Butte may have been sourced

directly from transgressive sills rather than NW-SE-trending dikes.

This observation stands in contrast to the Crescent Rocks field area, where massifs are
located in the center of the complex and have direct contacts with NW-SE-trending dikes.
Similar to Crown Butte, transgressive sills are located at the peripheries of the complex, but
no pyroclastic massifs are observed near these intrusions. Although there is little evidence to
suggest that transgressive sills at Crescent Rocks transported magma to eruption, it is likely
that they were involved in lateral migration of magma away from the central feeding system,
as suggested by propagation directions inferred from the arrangement of sill segments (Fig.

7.14).
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7.6.3 Transgressive sills in monogenetic fields

Saucer-shaped sills (thicknesses >10 m) are commonly imaged from seismic reflection
surveys of large igneous provinces and magmatic rifted margins (Thomson and Hutton, 2004;
Cartwright and Hansen, 2006; Magee et al., 2014). Direct field observations are restricted to
the Karoo large igneous province of southern Africa (Chevallier and Woodford, 1999) and the
Faroe Islands, UK (Hansen et al., 2011). Consistent with interpretations of sill intrusions at
Jagged Rocks by Re et al. (2015), the arrangements and orientations of transgressive sills at
Hopi Buttes are typical of the outer rim of saucer-shaped intrusions observed in seismic,
experimental, and field studies (Galland et al., 2009; Hansen et al., 2011; Magee et al., 2014),
where all segments dip toward a common area in the center of the complex (Fig. 7.15). The
flat, inner sill of the saucer-shaped structure may be inferred to lie below the current level of

exposure (Fig. 7.15D).

To develop a saucer-shaped intrusion, rising magma transforms into a flat-lying sill,
which ultimately forms the base of the saucer-shaped structure (Fig. 7.15). The
transformation of a dike to a sill may occur due to: (1) changes in magma buoyancy (Francis,
1982), (2) stress rotations (Valentine and Krogh, 2006), and/or (3) ascent through sedimentary
layers with alternating mechanical properties (Burchardt, 2008; Thomson and Schofield,
2008; Galland et al., 2009; Magee et al., 2013b). For example, dikes are shown
experimentally to transition into sills when they encounter the contact between layers of
contrasting rigidity (Kavanagh et al., 2006, 2015). Consistent with this interpretation,
numerical modeling studies reveal local stress rotations ahead of vertically propagating dike
tips near the contacts between more- and less-rigid layers. In these instances, the least

compressive stress becomes vertical (Gudmundsson and Brenner, 2004; Burchardt, 2008),
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thereby promoting sill propagation. Alternatively, if a dike intersects a weak layer prone to
viscous deformation, such as shale, coal or weakly consolidated sandstone (Schofield et al.,
2012b), fracture propagation may be inhibited above the dike tip (Thomson, 2007). When
vertical crack propagation ceases, magma may intrude laterally along bedding horizons.
Magma intrusion in contact with viscously deforming country rock is commonly marked by
the presence of domains of peperite along intrusion margins (Airoldi et al., 2011), like those
observed along some sill intrusions at Crown Butte (Fig. 7.8). Field, seismic reflection,
numerical modeling, and analog modeling studies show that sill growth at shallow depths is
often accommodated by lifting the overburden above the sill roof (Fig. 7.15B) (Johnson and
Pollard, 1973; Malthe-Sgrensen et al., 2004; Hansen and Cartwright, 2006a; Galland et al.,
2009). Stress concentrations at sill peripheries result in both tensile and extensional-shear
fracturing and the development of transgressive intrusive sheets (Fig. 7.15B). Magma ascends
the stratigraphy radially away from the central sill in these transgressive intrusions, forming
an overall saucer shape (Fig. 7.15C). Dynamic stresses changes at sheet tips, host-rock
strength variations, and preexisting bedding weaknesses act to alter the path of magma
propagation and fracture growth, and thus the transgressive sills exhibit a step-and-stairs
geometry (Gudmundsson and Brenner, 2004; Malthe-Sgrensen et al., 2004; Airoldi et al.,

2011; Mathieu et al., 2015; Walker, 2016) (Fig. 7.3C, D).

Another possibility is that, rather than originating from a central sill, the shallow-
dipping (~20°), transgressive sill segments extend directly from an (unexposed) dike,
resulting in a structural arrangement consistent with a cuspate geometry (Mathieu et al.,
2008). Morphologically both cuspate and saucer-shaped intrusion are quite similar, however,

cuspate intrusions form experimentally as a result of high shear stresses generated in low-
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cohesion sediments ahead of a propagating dike (Mathieu et al., 2008; Abdelmalak et al.,
2012; Mourgues et al., 2012). Indeed, dike-tip propagation in shallow, weakly consolidated
sediments at Hopi Buttes (Re et al., 2015, and references therein) may have promoted
shearing rather than the opening-mode, tensile fracturing expected in competent, brittle rocks
(Anderson, 1951; Rubin, 1995). Similar v-shaped transgressive sheets were produced
experimentally by Galland et al. (2014), and were shown to form when viscous stresses in the

flowing magma (related to magma flux and magma viscosity) were high compared to host

rock strength.
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Figure 7.15. Formation of a saucer-shaped sill modified from Galland et al. (2009). The figure illustrates a two-
dimensional cross-section through the intrusion, normal to the strike of the initial dike. Note that if the saucer-
shaped sill is fed from a linear source (i.e., a dike), it may be elongate with a long-axis parallel to the strike of the
dike-feeder. A: A dike propagates vertically until intersecting a lithologic barrier (Thomson, 2007). B: Magma
propagates horizontally as a sill until generating extensional-shear fractures at the sill periphery (Galland et al.,
2009) that magma can exploit. C: Magma then ascends radially away from the central sill as an inclined sheet (or
transgressive sill). D: At Crown Butte and Crescent Rocks the central sill is not exposed at the present day
exposure level. However, a saucer-shaped geometry is favored at these localities as the arrangement of
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transgressive sill segments is consistent with the outer rim of a saucer, and these types of intrusions are
frequently observed in nature from both field and seismic reflection surveys (Chevalier and Woodford, 1999;
Cartwright and Hansen, 2006; Thomson, 2007; Hansen et al., 2011).

Lastly, transgressive sills could form in response to subaerial and/or subsurface
volcanic activity. As suggested by Re et al. (2015) for sills at southwest Jagged Rocks, the
presence of a volcanic load (e.g., a scoria cone) would produce local stress rotations
immediately below the volcano, which could lead to sill formation. However, it is unknown
whether a scoria cone was present during emplacement of the Jagged Rocks intrusions
described by Re et al. (2015). The effect of pyroclastic massif development (i.e., Lefebvre et
al., 2012) on vertical dike propagation has never been considered for the Hopi Buttes region.
It should be noted that, at the time of formation, the pyroclastic massifs consisted of poorly-
consolidated pyroclastics and country rock (Lefebvre et al., 2012; Fig. 7.4C) that could inhibit
opening-mode tensile fracturing and, consequently, vertical dike ascent (Thomson, 2007;
Mathieu et al., 2008). If vertical dike propagation were temporarily blocked in the central
feeding region, magma could have been diverted laterally as transgressive sills. Indeed,
transgressive sills in southern Hopi Buttes appear to have propagated away from central
massifs (Fig. 7.14), and some sills extend outward from dikes immediately below massif
structures (Fig. 7.3B). Regardless of the dynamics of emplacement, these observations
demonstrate that shallow intrusive networks in the Hopi Buttes would have been

characterized by geometrically complex magma flow.

7.6.4 Implications for other volcanic fields

The strong correlation between eruptive center alignments and dike trends at Hopi

Buttes suggests that statistical alignment studies in monogenetic volcanic fields provide
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reliable, first-order estimates of the orientations of dike feeder systems (Paulsen and Wilson,
2010; Le Corvec et al., 2013a; Muirhead et al., 2015). However, alignment analyses are
unable to resolve the distribution of geometrically complex intrusions, such as transgressive
sills. This study shows that monogenetic volcanoes intruding sedimentary sequences can be
underlain by complex feeder systems. Estimates of the observable volume of dikes (maximum
volume of 1.90 x 10° m?) and sills (minimum volume of 8.47 x 10° m?) in this study, reveal
that sills at Hopi Buttes make up at least 30% of the shallow (<350 m paleodepth) intruded
volume (~2.75 x 10° m® total) (Table 7.2). These sills are essential components of the
observed feeder systems (e.g., Crescent Rocks), connecting with both dikes and pyroclastic
massifs (Fig. 7.3B). Furthermore, observations presented here reveal that saucer-shaped
intrusions are not restricted to major intrusions of large igneous provinces and magmatic
rifted margins, but may be common features, at much smaller scales, in monogenetic fields
erupting through sedimentary sequences. Sills at Hopi Buttes are thinner than those observed
in seismic reflection surveys (which are >10 m). However, they exhibit similar scaling
relations to saucer-shaped sills from seismic reflection and numerical modelling studies (e.g.,
Malthe-Sgrensen et al., 2004; Hansen and Cartwright, 2006b), where the diameter of the sill
(commonly ~1000 m at Hopi Buttes) is between 1.5 and 4 times the depth of the overburden
(300-350 m at Hopi Buttes). We suggest that the characteristic feeder systems described here
may be present beneath monogenetic fields elsewhere, particularly in fields where magma
intersects shallow, and often weak, sedimentary rocks (e.g., Auckland and San Francisco

volcanic fields), thereby promoting sill formation in the subsurface.

Data presented in this study support a growing body of evidence that sills are

important components of monogenetic feeder systems. Nemeth and Martin (2007) found that
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sills form a significant portion of the shallow (~200 m paleodepth) intrusive system of the
Bakony-Balaton Highland Volcanic Field, Hungary. These sills form part of an
interconnected dike-sill network that fed magma to maar-diatreme complexes and other
surface eruptions. Sills also constitute the primary intrusive component of the shallow
plumbing system of the San Rafael volcanic field, USA (Delaney and Gartner, 1997;
Kiyosugi et al., 2012). Recent volume estimates based on ground-based LiDAR surveys and
field mapping in the San Rafael volcanic field show that sill intrusions comprised >90% of
the intruded volume at ~300-800 m depth (Richardson et al., 2015). Some sills appear to have
transported magma directly to and from sub-cylindrical massifs, to both feed and modulate
eruptions at the surface. Furthermore, saucer-shaped intrusions observed at Hopi Buttes in the
current study and described in southwest Jagged Rocks by Re et al. (2015) represent a

previously unrecognized feeder geometry within monogenetic volcanic fields.

These observations suggest that the broad-scale feeder systems of monogenetic
volcanoes may include interconnected dike and sill networks, the dynamics of which
influence the location and style of eruptive activity. Field observations of diatreme and massif
deposits at Hopi Buttes reveal that both vent longevity and eruption style (explosive vs
effusive) at many volcanoes were controlled by magma flow within, and development of,
underlying intrusions (Lefebvre et al., 2012, 2016). The transition from a dike- to a sill-
dominated feeder system shown in this study (Figs. 7.11 and 7.13) thus represents a
fundamental change in the dynamics of the intrusive system, which in turn should act to
modulate eruptive activity at the surface. For example, it is inferred here that development of
transgressive sills may have diverted magma away from a central conduit system (e.g. at

Crescent Rocks; Figs. 7.13 and 7.14), potentially resulting in: (1) cessation of eruptive
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activity, or (2) decreased magma flux into the conduit-feeder system, resulting in increased
water-magma ratios and explosive, maar-forming volcanic activity (Lefebvre et al., 2012;
Valentine and Cortés, 2013; Lefebvre et al., 2016). Recent experimental studies also show
that the transition from a dike to a sill is characterized by significant pressure drops in the
shallow magmatic system (Kavanagh et al., 2015). These authors suggest these pressure
reductions would result in decreased volatile solubility in magma and hence volatile
exsolution. Depending on the magnitude of the pressure drop, the magma system may become
destabilized, triggering additional diking and/or the development of transgressive sills that
initiate volcanic eruptions at the surface (Kavanagh et al., 2015). During an eruptive event,
these evolving dynamics (i.e., dike to sill transition) would likely be signaled by
inflation/deflation of the ground surface associated with sill intrusion (Chadwick et al., 2011;
Galland, 2012; Galland and Scheibert, 2013; Kavanagh et al., 2015; Fig 15). This was
certainly the case during the monogenetic eruption of Paricutin from 1943-1952 (Foshag and
Gonzalez-Reyna, 1956), which exhibited surface uplifts prior to initial eruptions, although it
is unknown whether surface inflation was the result of dike and/or sill emplacement.
Assuming that sill intrusions at Hopi Buttes were accommodated elastically via sill-roof
uplift, an 80 cm-thick, 1,000 m-diameter sill intruding 200 to 350 m below the ground surface
would produce 10 to 60 cm of uplift, based on the scaling arguments of Goulty and Schofield

(2008) (refer to Section 7.8.1).

7.7 Conclusions

Although volcanic fields pose hazards to major cities worldwide, their shallow (<500
m depth) subsurface feeders are rarely exposed and poorly understood. Exposures of dikes,

sills and pyroclastic massifs in southern Hopi Buttes therefore provide a unique window into
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the shallow feeder system of a monogenetic volcanic field. Results from this study show that
the feeder systems to monogenetic volcanoes may be more complex than conventional
depictions of simple dike-fed systems, particularly in fields where magma intersects poorly
consolidated sedimentary rocks. Furthermore, some monogenetic fields may be characterized
by the presence of thin saucer-shaped sills at shallow levels. From this investigation of the
broad distribution and geometries of feeder systems at Hopi Buttes, the following conclusions

are drawn:

1) The agreement between the trends of eruptive center alignments and dikes
suggests that volcanic eruptions were primarily fed by NW-SE-striking dikes.

2) Sills, which often exhibit saucer shapes, comprise a significant proportion of the
shallow plumbing system (minimum of 31% of the intruded volume).

3) Sills were responsible for transporting magma to eruption and/or away from
central conduit systems (pyroclastic massifs), thereby playing a critical role in
modulating eruption dynamics.

4) Intrusion of sills at Hopi Buttes was probably accompanied by surface inflation on

the order of decimeters.

The characteristic feeder systems of the Hopi Buttes may underlie monogenetic fields
elsewhere, particularly where magma intersects shallow, and often weak, sedimentary rocks.
Further field, laboratory and numerical modeling studies are required to improve our
understanding of the geometry and subsurface development of intrusive networks like those
exposed at Hopi Buttes, with the aim of informing hazard forecasting and prediction in active

volcanic fields.
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7.8 Supporting information

7.8.1 Estimating surface uplift from shallow sill intrusion at Hopi Buttes

A simple flexure model (e.g., Pollard and Johnson, 1973; Turcotte and Schubert,
1982; Goulty and Schofield, 2008) was applied to estimate the elastic deformation of the
overburden above a shallowly intruded sill (Fig. 7.16A). This approach has been used in
previous studies (e.g., Goulty and Schofield, 2008) and requires various simplifying
assumptions. Firstly, it is assumed that the overlying sill-roof is homogeneous and behaves as
a thin elastic plate. The boundary conditions applied are as follows: (1) the top of the model
acts as free surface; (2) uplift of the sill roof reduces to zero at and above the periphery of the
sill; and (3) a normal stress acts on the base of the sill equal to the excess magma pressure
within the sill. Lastly, the sill is assumed to grow quasi-statically, and the uplift of the sill-

roof is invariant with depth.

The opening of any magma-filled crack (i.e. dike or sill) at depth (z) requires that
magma pressure (p) within the crack exceeds the least compressive stress, which in an
isotropic stress environment will be equal to the lithostatic stress. At the time of intrusion a

dike or sill will thus have an excess magma pressure, defined as:

Ap =p— pgz (Eq.7.1)
where g is acceleration due to gravity and p is the density of the surrounding country rock.
Following Pollard and Johnson (1973), Goulty and Schofield (2008) calculated the vertical

deflection of an elastic plate (i.e., displacement in the positive z-direction; Fig. 7.16A) above

a circular sill with a constant value of excess magma pressure from the following equation:
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u(r) = <& (R = 12)%, r <R, (Eq. 7.2)

where R is the radius of the sill (half-length), r is the radial position on along the sill, and D is

flexural rigidity of the sill-roof defined by:

Eh3
b= 12(1-12) (Eq. 7.3)

where E is Young’s modulus, 4 is the thickness of the sill roof, and v is Poisson’s ratio. The
excess magma pressure of a fluid-filled crack (e.g., dike or sill) may be estimated from its

maximum thickness (%) from the following equation (Sneddon and Lowengrub, 1969):

_ (tmaxE)
P=ia-m (Eq. 7.4)

where [ is the intrusion length. By substituting Ap in eq. 7.2 with eq. 7.4 the surface uplift or

vertical deflection of the sill roof () may be calculated from the following equation:

(3tmax)
u(r) = (S2e2) (R? - 72)%, r <R, (Eq. 7.5)

From eq. (7.5) a range of possible surface uplifts are calculated for sill intrusions at 50
m depth-intervals in the Owl Rock and Petrified Forrest members (~200 — 350 m paleodepth)
(Fig. 7.16B). A sill thickness equal to the mean value measured in the field (0.8 m) is applied,
as well as a sill radius (500 m) similar to that observed at Crowne Butte, Crescent Rocks and
southwest Jagged Rocks (Re et al., 2015). Results show that shallow sill intrusions in the
Hopi Buttes volcanic field may have produced surface uplifts between 10 and 60 cm (Fig.

7.16B).
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Figure 7.16. A: Schematic illustration of a cross-section through a circular sill and the resulting flexural uplift of
the sill-roof. Modified from Goulty and Schofield (2008). B: Plot of vertical displacements (surface uplift) for
different radial positions (7) above a circular sill with a maximum thickness of 0.8 m and radius of 500 m. Each
line color corresponds to a sill intruded at a different depth (k).

7.9 Supporting methods

7.9.1 Length tolerance for eruptive center alignments

Structural alignment analyses of eruptive centers in this study follow the method of Le

Corvec et al. (2013a). Regression lines were calculated for any three separate eruptive centers
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(i.e., massifs and diatremes). Alignments were then accepted or rejected based on length and
width criteria (Fig. 7.5). In accordance with Le Corvec et al (2013a), a width tolerance of 10
m was used, whereas the length tolerance depended on the eruptive center density within the
field (Fig. 7.17A). Eruptive center density was calculated by dividing the number of eruptive
centers by the area of the volcanic field estimated using a convex hull, which is a polygon
encompassing the entire field area and generated by connecting the least amount of outermost
points of the eruptive center population (Hamilton et al., 2010) (Fig. 7.17B). By comparing 3-
point alignment data calculated using various length tolerances with morphometric volcanic
lineaments (e.g., elongate cones; Tibaldi, 1995) in well-exposed volcanic fields, Le Corvec et
al (2013a) created a procedure for minimizing artifacts from alignment analyses. Specifically,
the length tolerance (L) for any field can be determined from the density of volcanic centers

(d), using the equation:

L(d) = —2530In(d)-36905 (eq. 7.6)

Base on this equation, a length tolerance for Hopi Buttes alignments of 3878 m was applied in

this study (Fig. 7.17A).
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Figure 7.17. A: Plot of eruptive center density vs maximum length tolerance for alignments in the Hopi Buttes
volcanic field (red point, this study) and a catalogue of monogenetic volcanic fields worldwide (data from Le
Corvec et al., 2013a). B: Distribution of eruptive centers (diatremes and massifs) in southern Hopi Buttes from
this study. The convex hull (black polygon) is used to calculate the area of the field.
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CHAPTER 8: SYNTHESIS

8.1 Summary of key findings

By integrating structural measurements and field observations with geochronology,
geochemistry, and seismicity data, this dissertation has investigated the ways in which
tectonic and magmatic processes control faulting, magmatic strain accommodation, fluid
transport, and volcanic eruptions. Overall, my work has focused on the role of magmatism,
inherited crustal weaknesses, and volatile release in continental rift evolution in the East
African Rift (EAR), with implications for magma-rich continental rifts in general (Chapters 2-
5). I have also examined the eruption-feeding capacity of interconnected sill complexes over a
range of volcanic systems, from small monogenetic fields to large igneous provinces
(Chapters 6-7). Below, I revisit each of the five key motivating questions outlined in Chapter

1 in light of new insights developed during my dissertation.

Question 1: How do the orientations and spatial occurrences of upper crustal dike networks

vary over the course of continental rift evolution?

Cone lineament data presented in Chapter 2 represent the first regional analysis of
along-axis variability in dike intrusions across the East African Rift. Results show that over
the past ~1 million years, dikes have rarely reached the surface along the central axis of early-
stage rift basins (<10 Ma) in the Eastern rift (e.g., Natron and Magadi basin). Instead, upper
crustal diking in these basins is confined to transfer zones, where the dikes have complex
geometries, including extension-normal, extension-oblique, and radial patterns. The observed
dike arrangements are likely the result of interactions among the regional stress field, local

magma-induced stresses, and stress rotations related to mechanical interactions between rift
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segments. In contrast, results show that evolved rift basins (>10 Ma) in the Eastern rift are
heavily intruded by rift-parallel dikes that accommodate upper crustal extension along the full

length of the basin.

These observations provide new understanding of the importance of magmatic
processes during rift initiation and evolution, by addressing whether upper crustal dikes play a
key role in accommodating regional extension during early-stage rifting. Recently, Calais et
al. (2008) suggested that a significant portion of regional extension in early-stage basins in the
Eastern rift is accommodated through emplacement of dikes. However, these assertions were
based on a single observation of a <10 km-long dike at the southern end of the Natron basin
(South Natron field of Chapter 2), inferred from InSAR and seismicity. Analyses presented in
this dissertation provide an opportunity to reinterpret the 2007 diking event within the overall
structural context of the rift. My work demonstrates that dike intrusions in the South Natron
field are restricted to particular structural zones, in this case transfer zones. For this reason,
diking events in southern Natron do not represent a basin-wide mode of upper crustal strain
accommodation, and more often relate to local perturbations in the tectonic-magmatic stress
regime (e.g., pressurized magma chambers). The inferred scarcity of upper crustal dikes along
the length of the Natron-Magadi basin instead suggests that normal faulting acts as the
primary mode of upper crustal strain accommodation in this part of the rift. As rift basins in
the Eastern rift evolve, however, upper crustal diking becomes more prevalent, and rift-

parallel swarms begin to accommodate extension along the full length of basins.
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Question 2: What is the volume of fault-controlled magmatic CO; released along the East

African Rift, and the role of magmatic volatiles in driving rift basin development?

This dissertation presents the first diffuse CO, flux study investigating degassing away
from active volcanic centers in the East African Rift. Analyses in Chapter 3 show that tectonic
degassing of CO; across rift-wide fault systems in East Africa can release volumes of mantle-
derived (i.e., magmatic) CO; rivaling those released from active volcanoes. Extrapolating
results across the Eastern rift suggests that the EAR releases on the order of 71433 Mt yr™' of
CO, through its fault systems. These results highlight continental rifts as important
contributors to Earth’s natural CO, budget, suggesting they may play an important role in

modulating greenhouse conditions, particularly during periods of super-continent breakup.

The high amounts of magmatic CO; released in the Natron and Magadi region has
wider implications for the role of magmatism in early-stage continental rifting. Although the
Natron and Magadi basins have been largely “avolcanic” over the last ~1 million years,
significant volumes of intruded magma are required at depth to sustain these high CO; fluxes.
In support of this assertion, recently acquired seismic tomography data by Roecker et al.
(2015) reveal an axial low velocity zone between ~15 and 35 km depth along the Natron-

Magadi region.

Although upper crustal diking may not play a critical role in rifting in the Natron and
Magadi basins, the emplacement of magma at deeper levels (i.e., upper mantle and/or lower
crust) may have had an indirect, yet important, effect. Fault strain analyses presented in
Chapter 4 show that areas of high upper crustal strain coincide with hydrothermal spring

systems exhibiting a magmatic signature. The focusing of magma toward the rift center and
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concomitant release of magmatic fluids may help to weaken lithosphere and assist the
transition to intra-rift dominated strain accommodation. Magmatic fluid-driven weakening of
lithosphere provides a previously unrecognized mechanism for focusing strain during rift
basins evolution (c.f., Ebinger and Casey, 2001; Cort, 2009) prior to the development of
magmatic centers and the initiation of nascent sea-floor spreading, like that observed in

Ethiopia today (Keranen et al., 2004; Keir et al., 2011a; Wright et al., 2012).

Question 3: How do preexisting structures affect faulting and strain localization during rift

initiation and evolution?

Chapter 5 provides a revision of the timing and kinematics of transverse faults that
exploit preexisting weaknesses in the Kenya Rift, by analyzing the Kordjya fault of the
Magadi basin. Previous studies in East Africa have highlighted the importance of preexisting
structures during rift initiation (e.g., Chorowicz, 1992), but this study demonstrates that the
activation of preexisting weaknesses is important at all stages of rift evolution. Furthermore,
the detailed analysis of the Kordjya fault reveals contrasts with classical depictions of
transverse faults (e.g., Chorowicz, 1992; Chorowicz and Sorlien, 1992; Le Turdu et al., 1999;
Ebinger, 2005). First, the Kordjya fault post-dates, and even exploits, the rift-parallel fault
systems. Second, it exhibits dip slip kinematics rather than a component of dextral or sinistral

shear.

These findings are significant because the recent tendency for dip-slip activity along
the Kordjya fault, rather than rift-parallel faults, suggests a change in rift driving forces. The
relative timing between the development of the Kordjya fault and the rift-parallel segments

suggests that the Kordjya fault has activated in response to concentrated magmatism and



259

normal faulting along the central rift axis. The fault is inferred to act as a critical kinematic
linkage transferring strain between the rift border and central rift axis. Results from this study
have implications for other transverse fault systems throughout Kenya — namely, they reflect
not only the effects of inherited crustal fabrics on fault dynamics, but may also provide

important clues regarding evolving magmatic and tectonic stain fields within the Kenya Rift.

Question 4: What is the typical geometrical arrangement of LIP feeder systems and are sill

networks capable of feeding voluminous lava eruptions?

Chapter 6 involved the first regional analysis of sill-fed dike intrusions of the Ferrar
large igneous province (LIP), Antarctica, and has highlighted a previously unrecognized
feeder system to LIP eruptions. The Ferrar intrusions form a broadly-distributed array of
relatively small, sill-fed dikes (<2 km long, 1.8 m wide) exhibiting almost any orientation.
This sill-fed dike network contrasts with the long (100s to 1000s of km) sub-parallel dike
swarms often depicted as the feeders of flood basalt provinces, and has the appearance of a
“cracked 1id” atop a sill complex. This study demonstrates that shallow magma systems
composed dominantly of sills are capable of feeding voluminous outpourings of lava, and
highlights the important role that sills play in feeding active volcanic system that span the full

spectrum of eruptive volumes.

The conditions that determine whether flood basalt lavas of LIPs will be fed by sub-
parallel aligned dike swarms (e.g., Columbia River Flood Basalts; Self et al., 1997) or a
cracked lid system (e.g., Ferrar LIP; this study) require further consideration, but are inferred

here to relate to both the regional tectonic environment and host rock lithology. The cracked
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lid may be the archetypal model for shallow feeder systems of LIPs that intruded sedimentary

basins where the influence of far-field extensional tectonics is negligible.

Question 5: What processes govern the intrusive architecture of monogenetic fields, and how

does their development affect eruptive style and vent location?

Field- and satellite-based observations of the 7 Ma Hopi Buttes volcanic field
presented in Chapter 6 have elucidated three types of shallow magma systems (<500 m depth)
in monogenetic volcanic fields: (1) dike-dominated, (2) sill-dominated, and (3) interconnected
dike-sill networks. These results show that feeder systems to monogenetic volcanoes may be
more complex than conventional depictions of simple dike-fed systems. Furthermore, some
monogenetic fields may be characterized by the presence of thin saucer-shaped sills at
shallow levels. The likelihood that an intrusion will transition from a dike to a sill is probably
controlled by host rock layering. At Hopi Buttes, rigidity contrast between stronger (e.g.,
consolidated sandstone) and weaker layers (e.g., mudstone) may have produced local stress
rotations. Alternatively, viscously deforming, weak country rock could have prevented

vertical dike ascent, with magma instead intruding laterally between bedding horizons.

Agreement between the trends of eruptive center alignments and NW-SE-striking
dikes suggests that volcanic eruptions in the Hopi Buttes were primarily fed by dikes.
However, sills too were responsible for transporting magma to eruption and/or away from
eruptive conduits, thereby playing a critical role in modulating eruption dynamics. Dike-sill
transitions observed at Hopi Buttes also provide a previously unrecognized mechanism for
lateral vent migration during monogenetic eruptions. Changes in eruptive sites are often

viewed as a consequence of lateral dike propagation (e,g., Standing Rocks (Arizona),
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Tecuitlapa Maar (Mexico); Ort and Carrasco-Nuiiez, 2009; Lefebvre et al., 2012). This study
shows the lateral magma diversions in monogenetic fields can also occur through the
formation of sills (often saucer-shaped), which can lead to new eruptive sites 100s meters
away from active vents. If these sill-related magma diversions do not ultimately feed
eruptions, the migration of magma away from the central feeding region may change magma-

water ratios, possibly leading to explosive phreatomagmatic volcanism.

8.2 Future perspectives

Findings presented in this dissertation highlight new avenues of research that will
advance our understanding of the dynamics of magmatic-tectonic systems and continental rift
processes. Firstly, this work highlights a fundamental question related to how we view
subsurface intrusive networks in the East African Rift. To what extent are we biased towards
the identification of dike intrusions? The current scientific consensus is that Quaternary
magmatism in East Africa is almost entirely dominated by the emplacement of dikes (e.g.,
Kendall et al., 2005; Mazzarini et al., 2007; Rooney et al., 2011; Calais et al., 2008; Keir et
al., 2011a; Wright et al., 2012). However, continental rifting and break-up, like that seen
today in East Africa, is commonly associated with the formation of sedimentary basins and
generation of significant mafic melt volumes. Chapters 6 and 7 show that magma ascent
through sedimentary sequences may often occur through sill networks. In line with this
assertion, volcanic rifted margins are shown to host laterally and vertically extensive sill
complexes (Cartwright and Hansen, 2006; Magee et al., 2016). Very few studies in areas of
active continental break-up consider the potential role of sills within volcanic plumbing
systems. Nonetheless, recent InSAR studies have recorded emplacement of sill-like intrusions

in rift basins in Ethiopia, Kenya, and Tanzania (Biggs et al., 2009b; Biggs et al., 2011; Pagli
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et al., 2012, Biggs et al., 2013), which is further supported by recent observations of sub-
horizontally oriented seismic swarms interpreted to reflect sill intrusion between Oldoinyo
Lengai and Gelai volcanoes, Tanzania (Weinstein et al., 2015). Together, these observations
imply that magma migration in the East African Rift may be facilitated by sill-complex
intrusion, in addition to dike emplacement. However, the role that sills play in magma
transport in East Africa is poorly constrained and upper crustal sills are not incorporated into
calculations of total magma volumes (Ferguson et al., 2010). Furthermore, sill complex
formation and subsequent thermal weakening of the crust during rift development represents a

currently unexplored mechanism for driving strain localization and continental rift evolution.

Second, rates of magma production during continental rifting in East Africa are poorly
constrained, despite having important implications for how rifting initiates and contributes to
the growth of continental lithosphere. The flux of magmatic volatiles at the surface is
expected to relate to the volume (and rate) of magma emplaced in the subsurface. However,
volatile flux measurements in the EAR have never been used to infer magma emplacement
rates at depth. Future work should aim to constrain the relationship between geophysically
imaged magma systems and magmatic CO; flux at the surface. These observations could be
integrated with numerical models that account for extensional and thermal-petrographic
processes in rift settings (e.g., Karakas and Dufek, 2015) to provide a range of magma supply

and accretion rates for rift basins in the EAR.

Third, the effects of H,O infiltration on deformation processes (e.g., dislocation creep)
has long been a focus for rock mechanical studies (Griggs and Blacic, 1965; Tullis and Yund,
1989; Post and Tullis, 1998; Stipp et al., 2006), due in part to the well-known effect of water

release on subduction zone processes (Saffer and Tobin, 2011, and references therein).
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Results from this dissertation (Chapters 3-5), as well as recent work in the EAR (Lindefeld et
al., 2012; Albaric et al., 2014; Mana et al., 2015), suggest CO,-rich fluids have a fundamental
effect on the evolution of divergent plate boundaries, where the release of magmatic CO, may
weaken rock though mantle metasomatism and increases in pore-fluid pressure.

Consequently, future rock mechanical studies should focus on the effects of carbonic fluids on

rock strength (e.g., Chernack et al., 2009) in extensional environments.

Finally, how does diking in transfer zones affect extensional processes across the rift?
Although upper crustal dikes at some rift settings are confined to transfer zones, they clearly
intrude laterally into the distal ends of rift basins (Wauthier et al., 2015; Chapter 2). These
intrusions are therefore expected to affect the extensional stress state within adjacent rifts. For
example, the 2002 dike intrusion in the Virunga Province (refer to Fig. 2.10, Chapter 2) was
shown by Wauthier et al. (2015) to produce static stress changes in the center of the Kivu
basin, which in turn initiated fault slip along the rift border. However, numerical and analog
modeling studies investigating the mechanical effects of dike intrusion focus on diking along
the central rift axis rather transfer zones. Future studies should consider how the locus of
diking shifts laterally through time (transfer vs central rift axis), and test the mechanical

interactions and feedbacks between magmatic and amagmatic portions of rift basins.
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APPENDIX A

Supplementary data for Chapter 2

Data used in this study can be accessed in the accompanying CD-ROM, or, online at the

following website:

http://onlinelibrary.wiley.com/doi/10.1002/2015GC005918/full

Summary of content:

The 4 tables provided summarize all data used in this study. These tables are available as

Excel spreadsheets.

Table Al. Locations and lineament trends produced by volcanic cones in this study.

Table A2. Vent alignment locations and orientations.

Table A3. Fault locations, lengths and orientations.

Table A4. Focal mechanism data for the North Tanzanian Divergence.
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Table B1. Diffuse CO, flux data (in g m™ d™") for different structural zones in the Magadi and
Natron basin study areas.

Magadi basin Natron basin
fault zone hanging footwall fault zone hanging footwall
wall wall
number of data 174 186 93 71 24 17
mean flux 36.6 8.8 1.9 17.2 11.7 1.1
error (95% conf.) 11 2.6 1.4 5 6.8 0.8
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Table B2. Summary of diffuse CO; flux for the Magadi-Natron basin, including mean and
total flux from different structural zones, and estimated annual flux from each study area.

study area structural mean flux area total flux | annual flux
zone (gm*d? (km®) (gd?h Mt yr)
fault zones | 36.6+11.0 72.9 2.7x10° | 0.98+0.29
hanging walls | 8.8 +2.6 150.7 13x10° | 048 +0.14
Magadi footwalls 19+ 1.4 183.8 35x10° | 0.13+0.10
total 407.5 1.59 +0.53
fault zones 17.2+£5.0 33.1 57x 10 | 0.21 £0.06
hanging walls | 11.7 £6.8 526.5 6.2x10° | 2.25+1.31
Natron footwalls 1.1+0.8 14.4 1.6x107 | <001
total 574 2.46 +1.37

Mean and annual flux values are within 95% confidence



Table B3. Locations, temperatures, and pH of springs in the Magadi-Natron basin.
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D Jatitude (S°) | longitude (E°) Tegn?%a)‘tur pH
KN14-S01 | 185744 | 3621900 48.4 8.9
KN14-S02 | 186319 | 3621983 477 9.3
KN14-S03 | 183581 | 3621839 46.4 9.1
KN14-S04 | 184329 | 3621583 34.1 i
KN14-505 | 200228 | 3623148 447 9.8
Magadi | KNI14-S06 | 199825 | 3623131 44.6 9.9
KN14-S07 | 200284 | 3622848 39 9.8
KN14-S08 | 172756 | 36.28086 83.5 9.5
KN14-509 | 172547 | 3627828 82.3 9.3
KN14-S10 | 172461 | 3627308 i i
KN14-S11 | 185989 | 3630636 35 10
TZ14-S01 | 237314 | 35.90581 50.7 10.3
TZ14-502 | 239228 | 35.89828 512 10.3
TZ14-S03 | 245581 | 36.08842 $3.1 9.5
Natron TZ14-S04 | 252733 | 36.04928 i i
TZ14-505 | 252733 | 36.04928 38.1 93
TZ14-S06 | 2.59283 | 36.01597 36.8 9.2




Table B4. Locations, gas compositions, carbon isotope values (8"*C-CO,), and structural

divisions of measured gas samples from the Magadi and Natron basin study areas and
Oldoinyo Lengai North Crater.
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Area sa;r]g)le location Ar N, 0, CO, zone H, C4H CcO SCHOCZ_ zone
latinolde Longiotude vol. % ppm %o VS.
%) &%) PDB

Al1P44 1.828625  36.167317 0.70 83.19 16.02 944.42 6.84 8.26 b.d. b.d. -8.5 FZ
AIP63 1.84275 36.165028 0.70 83.28 15.94 832.00 7.11 5.45 b.d. b.d. 9.2 FzZ
Al1P43 1.828289  36.167503 0.85 82.27 16.79 824.71 221 6.14 b.d. 16.03 =11 FzZ
AIP39 1.829833  36.165639 0.71 83.64 15.56 863.52 7.23 5.47 b.d. b.d. -9.6 HW
AlIP67 1.845944  36.164417 0.67 78.47  20.78 800.38 7.44 5.63 b.d. b.d. -8.7 FzZ
A2P82 1.838444  36.200167 0.66 80.61 18.66 642.53 6.49 5.35 b.d. b.d. -8.1 FzZ
A2P76 1.843972  36.198778 0.69 81.51 17.74 645.68 6.82 9.16 b.d. 16.32 -8.0 FzZ
A2P69 1.848028 36.1975 0.68 80.45 18.78 869.88 6.60 6.07 b.d. b.d. -10.1 FZ
A2P86 1.834333  36.201639 0.66 80.85 18.42 688.76 7.29 5.62 b.d. b.d. -7.8 FW
A3P5 1.859028  36.216361 0.76 7894 2022 803.95 0.96 5.86 b.d. b.d. -8.4 FZ
A3P13 1.8575 36.218989 0.70 82.03 17.15 1223.27 9.21 4.26 b.d. b.d. 9.1 FZ
A3P9 1.856528  36.216472 0.81 7697 2215 698.69 1.49 5.40 b.d. b.d. -9.9 HW
A3P18 1.859328  36.219308 0.59 79.38 19.84 1882.03 13.47 437 b.d. b.d. -7.6 FZ
A3P8 1.856833  36.216667 0.70 81.43 17.81 544.99 10.88 8.60 b.d. b.d. -7.2 FzZ
A3P21 1.85575 36.218472 0.70 83.55 15.36 3803.59 7.51 6.70 b.d. b.d. -7.9 FzZ
Magadi A4P27 1.835535 36.21852 0.86 82.60 16.46 768.65 1.47 4.57 b.d. b.d. -8.5 FzZ
A4P9%4 1.834439  36.222847 0.66 80.38 18.86 994.93 5.74 8.15 b.d. 15.77 -1.5 HW
A4P82 1.844181  36.219661 0.86 82.32 16.70 1201.33 1.41 13.01 b.d. b.d. -7.1 HW
A4P101 1.834103  36.220825 0.68 80.96 18.23 1314.96 6.61 6.58 b.d. b.d. -1.3 HW
A4P111 1.836356  36.219469 0.82 81.82 17.31 578.11 7.43 6.45 b.d. b.d. -1.3 HW
A4P113 1.8369 36.220089 0.71 80.05 19.14 990.99 7.67 6.11 b.d. b.d. -7.1 HW
A4P81 1.844089  36.219269 0.65 81.23 17.99 1223.57 6.45 12.23 b.d. 18.19 -6.5 HW
A4P90 1.844239  36.222794 0.68 82.28 16.95 919.84 5.70 8.27 b.d. b.d. -1.5 FZ
A4P99 1.834244  36.221225 0.81 80.60 18.49 1025.56 2.30 5.75 b.d. b.d. -7.4 HW
A4P108 1.835656  36.218458 0.82 80.51 18.62 464.87 10.02 4.94 b.d. b.d. -79 FZ
A4P115 1.837517  36.220681 0.70 81.67 17.53 988.54 7.20 6.40 b.d. b.d. -5.9 HW
A4P120 1.838653  36.221867 0.69 82.52 16.68 1053.10 11.22 4.88 b.d. b.d. -1.5 FzZ
ASP19 1.815472  36.205722 0.79 79.51 19.65 520.77 8.36 6.44 b.d. b.d. -8.3 HW
A5P24 1.816417  36.207694 0.68 82.31 16.91 958.17 10.92 3.74 b.d. b.d. -7.8 FzZ
AS5P34 1.824361  36.203278 0.69 80.32 18.91 835.54 9.20 9.12 b.d. 11.93 -8.6 HW
A5P21 1.815889 36.2065 0.79 82.61 16.53 663.78 8.99 4.47 b.d. b.d. -1.4 HW
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Al14P7 1.735419  36.283494 0.65 71.72 21.51 1202.78 6.02 6.74 b.d. b.d. -8.3 FzZ
A14P10 1.730081 36.281619 0.69 81.60 17.49 2058.20 6.80 6.23 b.d. 16.86 -8.6 FzZ
Al14P21 1.719167  36.269775 0.85 80.44 18.56 1420.52 32.71 10.04 b.d. 17.82 -8.9 FZ
Al4P1 1.727233  36.283283 0.68 80.96 18.28 787.91 6.45 5.72 b.d. b.d. -9.6 FW
Al4P4 1.731719  36.283842 0.68 82.13 17.11 771.18 5.77 11.76 b.d. b.d. -9.1 HW

T1P1 2.373139  35.905806 0.67 81.78 17.47 773.14 8.26 5.42 b.d. 0.00 -9.3 FzZ

T1P2 2.373083 35.905278 0.69 82.51 16.69 1068.13 7.57 6.23 b.d. 14.40 -1.5 FZ

T1P5 2.372639  35.904167 0.74 84.09 15.08 872.89 8.48 7.14 bd. 2481 -7.8 FZ
T1P12 2.375583  35.904111 0.73 83.41 15.78 779.56 8.27 9.96 bd.  20.67 -1.9 FZ
T1P18 2.385 35.905194 0.73 83.83 15.34 988.28 8.04 5.96 b.d. 0.00 -8.8 FZ
T1P23 2.392278  35.898278 0.73 84.07 15.12 879.30 7.98 6.49 b.d. 0.00 -8.3 FZ
T3P12 2.679528  35.882139 0.72 83.73 15.46 807.21 7.87 10.21 b.d. 0.00 -1.5 FZ
T3P13 2.6795 35.882389 0.70 83.83 15.38 882.85 7.37 6.17 b.d. 16.22 -8.1 FZ
T3P14 2.6795 35.882722 0.72 81.05 18.13 961.39 6.20 6.24 b.d. 18.98 -1.9 FZ
T3P17 2.679833 35.882667 0.76 83.66 15.49 872.08 7.40 6.11 b.d. 15.45 -8.0 FzZ
T3P22 2.680667  35.882889 0.70 81.08 18.15 699.21 6.90 11.90 b.d. 0.00 -1.7 FZ
T3P26 2.680694  35.884056 0.71 83.61 15.56 1183.75 7.05 5.76 b.d. 0.00 -9.9 FzZ
T3P28 2.680657  35.884472 0.72 80.80 18.38 865.70 7.09 5.55 b.d. 0.00 -9.8 FzZ
T3P34 2.679583 35.8855 0.61 83.67 15.66 683.20 7.73 6.55 b.d. 0.00 -1.7 FZ
T3P35 2.678889 35.88525 0.68 82.19 17.02 1033.39 7.66 9.76 b.d. 15.90 -10.6 FZ
T5P45 2.767 36.044861 -11.7 HW

Natron

T6P7 2.453806  36.086861 0.85 77.64 21.39 1214.85 5.82 8.35 bd.  21.70 -6.4 Fz

T6P9 2.453944  36.087556 0.81 81.12 17.97 908.40 8.30 5.94 b.d. 0.00 -1.4 FzZ

T6P3 2.453556  36.086111 0.82 81.65 17.44 922.00 7.89 5.80 b.d. 0.00 -1.7 FzZ

T6P6 2.453778  36.086611 0.80 79.00 20.06 1414.51 7.18 6.25 b.d. 0.00 272 Fz
T6P11 2.453889  36.088278 0.84 80.19 18.87 1034.56 8.78 7.39 b.d. 16.76 -7.8 FzZ

T6P2 2.453 36.085944 0.86 83.62 15.43 879.47 13.15 11.22 b.d. 19.29 -8.6 HW
T6P13 2.45425 36.088667 0.83 79.15 19.93 872.40 9.54 9.50 b.d. 0.00 -8.7 FZ
T6P16 2454972  36.088806 0.88 83.85 15.19 829.02 9.58 12.10 b.d. 14.96 -8.7 FwW

125
T7P27 2.526639  36.045278 0.85 81.60 17.33 1012.82 9.62 10.44 0.0 0.00 -6.2 FzZ
3

T7P31 2.5265 36.046583 0.88 82.90 16.14 795.65 9.74 6.41 b.d. 15.62 -6.4 Fz
T7P29 2.526083 36.046111 0.88 83.97 15.06 808.82 9.74 6.33 bd. 2235 -6.5 FzZ
T7P24 2.526639  36.044278 0.81 82.33 16.76 957.88 9.78 10.15 b.d. 0.00 -1.7 FZ
T7P22 2.526361 36.043667 0.84 83.75 15.31 995.48 9.32 11.58 b.d. 18.75 -8.8 FZ
T7P23 2.526389  36.043972 0.87 83.36 15.68 888.45 9.57 9.78 b.d. 0.00 -8.7 FzZ
T7P35 2.527333 36.049278 0.87 83.75 15.29 762.89 9.52 10.10 b.d. 19.22 -8.1 Fw
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T8P42 2.59325 36.015889 0.90 81.56 17.44 925.20 10.26 6.20 b.d. 15.73 -7.8 FzZ
T8P36 2.592333  36.014194 0.92 83.52 15.43 122422 10.44 6.37 b.d. 0.00 -8.2 FzZ
T8P38 2.592472  36.014778 0.84 79.33 19.74 853.63 9.65 5.44 b.d. 0.00 -8.6 FzZ
T8P40 2.592889  36.015333 0.93 83.36 15.60 1072.86 11.80 5.72 b.d. 0.00 9.1 FzZ
TOP47 2.610667  35.989583 0.87 83.67 15.37 887.28 10.64 6.16 b.d. 19.08 9.1 HW
TOP49 2.606694  35.971306 0.83 82.24 16.86 669.92 9.44 591 b.d. 0.00 -10.6 HW
TOP52 2.618306  35.927556 0.64 77.08 22.19 788.17 6.82 6.94 b.d. 15.86 -9.8 HW
TOP53 2.620972  35.908028 0.69 83.42 15.78 1040.75 7.79 6.72 b.d. 16.62 -9.7 HW
OL21 2.761513 35.91533 -5.7
Oldoiny
o Lengai
North OL23 2.761339  35.915594 0.83 83.16 15.14 8655.19 9.82 6.49 bd. 2148 -3.0
Crater
OL24 2761322 35.915638 0.83 83.16 15.29 7091.05 9.79 12.26 b.d. 2051 2.2

FZ: fault zone. HW: hanging wall. FW:

chemistry data for T5P45 and OL21.

footwall. b.d.: below detection limit. No gas
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APPENDIX C

Supplementary data for Chapter 4

Data used in this study can be accessed in the accompanying CD-ROM.

Summary of content:

Table C1. Supplementary Geological Map of the Natron and Magadi region.

Table C2. Incremental-heating 40Ar/39Ar data for newly analyzed Natron and Magadi

volcanic rocks.
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APPENDIX D

Supplementary data tables for Chapter 6

Summary of content:

Data used in this study come from 644 dike intrusions in South Victoria Land,
Antarctica. Data have been collected and compiled from number maps, publications, and
theses released over the past 30 years. The newly compiled data set has been supplemented by
an additional 136 dikes observed and measured using DigitalGlobe images (1-2 m pixel
resolution) courtesy of Google Earth (Table D1). Field measurements of dike dip and mean
dike-segment thickness come from 5 previous studies (Tables D2 & D3). The total exposure
area of Beacon Supergroup and Mawson Formation rocks in the study area was measured

from 8 published maps in the South Victoria Land region (Table D4).

Table D1. Strikes, lengths and coordinates (WGS 84) of all dikes in South Victoria Land form
this study.

1D Area (;{ﬁggs.t;ft) 13;-[{5 (I:i?]l(l felj(liz) 13;-[{5 L(znmg)th ( dsegi::s) Reference
start) end)
1 Beacon Heights 161.040 77.853 161.033 77.867 1841 2 Cox et al. (2012)
2 Beacon Heights 161.139 77.846 161.171 77.856 1317 141 Cox et al. (2012)
3 Beacon Heights 161.150 77.865 161.197 77.866 1098 92 Cox et al. (2012)
4 Beacon Heights 161.197 77.866 161.242 77.870 1183 107 Cox et al. (2012)
5 Olympus Range 160.788 77.473 160.869 77.466 2119 64 Cox et al. (2012)
6 Olympus Range 160.874 77.487 160.900 77.487 614 86 Cox et al. (2012)
7 Olympus Range 160.929 77.494 160.933 77.498 459 163 Cox et al. (2012)
8 Olympus Range 160.980 77.494 161.010 77.505 2381 145 Cox et al. (2012)
9 Olympus Range 160.986 77.504 161.027 77.518 1879 144 Cox et al. (2012)
10 Olympus Range 160.701 77.516 160.733 77.516 782 85 Cox et al. (2012)
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29
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31
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36
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Cruzen Range
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Insel Range
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Cruzen Range
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161.055
160.516
159.741
160.041
160.298
160.317
160.297
160.374
160.315
160.567
160.600
161.040
161.197
161.167
161.177
161.196
161.352
161.391
161.441
161.390
161.283
161.256
161.285
161.391
161.402
161.426
161.426
161.558
161.585
161.275
161.055
161.215
161.227
161.328
161.331
161.127
161.109
161.274
161.336
161.336
161.302
161.397

77.389
77.354
77.199
77.187
77.203
77.181
77.191
77.224
77.219
77.244
77.183
77.853
77.332
77.337
77.338
77.335
77.392
77.406
77.386
77.391
77.466
77.496
77.501
77.473
77.481
77.479
77.479
77.465
77.466
77.322
77.474
77.553
77.552
77.556
77.599
77.607
77.621
77.598
77.599
77.599
77.618
77.611

161.088
160.534
159.756
160.038
160.302
160.333
160.321
160.372
160.358
160.610
160.606
161.026
161.210
161.194
161.189
161.193
161.379
161.390
161.512
161.473
161.292
161.282
161.329
161.391
161.426
161.465
161.431
161.587
161.615
161.350
161.336
161.253
161.256
161.343
161.336
161.147
161.124
161.331
161.346
161.333
161.331
161.338

77.388
77.355
77.202
77.198
77.196
77.183
77.191
77.229
77.235
77.234
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77.865
77.326
77.334
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77.341
77.394
77.410
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77.389
77.482
77.489
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77.481
77.479
71.476
77.486
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77.484
77.330
77.480
77.543
77.547
77.552
77.599
77.602
77.616
77.599
77.600
77.612
77.599
77.600

876
436
548
1206
717
455
612
567
2056
1496
602
1556
824
739
345
604
700
475
2277
2069
1810
1013
1436
917
627
1019
893
2488
2126
2073
7001
1428
930
611
119
742
615
1401
241
1461
2261
1971

76
101
133
178

112
80
180
144
42
160

19
59
56

102
178
113
79
169
35
44
176
68
65
169
160
156
112
92
36
45
35
87
37
34
92
104
179
15
126
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Asgard Range
Asgard Range
Asgard Range
Asgard Range
Asgard Range
Asgard Range
Fenrir Valley
Fenrir Valley
Fenrir Valley
Fenrir Valley
Fenrir Valley
Fenrir Valley
Fenrir Valley
Fenrir Valley
Olympus Range
Insel Range
Fenrir Valley
Fenrir Valley
Fenrir Valley
Odin Valley
Asgard Range
Odin Valley
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
Beacon Heights
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Beacon Heights

161.190
161.149
161.244
161.272
161.285
161.364
161.719
161.717
161.716
161.719
161.735
161.745
161.895
161.556
161.231
161.416
161.712
161.709
161.719
161.831
161.352
161.959
160.054
160.057
160.062
160.442
160.439
160.553
160.922
160.939
160.750
160.926
160.970
160.883
160.964
160.854
160.587
160.875
160.878
160.904
160.918
160.907

77.626
77.635
77.681
77.663
77.673
77.672
77.607
77.605
77.601
77.599
77.592
77.589
77.622
77.699
77.483
77.379
77.605
77.609
77.607
77.789
77.597
77.792
77.844
77.839
77.836
77.926
77.934
77.910
77.899
77.869
77.871
77.854
77.854
77.841
77.825
77.800
77.811
77.887
77.885
77.879
77.876
77.874

161.172
161.145
161.244
161.277
161.291
161.380
161.728
161.733
161.727
161.739
161.750
161.771
161.903
161.558
161.243
161.429
161.719
161.719
161.729
161.861
161.368
161.974
160.070
160.075
160.076
160.441
160.440
160.564
160.947
160.922
160.740
160.970
160.984
160.961
160.963
160.857
160.598
160.881
160.890
160.918
160.930
160.915

77.602
77.630
77.679
77.658
77.670
77.668
77.610
77.606
77.604
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77.598
77.592
77.622
77.696
77.494
717.375
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77.793
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77.792
77.848
77.842
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77.930
77.940
77.909
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77.833
77.830
77.813
77.804
77.885
77.883
71.877
77.873
77.871

2763
541
252
586
315
555
345
429
397
566
800
738
212
374
1260
568
313
306
260
817
781
369
577
512
571
460
662
256
578
3353
1492
1043
350
2058
533
1422
859
196
382
421
429
359

167
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177

23
40

137
108
132
117
150
119
68

163
31
146
50
67
118
25
75
134
116
139
178
174
83
84

88

67

59
178
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13

44

42

49
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29
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Beacon Heights
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Asgard Range
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Olympus Range

Shapeless Mountain

160.920
160.916
160.991
161.029
161.036
160.959
160.896
160.903
160.821
160.544
160.576
160.616
160.584
160.550
160.535
161.037
160.988
160.733
160.806
161.044
160.569
160.590
160.960
160.970
161.118
160.940
160.957
160.671
160.712
160.083
160.298
160.269
160.278
160.159
160.133
160.084
160.338
160.323
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160.333
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160.457

77.869
77.867
77.846
77.833
77.832
77.860
77.899
77.901
77.928
77.834
77.784
77.789
77.794
77.793
77.798
77.644
77.587
77.582
77.585
77.640
77.765
77.761
77.820
77.819
76.977
76.898
76.901
77.927
77.787
77.186
77.202
77.184
77.203
77.214
77.186
77.185
77.192
77.189
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77.485
77.409

160.923
160.923
161.018
161.036
161.057
160.970
160.922
160.928
160.817
160.568
160.635
160.611
160.550
160.564
160.582
161.092
160.989
160.794
160.819
161.140
160.610
160.615
160.964
160.964
161.140
160.949
160.973
160.706
160.678
160.098
160.304
160.271
160.283
160.149
160.114
160.099
160.326
160.339
160.330
160.333
161.552
160.438

77.868
77.864
77.842
77.841
77.835
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77.899
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77.932
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77.627
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77.188
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648
738
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470
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1167
2273
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1510
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1066
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618
711
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287
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1187
365
637
195
280
362
485
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321
415
227
339
735
474
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11
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140
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32
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28
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168
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40
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176
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Shapeless Mountain
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Olympus Range
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Asgard Range
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Beacon Heights
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160.449
160.434
160.446
161.429
161.430
161.533
161.424
161.602
160.613
161.039
161.461
161.297
161.222
161.157
161.285
161.273
161.233
161.268
160.936
161.337
160.984
161.015
161.144
161.418
161.459
161.462
161.444
161.447
161.430
161.402
161.442
161.315
161.311
161.327
161.150
160.839
161.155
161.177
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161.142
161.140
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77.409
77.405
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77.487
77.487
77.466
77.485
77.489
77.471
77.473
77.467
77.505
77.469
77.619
77.480
77.481
77.487
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77.515
77.476
77.500
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77.650
77.588
77.585
77.591
77.599
77.594
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77.603
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77.602
77.607
77.587
77.650
77.808
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77.633
77.636
77.610
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160.488
160.460
161.418
161.420
161.518
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161.614
160.637
160.985
161.413
161.298
161.232
161.154
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161.341
161.249
161.264
160.930
161.317
160.963
160.983
161.153
161.506
161.463
161.472
161.425
161.449
161.413
161.409
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161.313
161.311
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160.841
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161.177
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77.465
71.473
77.498
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77.649
77.592
77.590
77.596
77.600
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77.608
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77.604
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77.596
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77.643
77.634
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77.625
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793
264
2160
599
606
448
643
404
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238
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1023
89
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1804
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51
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24
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47
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161.134
161.146
161.130
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161.089
161.069
161.208
161.185
161.133
161.266
161.264
161.263
161.031
161.937
161.934
161.912
161.900
161.932
161.932
161.929
161.922
162.055
162.057
161.971
161.993
162.014
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77.596
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77.589
77.602
77.598
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77.605
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77.914
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77.847
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161.035
161.934
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161.908
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162.039
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162.030
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162.033
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243
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312
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1909
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281
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1679
1067
828
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3089
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76.645
76.654
76.662
77.624
77.625
77.611
77.608
77.605

77.890
76.627
76.631

915
143
568
305
277
423
674
1279
109
970
993
485
241
971
1188
979
488
920
406
402
289
807
600
1094
108
270
323
205
120
228
213
853
219
408
342
419
350
338
287

3788
499
365

2
46
27
37
31
43
39
96

176
10
11

52
137
129
141
161
171
173
14
14
176
100
154
159
64
82
38
46
41
137
76
74
167
73
67
146
88

72
168
30
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Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth
Google Earth

Google Earth
Airoldi et al. (2012)
Airoldi et al. (2012)
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263 Allan Hills 159.839 76.624 159.855 76.636 1494 159 Airoldi et al. (2012)
264 Allan Hills 159.871 76.640 159.854 76.638 487 109 Airoldi et al. (2012)
265 Allan Hills 159.823 76.661 159.827 76.665 476 160 Airoldi et al. (2012)
266 Allan Hills 159.817 76.667 159.816 76.669 325 2 Airoldi et al. (2012)
267 Allan Hills 159.803 76.668 159.811 76.673 670 154 Airoldi et al. (2012)
268 Allan Hills 159.838 76.671 159.818 76.667 691 124 Airoldi et al. (2012)
269 Allan Hills 159.814 76.672 159.847 76.676 1062 111 Airoldi et al. (2012)
270 Allan Hills 159.847 76.672 159.857 76.671 293 70 Airoldi et al. (2012)
271 Allan Hills 159.844 76.675 159.853 76.675 348 92 Airoldi et al. (2012)
272 Allan Hills 159.919 76.674 159.896 76.672 667 102 Airoldi et al. (2012)
273 Allan Hills 159.906 76.677 159.925 76.674 614 50 Airoldi et al. (2012)
274 Allan Hills 159.906 76.677 159.888 76.684 986 25 Airoldi et al. (2012)
275 Allan Hills 159.885 76.678 159.893 76.681 387 139 Airoldi et al. (2012)
276 Allan Hills 159.791 76.672 159.797 76.675 349 150 Airoldi et al. (2012)
277 Allan Hills 159.815 76.683 159.793 76.673 1182 147 Airoldi et al. (2012)
278 Allan Hills 159.818 76.681 159.803 76.678 495 126 Airoldi et al. (2012)
279 Allan Hills 159.808 76.679 159.789 76.673 834 138 Airoldi et al. (2012)
280 Allan Hills 159.813 76.682 159.787 76.674 1074 135 Airoldi et al. (2012)
281 Allan Hills 159.808 76.686 159.791 76.682 602 129 Airoldi et al. (2012)
282 Allan Hills 159.802 76.684 159.799 76.680 378 164 Airoldi et al. (2012)
283 Allan Hills 159.793 76.679 159.791 76.678 112 151 Airoldi et al. (2012)
284 Allan Hills 159.798 76.680 159.786 76.675 695 147 Airoldi et al. (2012)
285 Allan Hills 159.793 76.680 159.785 76.675 547 151 Airoldi et al. (2012)
286 Allan Hills 159.795 76.682 159.785 76.676 735 154 Airoldi et al. (2012)
287 Allan Hills 159.796 76.682 159.788 76.679 397 142 Airoldi et al. (2012)
288 Allan Hills 159.794 76.684 159.789 76.681 409 156 Airoldi et al. (2012)
289 Allan Hills 159.785 76.678 159.782 76.677 225 156 Airoldi et al. (2012)
290 Allan Hills 159.786 76.681 159.778 76.677 493 148 Airoldi et al. (2012)
291 Allan Hills 159.778 76.678 159.777 76.677 98 174 Airoldi et al. (2012)
292 Allan Hills 159.792 76.687 159.791 76.682 557 173 Airoldi et al. (2012)
293 Allan Hills 159.788 76.687 159.784 76.681 676 165 Airoldi et al. (2012)
294 Allan Hills 159.786 76.686 159.769 76.678 1089 150 Airoldi et al. (2012)
295 Allan Hills 159.784 76.686 159.784 76.685 138 176 Airoldi et al. (2012)
296 Allan Hills 159.784 76.687 159.774 76.682 629 151 Airoldi et al. (2012)
297 Allan Hills 159.772 76.681 159.766 76.678 364 150 Airoldi et al. (2012)
298 Allan Hills 159.765 76.678 159.769 76.679 134 129 Airoldi et al. (2012)
299 Allan Hills 159.768 76.681 159.758 76.679 353 125 Airoldi et al. (2012)
300 Allan Hills 159.779 76.688 159.775 76.685 346 154 Airoldi et al. (2012)
301 Allan Hills 159.768 76.684 159.750 76.680 646 127 Airoldi et al. (2012)
302 Allan Hills 159.763 76.682 159.747 76.683 415 79 Airoldi et al. (2012)
303 Allan Hills 159.764 76.684 159.760 76.682 224 149 Airoldi et al. (2012)

304 Allan Hills 159.765 76.685 159.760 76.685 150 103 Airoldi et al. (2012)
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305 Allan Hills 159.880 76.694 159.873 76.697 329 29 Airoldi et al. (2012)
306 Allan Hills 159.837 76.707 159.825 76.705 413 122 Airoldi et al. (2012)
307 Allan Hills 159.799 76.708 159.798 76.698 1092 174 Airoldi et al. (2012)
308 Allan Hills 159.800 76.702 159.797 76.698 487 164 Airoldi et al. (2012)
309 Allan Hills 159.799 76.698 159.797 76.693 525 170 Airoldi et al. (2012)
310 Allan Hills 159.811 76.701 159.840 76.697 870 57 Airoldi et al. (2012)
311 Allan Hills 159.803 76.698 159.806 76.703 667 166 Airoldi et al. (2012)
312 Allan Hills 159.772 76.709 159.781 76.702 970 10 Airoldi et al. (2012)
313 Allan Hills 159.782 76.688 159.788 76.699 1280 168 Airoldi et al. (2012)
314 Allan Hills 159.789 76.698 159.787 76.700 226 7 Airoldi et al. (2012)
315 Allan Hills 159.786 76.698 159.784 76.698 115 27 Airoldi et al. (2012)
316 Allan Hills 159.785 76.696 159.772 76.698 419 50 Airoldi et al. (2012)
317 Allan Hills 159.781 76.695 159.771 76.703 1026 10 Airoldi et al. (2012)
318 Allan Hills 159.770 76.702 159.779 76.702 237 88 Airoldi et al. (2012)
319 Allan Hills 159.764 76.703 159.764 76.695 981 175 Airoldi et al. (2012)
320 Allan Hills 159.753 76.699 159.751 76.692 759 170 Airoldi et al. (2012)
321 Allan Hills 159.782 76.695 159.751 76.692 875 107 Airoldi et al. (2012)
322 Allan Hills 159.776 76.699 159.758 76.691 1034 147 Airoldi et al. (2012)
323 Allan Hills 159.759 76.699 159.756 76.691 831 169 Airoldi et al. (2012)
324 Allan Hills 159.749 76.706 159.746 76.690 1789 172 Airoldi et al. (2012)
325 Allan Hills 159.748 76.691 159.747 76.688 286 165 Airoldi et al. (2012)
326 Allan Hills 159.747 76.692 159.745 76.690 224 162 Airoldi et al. (2012)
327 Allan Hills 159.760 76.688 159.757 76.687 213 147 Airoldi et al. (2012)
328 Allan Hills 159.764 76.689 159.748 76.684 810 142 Airoldi et al. (2012)
329 Allan Hills 159.758 76.689 159.747 76.684 611 146 Airoldi et al. (2012)
330 Allan Hills 159.742 76.690 159.747 76.683 739 4 Airoldi et al. (2012)
331 Allan Hills 159.800 76.715 159.780 76.719 751 39 Airoldi et al. (2012)
332 Allan Hills 159.785 76.715 159.773 76.716 368 61 Airoldi et al. (2012)
333 Allan Hills 159.771 76.717 159.782 76.713 525 28 Airoldi et al. (2012)
334 Allan Hills 159.727 76.715 159.707 76.713 553 109 Airoldi et al. (2012)
335 Allan Hills 159.717 76.723 159.707 76.723 249 81 Airoldi et al. (2012)
336 Allan Hills 159.679 76.720 159.605 76.715 2003 99 Airoldi et al. (2012)
337 Allan Hills 159.567 76.713 159.570 76.707 677 2 Airoldi et al. (2012)
338 Allan Hills 159.616 76.738 159.564 76.733 1518 109 Airoldi et al. (2012)
339 Allan Hills 159.595 76.737 159.561 76.747 1614 31 Airoldi et al. (2012)
340 Allan Hills 159.798 76.739 159.725 76.738 1955 88 Airoldi et al. (2012)
341 Allan Hills 159.751 76.729 159.746 76.730 233 30 Airoldi et al. (2012)
342 Allan Hills 159.726 76.723 159.720 76.726 349 21 Airoldi et al. (2012)
343 Allan Hills 159.714 76.728 159.729 76.727 390 71 Airoldi et al. (2012)
344 Allan Hills 159.621 76.666 159.608 76.663 452 129 Airoldi et al. (2012)
345 Allan Hills 159.613 76.666 159.609 76.665 200 149 Airoldi et al. (2012)

346 Allan Hills 159.608 76.667 159.600 76.661 747 158 Airoldi et al. (2012)
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Airoldi et al. (2012)
Airoldi et al. (2012)
Airoldi et al. (2012)
Airoldi et al. (2012)
Airoldi et al. (2012)
Airoldi et al. (2012)
Airoldi et al. (2012)

Airoldi (2011)
Airoldi (2011)
Airoldi (2011)

Airoldi (2011)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Muirhead et al.
(2012)

Morisson (1989)
Muirhead et al.
(2012)
Morisson (1989)
Muirhead et al.
(2012)
Morisson (1989)
Morisson (1989)
Morisson (1989)
Morisson (1989)

Muirhead et al.
(2012)
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Terra Cotta Not Not Not Not Not 65 Muirhead et al.
376 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 66 Muirhead et al.
377 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 66 Muirhead et al.
378 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not 67
379 Mountain specified specified specified specified 1114 Morisson (1989)
Terra Cotta Not Not Not Not 67
380 Mountain specified specified specified specified 1099 Morisson (1989)
Terra Cotta Not Not Not Not Not 67 Muirhead et al.
381 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 69 Muirhead et al.
382 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 70 Muirhead et al.
383 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 77 Muirhead et al.
384 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 84 Muirhead et al.
385 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 91 Muirhead et al.
386 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 9 Muirhead et al.
387 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 102 Muirhead et al.
388 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 108 Muirhead et al.
389 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 148 Muirhead et al.
390 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 150 Muirhead et al.
391 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 150 Muirhead et al.
392 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 150 Muirhead et al.
393 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 154 Muirhead et al.
394 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 156 Muirhead et al.
395 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 158 Muirhead et al.
396 Mountain specified specified specified specified  specified (2012)
Terra Cotta Not Not Not Not Not 173 Muirhead et al.
397 Mountain specified specified specified specified  specitied (2012)
Terra Cotta Not Not Not Not Not 175 Muirhead et al.
398 Mountain specified specified specified specified  specitied (2012)
Not Not Not Not
399 Shapeless Mtn specified specified specified specified 40 159 Korsch (1984)
Not Not Not Not
400 Shapeless Mtn specified specified specified specified 1000 103 Korsch (1984)
401 Coombs Hills 159.941 76.755 159.926 76.757 433 56 Guegan (2006)

402 Coombs Hills 159.956 76.754 159.952 76.755 297 24 Guegan (2006)
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Coombs Hills
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159.928
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159.947
159.958
159.964
159.970
159.851
159.973
159.973
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159.974
159.976
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159.967
159.988
159.990
159.989
159.970
160.035
159.954
159.912
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159.840
159.832
159.831
159.792
159.801
159.790
159.788
159.834
159.817
159.808
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111
89
228
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209
55
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99
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230
70
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114
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241
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414
425
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213
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98
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57
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13
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106
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Guegan (2006)
Guegan (2006)
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445 Coombs Hills 159.815 76.779 159.817 76.780 67 139 Guegan (2006)
446 Coombs Hills 159.823 76.779 159.823 76.780 163 1 Guegan (2006)
447 Coombs Hills 159.822 76.780 159.820 76.781 68 34 Guegan (2006)
448 Coombs Hills 159.829 76.780 159.821 76.781 280 47 Guegan (2006)
449 Coombs Hills 159.830 76.780 159.829 76.781 181 180 Guegan (2006)
450 Coombs Hills 159.846 76.774 159.849 76.774 124 135 Guegan (2006)
451 Coombs Hills 159.847 76.773 159.847 76.774 81 176 Guegan (2006)
452 Coombs Hills 159.850 76.775 159.851 76.775 67 145 Guegan (2006)
453 Coombs Hills 159.879 76.774 159.880 76.774 79 140 Guegan (2006)
454 Coombs Hills 159.977 76.769 159.981 76.770 153 136 Guegan (2006)
455 Coombs Hills 159.979 76.770 159.983 76.771 166 136 Guegan (2006)
456 Coombs Hills 159.983 76.771 159.986 76.772 122 133 Guegan (2006)
457 Coombs Hills 159.989 76.772 159.991 76.773 52 136 Guegan (2006)
458 Coombs Hills 159.950 76.773 159.954 76.775 217 152 Guegan (2006)
459 Coombs Hills 160.034 76.773 160.042 76.776 465 150 Guegan (2006)
460 Coombs Hills 160.045 76.776 160.044 76.7178 209 5 Guegan (2006)
461 Coombs Hills 160.041 76.776 160.037 76.779 348 13 Guegan (2006)
462 Coombs Hills 160.040 76.781 160.037 76.780 133 132 Guegan (2006)
463 Coombs Hills 160.021 76.775 160.026 76.777 239 142 Guegan (2006)
464 Coombs Hills 160.026 76.777 160.024 76.778 125 26 Guegan (2006)
465 Coombs Hills 160.020 76.776 160.021 76.777 133 154 Guegan (2006)
466 Coombs Hills 160.022 76.777 160.020 76.777 56 60 Guegan (2006)
467 Coombs Hills 160.019 76.777 160.010 76.777 218 83 Guegan (2006)
468 Coombs Hills 160.013 76.778 160.005 76.777 236 117 Guegan (2006)
469 Coombs Hills 160.023 76.778 160.019 76.779 133 37 Guegan (2006)
470 Coombs Hills 160.029 76.778 160.026 76.779 185 14 Guegan (2006)
471 Coombs Hills 160.022 76.779 160.024 76.779 65 137 Guegan (2006)
472 Coombs Hills 160.023 76.779 160.024 76.780 75 158 Guegan (2006)
473 Coombs Hills 160.024 76.780 160.030 76.780 160 98 Guegan (2006)
474 Coombs Hills 160.017 76.779 160.016 76.780 137 3 Guegan (2006)
475 Coombs Hills 160.019 76.780 160.019 76.780 66 175 Guegan (2006)
476 Coombs Hills 160.033 76.781 160.030 76.781 92 44 Guegan (2006)
477 Coombs Hills 160.030 76.782 160.030 76.783 79 163 Guegan (2006)
478 Coombs Hills 160.032 76.783 160.040 76.783 213 89 Guegan (2006)
479 Coombs Hills 160.037 76.784 160.046 76.784 227 83 Guegan (2006)
480 Coombs Hills 160.012 76.781 160.015 76.781 92 133 Guegan (2006)
481 Coombs Hills 160.010 76.781 160.012 76.782 72 133 Guegan (2006)
482 Coombs Hills 160.008 76.781 160.004 76.782 168 40 Guegan (2006)
483 Coombs Hills 160.012 76.781 160.014 76.781 85 136 Guegan (2006)
484 Coombs Hills 160.011 76.781 160.013 76.781 75 130 Guegan (2006)
485 Coombs Hills 159.997 76.776 159.999 76.777 76 135 Guegan (2006)

486 Coombs Hills 160.004 76.777 159.997 76.779 317 33 Guegan (2006)
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159.993
159.976
159.949
159.949
160.061
160.053
160.007
160.018
160.012
159.995
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160.047
160.044
160.034
160.019
160.022
160.028

76.780
76.779
76.780
76.780
76.784
76.785
76.783
76.784
76.784
76.785
76.785
76.786
76.786
76.787
76.787
76.789
76.788
76.790
76.790
76.791
76.792
76.792
76.791
76.789
76.791
76.792
76.792
76.791
76.791
76.793
76.784
76.785
76.787
76.790
76.790
76.790
76.793
76.793
76.789
76.805
76.806
76.807

159.994
159.980
159.953
159.952
160.055
160.020
160.011
160.013
160.003
159.995
159.981
159.982
159.984
159.986
159.975
159.974
159.975
159.978
159.981
159.982
159.978
159.976
159.970
159.965
159.960
159.969
159.967
159.964
159.963
159.963
159.941
159.937
159.939
159.951
160.048
160.039
160.044
160.044
160.020
160.022
160.026
160.001

76.780
76.779
76.780
76.781
76.785
76.784
76.784
76.784
76.785
76.786
76.785
76.786
76.786
76.789
76.787
76.788
76.789
76.791
76.791
76.792
76.793
76.794
76.791
76.789
76.791
76.792
76.792
76.792
76.792
76.794
76.785
76.785
76.788
76.792
76.792
76.791
76.794
76.794
76.805
76.806
76.808
76.803

36
110
122
79
166
876
105
144
298
94
60
90
92
277
263
68
96
80
176
108
90
230
34
77
65
107
50
82
60
90
155
78
101
201
149
196
97
48
1897
125
278
847

135
108
112
111
70
91
100
97
53
173
81
73
76
16
110
124
132
134
159
143
18
16
118
113
112
118
115
160
141
150
13
122
145
159
167
52
58
177

138
151
119
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Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
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542
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544
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548
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553
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557
558
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561
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564
565
566
567
568
569
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Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
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Coombs Hills
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Coombs Hills
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Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills

160.020
160.015
160.009
160.006
160.039
160.040
160.042
160.040
160.025
160.023
159.998
159.997
160.002
160.014
160.017
160.003
160.012
160.013
160.018
159.971
159.974
159.970
159.965
159.965
159.965
159.966
159.958
159.969
159.958
159.956
159.948
159.936
159.942
159.952
159.968
159.952
159.903
159.916
159.920
159.921
159.919
159.939

76.805
76.804
76.804
76.804
76.807
76.808
76.802
76.801
76.799
76.800
76.799
76.801
76.801
76.797
76.793
76.795
76.794
76.795
76.794
76.797
76.796
76.796
76.798
76.797
76.796
76.796
76.796
76.799
76.800
76.799
76.800
76.799
76.798
76.801
76.803
76.805
76.805
76.806
76.804
76.808
76.810
76.808

160.012
160.012
160.008
160.005
160.041
160.035
160.039
160.024
160.023
160.012
159.995
159.995
160.003
160.011
160.018
160.008
160.012
160.018
160.023
159.969
159.970
159.967
159.966
159.962
159.966
159.967
159.963
159.967
159.968
159.956
159.935
159.940
159.944
159.954
159.956
159.954
159.902
159.914
159.918
159.925
159.917
159.936

76.804
76.805
76.806
76.805
76.809
76.809
76.801
76.800
76.799
76.799
76.802
76.802
76.800
76.797
76.794
76.795
76.795
76.795
76.794
76.799
76.796
76.798
76.797
76.796
76.197
76.797
76.797
76.801
76.800
76.801
76.800
76.800
76.799
76.802
76.804
76.806
76.806
76.807
76.806
76.808
76.811
76.810

200
69
133
106
257
148
108
495
47
296
297
124
169
65
106
114
67
127
119
204
103
226
193
142
67
44
202
173
248
158
346
142
104
190
379
176
152
93
239
87
74
160

102
55

164
58
118
113
89
109
11
17

84
174
73
174
79
84

84
13

139
144
143
136
12
93
172
100
141
135
158
57
157
11
33

82
38
24
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Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
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Guegan (2006)
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Guegan (2006)
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Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
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571 Coombs Hills 159.939 76.809 159.941 76.809 62 125 Guegan (2006)
572 Coombs Hills 159.943 76.809 159.937 76.810 203 48 Guegan (2006)
573 Coombs Hills 159.953 76.807 159.953 76.808 184 174 Guegan (2006)
574 Coombs Hills 159.958 76.807 159.970 76.806 352 64 Guegan (2006)
575 Coombs Hills 159.964 76.807 159.955 76.810 388 31 Guegan (2006)
576 Coombs Hills 159.955 76.808 159.950 76.810 213 33 Guegan (2006)
577 Coombs Hills 159.928 76.812 159.932 76.812 95 88 Guegan (2006)
578 Coombs Hills 159.928 76.812 159.933 76.813 123 101 Guegan (2006)
579 Coombs Hills 159.958 76.808 159.954 76.810 178 31 Guegan (2006)
580 Coombs Hills 159.953 76.809 159.956 76.812 305 163 Guegan (2006)
581 Coombs Hills 159.956 76.810 159.955 76.811 75 29 Guegan (2006)
582 Coombs Hills 159.950 76.813 159.957 76.813 182 70 Guegan (2006)
583 Coombs Hills 159.957 76.812 159.961 76.815 366 157 Guegan (2006)
584 Coombs Hills 159.955 76.815 159.953 76.815 62 62 Guegan (2006)
585 Coombs Hills 159.959 76.809 159.960 76.811 191 169 Guegan (2006)
586 Coombs Hills 159.959 76.811 159.959 76.811 72 7 Guegan (2006)
587 Coombs Hills 159.989 76.805 159.991 76.808 350 169 Guegan (2006)
588 Coombs Hills 159.991 76.812 159.999 76.811 231 63 Guegan (2006)
589 Coombs Hills 160.003 76.809 160.001 76.810 98 27 Guegan (2006)
590 Coombs Hills 160.001 76.810 160.009 76.809 269 44 Guegan (2006)
591 Coombs Hills 160.009 76.810 160.015 76.809 201 56 Guegan (2006)
592 Coombs Hills 159.805 76.797 159.817 76.799 394 120 Guegan (2006)
593 Coombs Hills 159.823 76.800 159.831 76.802 253 120 Guegan (2006)
594 Coombs Hills 159.833 76.800 159.833 76.803 382 174 Guegan (2006)
595 Coombs Hills 159.841 76.794 159.843 76.795 88 128 Guegan (2006)
596 Coombs Hills 159.844 76.794 159.844 76.795 100 165 Guegan (2006)
597 Coombs Hills 159.844 76.795 159.847 76.795 111 121 Guegan (2006)
598 Coombs Hills 159.878 76.800 159.879 76.799 35 36 Guegan (2006)
599 Coombs Hills 159.883 76.798 159.882 76.799 64 27 Guegan (2006)
600 Coombs Hills 159.881 76.798 159.881 76.799 46 0 Guegan (2006)
601 Coombs Hills 159.881 76.797 159.880 76.197 50 72 Guegan (2006)
602 Coombs Hills 159.872 76.794 159.871 76.793 51 141 Guegan (2006)
603 Coombs Hills 159.873 76.793 159.871 76.793 89 131 Guegan (2006)
604 Coombs Hills 159.877 76.793 159.875 76.792 61 127 Guegan (2006)
605 Coombs Hills 159.881 76.791 159.875 76.789 277 142 Guegan (2006)
606 Coombs Hills 159.882 76.790 159.883 76.789 63 9 Guegan (2006)
607 Coombs Hills 159.890 76.789 159.884 76.789 166 102 Guegan (2006)
608 Coombs Hills 159.882 76.788 159.879 76.788 109 128 Guegan (2006)
609 Coombs Hills 159.890 76.788 159.882 76.787 241 101 Guegan (2006)
610 Coombs Hills 159.886 76.787 159.881 76.785 246 138 Guegan (2006)
611 Coombs Hills 159.887 76.785 159.884 76.786 89 43 Guegan (2006)

612 Coombs Hills 159.869 76.785 159.861 76.784 240 108 Guegan (2006)
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Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
Coombs Hills
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Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
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Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming
Mt Fleming

159.882
159.877
159.874
159.880
159.885
159.887
159.888
159.888
159.851
159.847
159.848
159.844
159.794
159.781
159.793
159.798
160.019
160.116
160.105
160.145
160.263
160.238
160.218
160.261
160.309
160.285
160.310
160.289
160.262
160.264
160.268
160.245

76.784
76.784
76.784
76.781
76.781
76.782
76.780
76.779
76.787
76.784
76.785
76.784
76.786
76.787
76.787
76.786
77.568
77.557
77.554
77.553
77.528
77.542
77.544
77.545
77.545
77.553
77.557
77.561
77.554
77.556
77.556
77.562

159.879
159.875
159.873
159.883
159.886
159.888
159.889
159.891
159.846
159.852
159.840
159.839
159.789
159.778
159.791
159.809
160.023
160.118
160.114
160.166
160.248
160.251
160.244
160.260
160.306
160.292
160.315
160.299
160.284
160.272
160.289
160.276

76.784
76.784
76.784
76.781
76.782
76.782
76.780
76.780
76.784
76.786
76.785
76.784
76.787
76.787
76.787
76.785
71.573
77.559
77.551
77.551
77.531
77.548
77.549
77.547
77.550
77.557
77.560
77.563
77.560
77.559
77.566
77.565

81
48
49
69
31
27
43
77
430
342
214
139
171
86
56
286
592
232
356
552
479
698
870
270
556
503
410
315
897
389
1184
851

93
116
131
105
114
130
112
112
156
150
62
80
40
137
119
66
166
162
33
66
44
148
128
180

155
157
127
140
143
150
113
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Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Guegan (2006)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
Pyne (1984)
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Table D2. Field measurements of dike attitudes from Allan Hills, Terra Cotta Mountain and
Mt Kuipers (South Victoria Land).

Location Strike Dip Sense Reference
Allan Hills (Set A) 138 60 S Muirhead et al. (2012)
Allan Hills (Set A) 112 52 S Muirhead et al. (2012)
Allan Hills (Set A) 90 17 N Muirhead et al. (2012)
Allan Hills (Set A) 6 14 E Muirhead et al. (2012)
Allan Hills (Set A) 155 34 S Muirhead et al. (2012)
Allan Hills (Set A) 140 68 S Muirhead et al. (2012)
Allan Hills (Set A) 130 78 S Muirhead et al. (2012)
Allan Hills (Set A) 148 78 S Muirhead et al. (2012)
Allan Hills (Set A) 136 78 S Muirhead et al. (2012)
Allan Hills (Set A) 113 80 S Muirhead et al. (2012)
Allan Hills (Set A) 120 21 S Muirhead et al. (2012)
Allan Hills (Set A) 139 40 S Muirhead et al. (2012)
Allan Hills (Set A) 151 39 S Muirhead et al. (2012)
Allan Hills (Set A) 165 30 S Muirhead et al. (2012)
Allan Hills (Set A) 151 31 W Muirhead et al. (2012)
Allan Hills (Set A) 153 40 w Muirhead et al. (2012)
Allan Hills (Set A) 146 38 w Muirhead et al. (2012)
Allan Hills (Set A) 155 28 w Muirhead et al. (2012)
Allan Hills (Set A) 160 30 w Muirhead et al. (2012)
Allan Hills (Set A) 162 50 w Muirhead et al. (2012)
Allan Hills (Set A) 149 34 W Muirhead et al. (2012)
Allan Hills (Set A) 141 52 W Muirhead et al. (2012)
Allan Hills (Set A) 146 48 W Muirhead et al. (2012)
Allan Hills (Set A) 122 44 W Muirhead et al. (2012)
Allan Hills (Set A) 136 42 W Muirhead et al. (2012)
Allan Hills (Set A) 126 44 W Muirhead et al. (2012)
Allan Hills (Set A) 112 50 w Muirhead et al. (2012)
Allan Hills (Set A) 124 45 w Muirhead et al. (2012)
Allan Hills (Set A) 142 45 w Muirhead et al. (2012)
Allan Hills (Set A) 140 48 w Muirhead et al. (2012)
Allan Hills (Set A) 140 48 w Muirhead et al. (2012)
Allan Hills (Set A) 146 40 w Muirhead et al. (2012)
Allan Hills (Set A) 105 40 W Muirhead et al. (2012)
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163
21
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42
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Table D3. Width measurements of dike segments from Allan Hills, Coombs Hills, Terra Cotta
Mountain, and Mt Kuipers (South Victoria Land).

Segment

width (m) Area Location Reference

0.15 Allan Hills North East Arm Airoldi et al. (2011)
0.17 Allan Hills North East Arm Airoldi et al. (2011)
0.3 Allan Hills North East Arm Airoldi et al. (2011)
0.3 Allan Hills North East Arm Airoldi et al. (2011)
0.3 Allan Hills North East Arm Airoldi et al. (2011)
0.33 Allan Hills North East Arm Airoldi et al. (2011)
0.41 Allan Hills North East Arm Airoldi et al. (2011)
0.47 Allan Hills North East Arm Airoldi et al. (2011)
0.5 Allan Hills North East Arm Airoldi et al. (2011)
0.5 Allan Hills North East Arm Airoldi et al. (2011)
0.51 Allan Hills North East Arm Airoldi et al. (2011)
0.55 Allan Hills North East Arm Airoldi et al. (2011)
0.57 Allan Hills North East Arm Airoldi et al. (2011)
0.59 Allan Hills North East Arm Airoldi et al. (2011)
0.6 Allan Hills North East Arm Airoldi et al. (2011)
0.65 Allan Hills North East Arm Airoldi et al. (2011)
0.7 Allan Hills North East Arm Airoldi et al. (2011)
0.7 Allan Hills North East Arm Airoldi et al. (2011)
0.73 Allan Hills North East Arm Airoldi et al. (2011)
0.75 Allan Hills North East Arm Airoldi et al. (2011)
0.75 Allan Hills North East Arm Airoldi et al. (2011)
0.75 Allan Hills North East Arm Airoldi et al. (2011)
0.8 Allan Hills North East Arm Airoldi et al. (2011)
0.8 Allan Hills North East Arm Airoldi et al. (2011)
0.86 Allan Hills North East Arm Airoldi et al. (2011)
0.86 Allan Hills North East Arm Airoldi et al. (2011)
0.9 Allan Hills North East Arm Airoldi et al. (2011)
0.9 Allan Hills North East Arm Airoldi et al. (2011)
1 Allan Hills North East Arm Airoldi et al. (2011)

1 Allan Hills North East Arm Airoldi et al. (2011)

1 Allan Hills North East Arm Airoldi et al. (2011)
1.08 Allan Hills North East Arm Airoldi et al. (2011)
1.1 Allan Hills North East Arm Airoldi et al. (2011)
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Table D4. Total exposure area of Beacon Supergroup and Mawson Formation rocks in the
study area.

Area of Beacon-Mawson Fm

Region (km?) Map references
Beacon Heights 91.0 McElroy and Rose (1987)
Knobhead-Terra Cotta Mt. 17.5 Woolfe et al. (1989)
Thundergut Area 494 Allibone et al. (1991)
Bull Pass 6.1 Turnbull et al. (1995)
Olympus Range Area 165.6 Isaac et al. (1996)
Convoy Range 30.3 Pocknall et al. (1992)
Coombs Hills 45.0 Ross et al. (2008)
Allan Hills 53.5 Ross et al. (2008), Grapes et al. (1974)

Total 458.4
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APPENDIX E

Supplementary data for Chapter 7

Data used in this study can be accessed in the accompanying CD-ROM.

Summary of content:

Data tables in Appendix E summarize field and remoting sensing data collected from the Hopi

Buttes in this study.

Table E1. Summary of data collected from remote sensing analyses of south Hopi Buttes
using Google Earth. Included are the locations massifs and diatremes and their subsequent 3-

point alignments, and the locations, dimensions, and trends of dikes and sills.

Table E2. Summary of field data collected in south Hopi Buttes. Included are the location of
thickness and strike and dip measurements of dikes, joints and transgressive sills. Also

included are field measurements collected by Re et al. (2015).
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